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ABSTRACT

High nutrient, low chlorophyll (HNLC) regions, where the availability of iron

(Fe) limits primary production, comprise approximately 40% of the global ocean.

Variability in Fe supply to these regions has the potential to impact Earth’s climate

by affecting the efficiency of the biological carbon pump, and thereby carbon dioxide

uptake by the oceans. Characterizing Fe sources to HNLC regions is thus crucial

for a better understanding of the connections and feedbacks between the ocean and

climate change.

This work addresses the question of Fe supply to two HNLC regions: the Southern

Ocean and the subarctic northeast (NE) Pacific Ocean. In both regions, dissolved Fe

(dFe) and the reduced form of iron, Fe(II), were measured in the water column. In
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the Southern Ocean, measurements were undertaken under the seasonal pack ice in

the East Antarctic south of Australia. The results indicate that the sea ice represents

a significant dFe source for the under-ice water column in spring, and that the Fe

delivered from brine drainage and sea ice-melt likely contributes to the formation of

the spring bloom at the ice edge. Shelf sediments were also found to supply dFe

to the water column. Their effect was most pronounced near the shelf break and

at depth, but offshore transport of Fe-enriched waters was also implicated. Fe(II)

concentrations in spring were very low, most likely due to a lack of electron donors

in the water column and limited solar radiation underneath the sea ice.

Repeat measurements along a transect in the subarctic NE Pacific indicate that

shelf sediments supply dFe and Fe(II) at depth, but their influence does not appear

to extend offshore beyond several hundred kilometres. Episodic events such as the

passage of sub-mesoscale eddies may transport subsurface waters a limited distance

from the shelf break, supplying Fe(II) in a depth range where upwelling and deep

mixing could bring it to the surface. Offshore, dFe shows little variability except

in June 2012, where an aerosol deposition event is suspected to have increased dFe

concentrations at depth. Fe(II) concentrations offshore are generally low, but show

transient maxima at depth that likely result from remineralization processes in the

oxygen deficient zone that stretches from ∼600 to 1400 m depth in the subarctic NE

Pacific. Elevated Fe(II) concentrations at depth were also observed in conjunction

with the aerosol deposition event, which might indicate Fe(II) production associated

with settling particles. However, the aerosol deposition event, which most likely

stemmed from forest fires in Siberia, did not appear to trigger a phytoplankton bloom

in surface waters, possibly due to a lack of Fe fertilization from the deposited material,

or due to toxic effects on the resident phytoplankton community.

Dust deposition from the atmosphere is considered a major Fe supply mechanism

to remote HNLC regions, but the factors affecting Fe solubility of dust are poorly

constrained. A laboratory experiment was conducted to test whether the presence of

superoxide, a reactive oxygen species, enhances the dissolution of dust from different

geographic source regions. The results indicate that superoxide may promote Fe sol-

ubilization from the dust sources tested, and that the effect of exposure to superoxide

is on par with the Fe solubilizing effect of photochemical reactions. Given the possi-

bility of widespread superoxide production by heterotrophic bacteria at all depths of

the ocean, this finding suggests that significant Fe dissolution of dust particles could

occur throughout the water column, not only in the well-lit surface layer.
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Chapter 1

Introduction

In this chapter, I present background information on iron (Fe) in the ocean, providing

not only a framework but also a motivation for studying this essential micronutrient’s

behaviour in the marine environment. There is particular uncertainty about the

sources and cycling of Fe in the ocean, with implications for the global carbon cycle

on glacial-interglacial timescales. Thie general introduction is followed by a section

where I briefly describe the motivation for the individual chapters of my thesis.

1.1 Iron in the ocean

It is estimated that in about 40% of the world’s oceans, the micronutrient iron (Fe)

is in such low supply that it limits primary productivity (Moore et al., 2002). These

Fe-limited regions are often termed high nutrient, low chlorophyll (HNLC) because

macronutrients are underutilized compared to other oceanic regions where Fe is in

sufficient supply (see Figure 1.1). The low Fe concentrations in HNLC regions result

from both low Fe input and low solubility of the metal. Fe is only sparingly soluble

in oxygenated seawater (Liu and Millero, 2002) and it has a short residence time due

to precipitation reactions and significant scavenging loss onto particle surfaces (Boyd

and Ellwood, 2010).

However, the solubility of Fe in seawater is greatly enhanced by the presence of

organic ligands. More than 99% of the dissolved Fe (dFe) in the oceans is complexed

by organic ligands, raising the solubility of Fe by more than an order of magnitude

(Boye et al., 2001; Gledhill and Buck, 2012; Gledhill and van den Berg, 1994; Kuma

et al., 1996; Rue and Bruland, 1995; Wu and Luther III, 1995). Marine organic
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ligands are still poorly characterized, and their sources likely range from river input

and sedimentary processes to biological production (Gledhill and Buck, 2012). In

regions with high Fe supply, organic ligands are thought to play an important role in

setting the solubility limit for Fe (e.g., Baker and Croot, 2010; Thuróczy et al., 2012).

1.2 Iron and the biological carbon pump

Changes in the supply of iron to the oceans have the potential to affect the global

carbon cycle because they have a direct impact on the ability of phytoplankton to

take up carbon dioxide (CO2). The biological carbon pump is the process whereby

the uptake of CO2 by phytoplankton is followed by the sinking of cells to the ocean

interior, where the fixed CO2 is cut off from communication with the atmosphere for

centuries to millennia (Falkowski et al., 1998; Sunda, 2010). The availability of Fe in

the surface ocean may thus exert a direct control on the Earth’s climate.

This possibility prompted John Martin (1990) to formulate the “iron hypothesis”,

which proposes that increased Fe supply to the Southern Ocean during glacial peri-

ods may have contributed to the ∼80 ppm atmospheric CO2-drawdown recorded in

ice cores. Numerous mesoscale Fe-addition experiments have been conducted since,

confirming that Fe infusions in HNLC regions of the ocean do indeed enhance pri-

mary productivity (e.g., Boyd et al., 2000, 2007; Coale et al., 2004; Smetacek et al.,

2012). While the evidence regarding sustained CO2-drawdown from these experi-

ments remains controversial, studies exploring carbon export resulting from natural

Fe fertilization in the Southern Ocean have found indicators of substantial carbon

sequestration (e.g., Blain et al., 2007; Pollard et al., 2009).

1.3 Iron supply to the ocean

The role of Fe in limiting the biological carbon pump highlights the importance of

understanding the sources of Fe to the ocean, and how they may have varied through

time. The Fe supply to HNLC regions is of particular interest in this respect, as

these areas have the strongest potential to influence the global carbon cycle via the

biological carbon pump (Measures et al., 2012).

The sources of Fe to the ocean are numerous, with river input and shelf sediments

important contributors in coastal waters (Buck et al., 2007; Elrod et al., 2004; Johnson

et al., 1999). Hydrothermal vents also make a substantial Fe contribution, but their
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Figure 1.1: Global map of surface nitrate concentrations in the ocean. HNLC areas
are evident as regions where nitrate concentrations are elevated.

impact on phytoplankton is limited because the Fe input is restricted to the deep ocean

(Tagliabue et al., 2014, 2010). In the open ocean, eolian deposition of terrigenous dust

can play an important role and is the mode of Fe supply that is implicated in the “iron

hypothesis” (Jickells et al., 2005; Martin, 1990; Moore and Braucher, 2008). However,

in the contemporary open ocean, sedimentary sources are estimated to contribute at

least as much Fe to the global ocean inventory as dust input (Moore and Braucher,

2008).

In addition to desert dust, there are other aerosol sources such as forest fires

and volcano eruptions that can supply Fe to the surface ocean (e.g., Guieu, 2005;

Hamme et al., 2010; Ito, 2011). In the northeast subarctic Pacific, wind-mobilized

glacial flour may also have a role to play (Crusius et al., 2011; Schroth et al., 2009).

While deposition of aerosols in the open ocean is not in question, the effect on the

dissolved Fe inventory of the ocean is much less certain. For example, the Fe solubility

estimates for atmospheric dust span several orders of magnitude (Boyd et al., 2010),

and mesocosm studies suggest that the deposition of dust in seawater can in fact

lead to a decrease of dissolved Fe in surface waters through adsorptive scavenging to

particle surfaces (Wagener et al., 2010).

There are additional Fe sources to HNLC regions that operate on different time
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and spatial scales. For example, in the northeast subarctic Pacific, mesoscale eddies

can transport considerable amounts of dissolved and particulate Fe from their coastal

source region to the HNLC open ocean (Brown et al., 2012; Johnson et al., 2005;

Lippiatt et al., 2011; Xiu et al., 2014). Though relatively small in area, i.e. with

diameters no more than ∼200 km, the Fe-fertilizing effect of such mesoscale eddies

may continue for more than a year (Johnson et al., 2005). In the Southern Ocean,

sea ice, icebergs and melting glaciers may provide significant local Fe input (Gerringa

et al., 2012; Lannuzel et al., 2014; Lin et al., 2011; Raiswell et al., 2008; Vancoppenolle

et al., 2013).

1.4 Bioavailability of Fe

Iron can take many different forms in the ocean. In terms of size classes, there are

three phases, conventionally defined as follows (e.g., Cullen et al., 2006; Wu et al.,

2001):

• the particulate phase (>0.4 µm)

• the colloidal phase (<0.4 µm and >0.02 µm)

• the soluble phase (<0.02 µm)

The colloidal and soluble phases are frequently combined, with dissolved Fe (dFe)

operationally defined as either <0.2 µm or <0.4 µm. In this thesis, dFe is defined as

<0.2 µm. The colloidal phase can make up a substantial portion of the dFe pool in

the ocean (Bergquist et al., 2007) and may show behaviour distinct from the soluble

phase. For example, Cullen et al. (2006) found that colloidal Fe may be inert to ligand

exchange with the soluble phase. Both the colloidal and the soluble Fe pool largely

consist of organically bound Fe, but partitioning between the two phases cannot be

fully explained by organic ligand distributions (Cullen et al., 2006).

The bioavailability of the different forms of Fe in the ocean is still being inves-

tigated (Shaked and Lis, 2012). While the dissolved phase is generally assumed to

be the primary pool that phytoplankton tap into, some species may also be able to

access particulate Fe (e.g., Rubin et al., 2011). In the dissolved fraction, colloidal Fe

may be less bioavailable than the soluble phase (e.g., Chen and Wang, 2001), and

organically bound Fe is less accessible than inorganic Fe (Lis et al., 2014; Maldonado

and Price, 1999; Maldonado et al., 2005).
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The most bioavailable species of Fe in the ocean is assumed to be the reduced form

of Fe, Fe(II). This is largely due to the fact that reduction of Fe appears to be an

intermediate step in the Fe-uptake mechanism employed by various phytoplankton

(Kranzler et al., 2011; Lis et al., 2014; Maldonado and Price, 2001; Shaked et al.,

2005). Photochemical reduction of organically bound Fe also decreases ligand binding

strength, rendering the complexed Fe more labile and increasing its bioavailability

(Barbeau et al., 2001).

1.5 Iron(II) in the ocean

While Fe(II) is the more soluble form of inorganic iron, it is usually present at very

low concentrations in oxygenated seawater because it is thermodynamically unstable

under oxic conditions (Millero et al., 1987). In order for detectable steady-state

concentrations of Fe(II) to be present, its production must exceed loss terms such

as oxidation and biological uptake, and/or Fe(II) must be stabilized, for example by

organic ligands (Croot et al., 2001; Roy et al., 2008). The Fe(II) half-life in the surface

ocean is typically on the order of minutes and is strongly dependent on temperature,

with half-lives ∼30 minutes in waters around 5◦C, and <1 minute at 25◦C.

In the surface ocean, photochemical reactions are a common pathway for the

production of Fe(II) (Rijkenberg et al., 2005; Sarthou et al., 2011). These reactions

involve organic molecules that have the ability to absorb light and act as electron

donors (e.g., Barbeau et al., 2001). In addition, Fe reduction at cell surfaces may

be a source of Fe(II) (Lis et al., 2014; Maldonado and Price, 2001). The superoxide

anion, O-
2, is thought to be a common intermediate in the photochemical reduction

of Fe (Fan, 2008; Garg et al., 2007b; Rose and Waite, 2006), and it may also play

a role in biological Fe reduction and aid iron acquisition (Garg et al., 2007a; Rose,

2012; Rose et al., 2005).

The known Fe(II) sources in the deep ocean include hydrothermal vents, reminer-

alization processes and benthic fluxes from anoxic sediments (Lohan and Bruland,

2008; Sarthou et al., 2011; Sedwick et al., 2014; Statham et al., 2005). The recent dis-

covery of widespread superoxide production by heterotrophic bacteria ubiquitous in

the ocean (Diaz et al., 2013) may point to an additional pathway for Fe(II) production

at depth.
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1.6 Thesis motivation and outline

For my research, I have sought to investigate the sources of Fe to HNLC regions of the

ocean. Specifically, I have focused on two areas: the seasonally ice-covered Southern

Ocean and the subarctic northeast Pacific Ocean. The Southern Ocean is the largest

HNLC area on the planet, and up to 40% of its surface is seasonally covered by sea ice

(Comiso, 2010). Sea ice is enriched in Fe compared to seawater, and the seasonal sea

ice-melt represents an important Fe source to the Southern Ocean (Lannuzel et al.,

2010). I have measured dFe and Fe(II) concentrations under the pack ice in the East

Antarctic in spring, with the goal to investigate the Fe contribution from sea ice in

the context of other Fe sources to the Southern Ocean (Chapter 2).

In the HNLC subarctic Pacific Ocean, repeat measurements of dFe and Fe(II)

concentrations along a transect from coastal to open ocean waters have allowed me to

assess the variables and supply terms that shape the distribution of dFe and Fe(II) in

this area (Chapter 3). The presence of an oxygen deficient zone (ODZ) between 600

and 1400 m depth adds to the complexity of this oceanic region and considerably slows

Fe(II) oxidation rates. Fe(II) concentrations and their variability through time not

only point to reductive dFe sources such as anoxic sediments, but are also noteworthy

in their own regard due to the higher bioavailability of Fe(II) relative to Fe(III). Of

particular interest in Chapter 3 is the potential role of particles as a source of Fe(II),

which partly motivated the experiment described in Chapter 4.

With the experiment detailed in Chapter 4, I sought to investigate whether

superoxide is able to promote Fe solubility of lithogenic particles from a variety of

geographic source regions, producing Fe(II) in the dissolution process. My interest in

superoxide as an intermediate was spurred particularly by the discovery of widespread

superoxide production by heterotrophic bacteria (Diaz et al., 2013), which opens up

the possibility that “photochemistry-like” reactions, i.e. involving superoxide, may

take place at all depths of the ocean. Such a process would not only be relevant

for dust particles deposited in the ocean and subsequently sinking through the water

column, but also for sedimentary particles from the shelf and shelf break that may

be transported hundreds of kilometers in the subsurface (e.g., Lam and Bishop, 2008;

Lam et al., 2006).

The deposition of aerosols is thought to be an important Fe supply mechanism for

the HNLC subarctic Pacific Ocean (Jickells et al., 2005; Moore and Braucher, 2008),

and several researchers have observed anomalously high phytoplankton biomass in this
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region following the deposition of dust and ash (e.g., Bishop et al., 2002; Hamme et al.,

2010). The observed phytoplankton response is usually ascribed to Fe fertilization

from the respective aerosols. However, all aerosols may not be created equal. In

Chapter 5, I report on an aerosol deposition event in the HNLC subarctic Pacific

Ocean in May 2012 that did not appear to elicit a phytoplankton response. The

aerosol likely stemmed from Siberian forest fires. While it resulted in elevated dFe

and Fe(II) concentrations at depth, surface dFe concentrations and key biological

parameters related to phytoplankton biomass and production did not show any sign

of enhancement.
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Chapter 2

Dissolved iron and iron(II)

distributions beneath the pack ice

in the East Antarctic (120◦E)

during the winter/spring transition

Schallenberg, C., van der Merwe, P., Chever, F., Cullen, J.T., Lannuzel, D., Bowie,

A.R. (2015). Dissolved iron and iron(II) distributions beneath the pack ice in the

East Antarctic (120◦E) during the winter/spring transition. In press in Deep-Sea

Research II.

2.1 Abstract

Distributions of dissolved iron (dFe) and its reduced form, Fe(II), to a depth of 1000

m were investigated under the seasonal pack ice off East Antarctica during the Sea Ice

Physics and Ecosystem experiment (SIPEX-2) sea-ice voyage in September-October

2012. Concentrations of dFe were elevated up to five-fold relative to Southern Ocean

background concentrations and were spatially variable. The mean dFe concentration

was 0.44±0.4 nM, with a range from 0.09 to 3.05 nM. Profiles of dFe were more vari-

able within and among stations than were macronutrients, suggesting that coupling

between these biologically-essential elements was weak at the time of the study. Brine

rejection and drainage from sea ice are estimated to be the dominant contributors

to elevated dFe concentrations in the mixed layer, but mass budget considerations
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indicate that estimated dFe fluxes from brine input alone are insufficient to account

for all observed dFe. Melting icebergs and shelf sediments are suspected to provide

the additional dFe. Fe(II) was mostly below the detection limit but elevated at depth

near the continental shelf, implying that benthic processes are a source of reduced Fe

in bottom waters. The data indicate that dFe builds up under the seasonal sea-ice

cover during winter and that reduction of Fe may be hampered in early spring by

several factors such as lack of electron donors, low biological productivity and in-

adequate light below the sea ice. The accumulated dFe pool in the mixed layer is

expected to contribute to the formation of the spring bloom as the ice retreats.

2.2 Introduction

The Southern Ocean is the most extensive high nutrient, low chlorophyll (HNLC)

region on the planet, i.e. a region where insufficient supply of Fe to surface waters

limits primary production (Boyd et al., 2000; de Baar et al., 1995; Martin, 1990).

The lack of an adequate Fe supply directly impacts Earth’s climate by limiting the

efficiency of the biological carbon pump and, by extension, the ocean’s ability to

absorb atmospheric carbon dioxide (Martin, 1990; Sunda, 2010; Watson et al., 2000).

Elucidating the biogeochemical cycling of Fe in the Southern Ocean is therefore a

crucial step towards a better understanding of the connections and feedbacks between

ocean processes and climate. Particular attention in this respect has been given to

identifying Fe sources that are most quantitatively important to Southern Ocean

biogeochemical budgets (e.g., de Jong et al., 2012; Lancelot et al., 2009; Tagliabue

et al., 2014, 2009).

For an essential nutrient, the chemistry of Fe is distinctive insofar as it is not only

sparingly soluble in seawater under prevailing environmental conditions, but is also

subject to significant scavenging loss onto particle surfaces (Liu and Millero, 2002; Ye

et al., 2011). As a result, it has a very short residence time in the oceans compared

to macronutrients and some other trace elements, and dFe concentrations in surface

waters can be in the picomolar range (Boyd and Ellwood, 2010). The vast majority

(>99%) of dFe in the ocean is complexed by organic ligands (Boye et al., 2001; Gledhill

and Buck, 2012; Gledhill and van den Berg, 1994; Rue and Bruland, 1995). These

ligands play an important role in setting the solubility limit for Fe (Baker and Croot,

2010; Tagliabue et al., 2014; Thuróczy et al., 2012).

The bioavailability of the different forms of Fe in the ocean is a matter of ongoing
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investigation (Shaked and Lis, 2012). For example, there is evidence that particulate

Fe (pFe) is accessible to some phytoplankton (Rubin et al., 2011), and certain frac-

tions of pFe can also release dissolved and soluble Fe over time (e.g., Schroth et al.,

2009). Generally, however, dFe is assumed to be the primary pool from which phyto-

plankton draw, with inorganic Fe the preferred speciation but the organically-bound

fraction also being accessible (Maldonado and Price, 1999; Maldonado et al., 2005). In

particular, the reduced form of dFe, i.e Fe(II), is considered to be highly bioavailable.

Fe(II) is more soluble in seawater than the oxidized form, and reduction of Fe has

been shown to be an intermediate step in Fe uptake by various phytoplankton (e.g.,

Kranzler et al., 2011; Maldonado and Price, 2001; Shaked et al., 2005). In addition,

photochemical reduction of organically-bound Fe decreases ligand binding strength,

making complexed Fe more labile (Barbeau et al., 2001).

Fe(II), however, is thermodynamically unstable under oxic conditions and de-

tectable steady-state concentrations of the reduced species necessitate constant pro-

duction to balance biological uptake and oxidation, or that Fe(II) is protected from

loss processes, for example through ligand stabilization (Croot et al., 2001; Roy et al.,

2008). In the surface ocean, Fe reduction on cell surfaces and photochemical reac-

tions involving chromophores are the most prominent pathways for Fe(II) production

(Barbeau et al., 2001; Maldonado and Price, 2001; Rijkenberg et al., 2005). At depth,

remineralization processes, hydrothermal vents and benthic fluxes from anoxic sedi-

ments are important sources of Fe(II) (Lohan and Bruland, 2008; Sarthou et al., 2011;

Sedwick et al., 2014; Statham et al., 2005).

Large parts of the Southern Ocean are seasonally covered by sea ice (Comiso,

2010), which has important implications for the delivery of Fe. Sea ice is highly

enriched in Fe relative to seawater, so melting of the ice in spring supplies Fe in

both dissolved and particulate form to the surface ocean (e.g., Lannuzel et al., 2010;

van der Merwe et al., 2011a,b; Vancoppenolle et al., 2013). In addition, melting of sea

ice adds freshwater to the surface layer, enhancing stratification and thereby creating

favourable conditions for the initiation of the spring bloom. Ice melting also injects

dissolved and particulate organic material, such as exopolysaccharides produced by

sea-ice algae and bacteria (Norman et al., 2011; van der Merwe et al., 2009). These

have the potential to influence Fe bioavailability as they may act as ligands and/or

electron donors for the photochemical reduction of Fe (Hassler et al., 2011a,b).

Seasonal sea ice also poses an obvious barrier to studying the water column below.

For this reason, there are very few reports of Fe distribution under the ice, especially in
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waters below the upper mixed layer. The data presented in this manuscript highlight

the spatial variability in dFe concentrations below the Antarctic pack ice to a depth

of 1000 m and allow me to contemplate the relevant Fe sources that set the stage for

the spring bloom in the seasonally ice-covered Southern Ocean.

2.3 Materials and Methods

2.3.1 Study area

Sampling was undertaken during a multi-disciplinary sea-ice study, SIPEX-2, in

September/October 2012 aboard RV Aurora Australis. The sampling region lies

between 62 and 66◦S and 118 and 122◦E (Figure 2.1), an area off the East Antarctic

shelf that is seasonally covered by sea ice. Seven stations were sampled, all with bot-

tom depths ≥ 2000 m. Stations 0–6 are located offshore of the Antarctic continental

shelf, while station 7 is located at the shelf break.

2.3.2 Sampling methods

All sampling and sample handling followed GEOTRACES recommendations (Cutter

et al., 2010). An autonomous trace element-clean rosette system (TMR model 1018,

General Oceanics) was deployed from the stern of the RV Aurora Australis. The

system consists of a polyurethane powder-coated aluminum frame with sacrificial Mg

anodes and is equipped with 12 × 10 L externally-closing TeflonTM-lined Niskin-

1010X bottles as well as an RBR temperature logger (TDR-2050). The TMR was

ballasted with plastic-coated lead weights and attached with a stainless steel (316

grade) shackle to ∼2000 m of DyneemaTM rope on a purpose-built winch dedicated

to TMR deployments. This TMR system has been used successfully on previous

research voyages and has been shown to be non-contaminating for trace elements

(e.g., Bowie et al., 2009). The main CTD aboard RV Aurora Australis used SBE

9plus instrumentation from Sea-Bird Electronics.

Samples for dFe, Fe(II) and macronutrient analyses were filtered through acid-

cleaned 0.2 µm cartridge filters (Pall Acropak) in a trace-metal clean laboratory

under constant airflow from several ISO class 5 HEPA units. All plastic ware was

acid-cleaned according to GEOTRACES protocols (Cutter et al., 2010) prior to use.

Samples for dFe analysis were collected into 125 mL low-density polyethylene bottles,
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Figure 2.1: Map of station locations (cyan) with nearby coastal and shelf features
as well as underlying bathymetry (ETOPO1). The track of iceberg B09D is also
indicated (in black). Bathymetry contour levels are as follows: 0, 500, 1000, 1500,
2000, 3000, 4000 and 5000 m.

acidified to pH 1.7 with Seastar Baseline hydrochloric acid (HCl) within 12 hours

of collection and stored at room temperature until analysis back in the shore-based

laboratory. Macronutrient samples were stored at −20◦C in 10 mL polypropylene

tubes. Seawater for determination of Fe(II) was collected in 60 mL TeflonTM bottles

and analyzed immediately. Note that no Fe(II) measurements were undertaken at

stations 0 and 1, and not all available depths were sampled for Fe(II) at the remaining

stations due to logistical constraints.
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2.3.3 Macronutrients

Samples for Si(OH)4, PO3-
4 and NO-

3+NO-
2 were analyzed at Analytical Service Tas-

mania (Hobart, Australia) within 6 months of sample collection. Dissolved inorganic

nutrients were determined using standard colorimetric methodology as adapted for

flow injection analysis using an auto-analyzer.

2.3.4 Dissolved Fe

Dissolved Fe in this study is operationally defined as the Fe fraction that passes

through a 0.2 µm filter. A modified flow injection analysis (FIA) method was used

to measure dFe that relies on the detection of Fe(III) with the chemiluminescent

reagent luminol (de Jong et al., 1998; Obata et al., 1993). Samples and standards

were treated with hydrogen peroxide (H2O2; final concentration = 10 µM) at least

1 hour prior to measurement to oxidize any Fe(II) that might be present (Lohan

et al., 2006). The system buffers the samples in-line to pH = 4 before passing them

for 3 minutes through a pre-concentration column packed with 8-hydroxyquinoline

chelating resin (8-HQ). A solution of 0.3 M HCl (Seastar) then elutes Fe(III) from

the resin and mixes with 0.8 M ammonium hydroxide (NH4OH), 0.1 M H2O2 and

0.3 mM luminol containing 0.3 mM triethylenetetramine (TETA) and 0.02 M sodium

carbonate (Na2CO3), yielding an optimum luminol chemiluminescence reaction pH

of 9.5. The resulting solution is passed through a ∼5 m mixing coil maintained at

35◦C before being pumped to the flow cell mounted in front of a photo-detector.

System blanks were 0.014± 0.004 nM, yielding a detection limit (3 × blank stan-

dard deviation) of 0.013 nM. Results for SAFe reference materials for Fe were in good

agreement with consensus values (Table 2.1).

2.3.5 Fe(II)

Fe(II) was determined by luminol chemiluminescence detection following the approach

of Hansard and Landing (2009) but without sample acidification. Sampling began

within minutes after the first Niskin-X bottle (always from the surface) arrived in

the clean container. Samples were analyzed within 2 minutes of filtration and were

pumped simultaneously with the luminol reagent into a spiral flow cell made of flexible

TygonTM tubing (ID = 0.7 mm) that was mounted in front of a photomultiplier tube

(Hamamatsu H9319-01) in a custom-made light-tight box. Flow rates for luminol
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Reference

standard
# of analyses

Measured

(nmol L−1)

Calculated

(nmol kg−1)

Consensus value

(nmol kg−1)

D2 6 0.90± 0.03 0.88± 0.03 0.933± 0.023

D1 (305) 6 0.69± 0.04 0.67± 0.04 0.67± 0.04

S 2 0.107± 0.002 0.105± 0.002 0.093± 0.008

Table 2.1: Results for analyses of SAFe reference materials, showing the respective
means and standard deviations. For conversion to nmol kg−1, seawater density was
assumed to be 1.025 kg L−1.

and sample were ∼4.5 mL/min. The photomultiplier tube was operated at 900 V

with a 200 ms integration time. Photon counts were recorded using FloZF software

(GlobalFIA) and were averaged over 10 second intervals with 5 replicates for each

sample and standard. The relative standard deviation of these repeat measurements

was between 1 and 3%.

The luminol recipe for 1 L reagent is as follows: 0.13 g luminol, 0.34 g Na2CO3,

40 mL concentrated NH4OH and 10-12 mL concentrated HCl (Seastar). This results

in 0.75 mM luminol with 3.2 mM Na2CO3. The pH of the reagent was adjusted to

∼10.0 with small amounts of NH4OH and HCl. It was found that luminol sensitivity

increases with age, so batches were prepared well in advance and used up to 3 months

later.

Fe(II) calibration curves were obtained with Fe(II) standard additions in the range

0–100 pM. A 10 mM standard of ammonium iron(II) sulfate hexahydrate was prepared

fresh in 0.1 M Seastar HCl and considered stable in the fridge for up to a month.

From this stock solution, intermediate standards (50 µM and 50 nM) were prepared

in 0.05 M Seastar HCl no more than 10 minutes prior to measurement. Standards

were added to cooled (2–4◦C) seawater that had been collected at earlier stations in

the cruise and been left in the dark for >24 hours.

Previous investigators (e.g., Rose and Waite, 2001) have commented on the light-

sensitivity of the luminol reagent, and it is therefore frequently stored in the dark.

In my setup, the reagent was likewise stored in an amber HDPE bottle, but it was

found that sensitivity is greatly increased if fluorescent light shines on the clear pump

tubing during analysis, so a fluorescent lamp pointed at the pump tubing was an

integral part of my system. Indeed, the signal enhancement is so strong that care
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must be taken to shield the apparatus from ambient light fluctuations.

Fluorescent light also increases the background chemiluminescence signal of the

luminol, so that a linear standard curve will have a non-zero intercept. This intercept

was routinely subtracted from the measured photon counts for samples and standards.

Blanks, i.e. aged seawater samples, were measured throughout the analysis to keep

track of baseline fluctuations, but were not subtracted (mean = 0.17± 4 pM, n=22).

Detection limits of the method (3 × standard deviation of the zero standard) were

between <1 and 4.2 pM (mean = 2.4± 1.3 pM, n=5).

The method is very sensitive to the choice of seawater that is used for standard

additions, i.e. the seawater matrix for standards needs to be matched carefully to

samples. For this reason, relatively fresh seawater was used for standard additions.

However, with the extremely low Fe(II) concentrations encountered during SIPEX-

2, even this approach frequently yielded negative values, possibly due to differing

sensitivities and/or not fully decayed Fe(II) in the standard seawater. It can be

argued that the lowest concentration measured in a profile is likely very close to

zero. Such an assumption allows us to shift profiles with negative concentrations into

the positive range by subtracting the lowest measured value. Both concentrations,

i.e. original and “adjusted”, are reported and discussed in this manuscript. The

largest adjustment (9.7 pM) was necessary at station 4, followed by station 2 with an

adjustment of 8.1 pM. The data for the remaining stations were adjusted by <5 pM.

2.4 Results

2.4.1 Sea-ice conditions

All stations with the exception of station 0 were in the inner pack ice. Station 0 was

in the marginal ice zone, where deformed first-year sea ice covered approximately 70%

of the ocean. At all other stations, the pack ice covered 95–100% of the surface and

was often heavily deformed.

The sea-ice thermodynamic properties, structure and iron content are described

in Lannuzel et al. (2014). Briefly, dFe (<0.2 µm) in the ice was in the range 0.9

to 17.4 nM, and pFe concentrations reached up to 990 nM (at station 7). The ice

exhibited mostly spring-like conditions, with brine volume fractions well above 5%.

This indicates high ice porosity and brine channel connectivity, allowing for brine

exchange with the water column below (Golden et al., 1998). Even though the sea
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ice at station 4 is classified as transitional, i.e. between winter and spring, it was also

permeable. Ice texture analysis highlights that the sea ice sampled during SIPEX-2

grew in thickness because of dynamic processes and snow ice formation, leading to

a dominance of granular ice over columnar ice. This complex ice texture is mirrored

by the heterogeneous distribution of biogeochemical tracers in the sea ice (macro-

nutrients, chlorophyll a, POC, PON, DOC and iron). There are no sea-ice data for

trace metals or sea-ice properties and structure from stations 0, 1 and 5.
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Figure 2.2: Temperature profiles from A) the TMR and B) the main CTD. The
TMR temperature logger appears to have smoothed out the profiles relative to the
more accurate CTD temperature probe. C) Salinity profiles from the main CTD
corresponding to temperature profiles in B.
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2.4.2 Water column physical properties

Temperature data from both the main CTD and the TMR are shown in Figure 2.2.

The CTD temperature is more accurate and has a higher sampling rate; it can thus

be used to vet the measurements from the logger deployed on the TMR. In addition,

the CTD measures salinity. The temperature and salinity profiles from the main

CTD show a surface winter mixed layer that generally deepens poleward from 90 m

at station 2 to about 160 m at station 6 (Figure 2.2). Station 3 does not follow

the trend exactly with a mixed layer depth of 70 m, but otherwise shows a very

similar pattern to station 2. The surface layer is fresh and cold (salinity 34.25–34.29,

temperature −1.85◦C) relative to the deeper waters, and the temperature maximum

is found around 200 m at the offshore stations and near 400–500 m closer to the

Antarctic continent. The salinity of the mixed layer decreases towards the continent.

The TMR temperature profiles that were measured proximate to CTD deploy-

ments, both in space and time, agree reasonably well with the CTD profiles as far

as the general shape is concerned. However, they appear “smoothed” compared to

the CTD data. The “smoothing” effect is likely the result of different instrument

response times and logging frequencies, with the TMR logger only recording data

every 5 seconds and a response time of 3 seconds compared to a sampling frequency

of 24 s−1 and a response time of 0.07 seconds on the CTD. Both CTD and TMR

travelled at an average speed of 1 m s−1. The CTD data are therefore more accurate,

but the TMR data nonetheless capture the general shape of the profiles and confirm

the deepening of the surface mixed layer towards the shelf.

The TS diagram for the 4 casts of the main CTD shows distinct differences in the

intermediate water (∼150–800 m) between stations (Figure 2.3). Waters in this depth

range tend to be warmer — and in the upper layers also fresher — farther offshore

(stations 2 and 3) compared to waters closer to the continent (stations 4 and 6).

2.4.3 Macronutrients and chlorophyll a

The observed range of values for NO-
3+NO-

2 , PO3-
4 and Si(OH)4 (Figure 2.4, Table

A.1), agrees well with expectations for the remote Southern Ocean (e.g., Ibisanmi

et al., 2011; Klunder et al., 2011; Sedwick et al., 2008). Si(OH)4 concentrations are

lower in the mixed layer (∼60 µM) compared to deeper waters (100–120 µM) and the

profiles reflect the deepening of the mixed layer poleward. NO-
3+NO-

2 concentrations

range from 30 to 33 µM, and PO3-
4 concentrations range from 2.2 to 2.4 µM with
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Figure 2.3: Temperature-salinity diagram for data from the main CTD. Symbols
indicate the 100, 200 and 300 m marks.

the exception of station 7. Overall, the NO-
3+NO-

2 and PO3-
4 profiles show very low

variability with depth and between stations (note the scales on Figure 2.4), with a

few exceptions. Firstly, the mixed layer PO3-
4 values at station 7 are considerably

lower than at any other station. Secondly, the NO-
3+NO-

2 profiles exhibit the highest

variability between 100 and 300 m depth, with stations 0–2 showing sub-surface

maxima that appear to coincide with the pycnocline.

The only chlorophyll a (chl a) profiles available are from the main rosette housing

the CTD, and they all show very low chl a concentrations with the highest values (0.2–

0.3 µg L-1) in the top 50 m at station 6 (personal communication, Karen Westwood).

At stations 3 and 4, chl a concentrations hover around 0.1 µg L-1, and at station 2

they are between 0.1 and 0.2 µg L-1.
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Figure 2.4: Macronutrient concentrations in the water column: A) Nitrate + nitrite,
B) Phosphate, C) Silicic acid.

2.4.4 Dissolved Fe

The measured dFe concentrations are in the range 0.09 to 3.05 nM, with a mean of

0.44 ± 0.4 nM and a median of 0.34 nM (Figure 2.5, Table A.1). The dFe profiles

show much higher variability both between stations and within profiles than is found

in the macronutrient data (Figure 2.4). Mean dFe concentrations vary by up to a

factor of 5 between stations (0.16 nM at station 5 vs. 0.81 nM at station 1), and for

most of the profiles are higher than those reported for the remote Southern Ocean,

which rarely exceed 0.4 nM at the depths sampled here (Bowie et al., 2009; Boye

et al., 2001; Chever et al., 2010; Coale et al., 2005; de Jong et al., 2012; Ibisanmi

et al., 2011; Klunder et al., 2011; Lannuzel et al., 2011; Moore and Braucher, 2008).

Only station 5 resembles a “typical” Southern Ocean profile with low (<0.3 nM) dFe



20

concentrations throughout, lowest near the surface and slightly increasing with depth.

The dFe profile from station 6 is similar (mean = 0.26 nM) but with slightly increased

dFe values at depth, i.e. 0.57 nM at 1000 m.

Three of the seven profiles (stations 0, 2 and 4) exhibit maxima at the shallowest

depth sampled (15 m), with concentrations 2 times higher than the next shallowest

depth, and up to 4 times higher than subsurface minimum dFe concentrations (Fig-

ure 2.5). The dFe concentrations in these surface peaks range from 0.47 to 1.04 nM,

compared to 0.17 nM at station 5. Given that these values were measured from the

stern of the ship and after significant ice breaking, there is the obvious possibility

of contamination. However, very low (<0.2 nM) dFe concentrations at 15 m were

observed at other stations, such as stations 5 and 6, indicating that I was able to

sample without contamination in these instances. I am therefore confident that ele-

vated dFe concentrations measured at shallow depths are not the result of ship-derived

contamination but are indicative of natural dFe inputs.

The dFe values for stations 1 and 7 are also elevated at 15 m compared to South-

ern Ocean background concentrations, but show less pronounced surface peaks, with

dFe concentrations elevated throughout the mixed layer. As a whole, dFe appears

to be most variable throughout the mixed layer or just below. This variability is

especially apparent at station 1, where a sub-surface peak at 100–125 m shows dFe

concentrations up to 3 nM.

There are localized maxima around 500 m in three non-consecutive profiles (i.e.

from stations 1, 4 and 7; Figure 2.5), with all three profiles showing very similar con-

centrations (1.03± 0.02 nM). Note, however, that the depth resolution around these

peaks is poor, i.e. the true “peaks” may lie anywhere between 300 and 750 m. These

three profiles also have generally higher dFe concentrations at all depths compared

to the other stations. In particular, the profile from station 7 stands out, with dFe

concentrations elevated at all depths (range 0.62 to 1.04 nM). Therefore, dFe con-

centrations at station 7 are approximately 5 times higher than at station 5, which

displays concentrations characteristic of the remote Southern Ocean (0.09 to 0.26 nM;

Table A.1).

2.4.5 Fe(II)

While most of the Fe(II) measurements during SIPEX-2 were below the detection

limit (Figure 2.6A, Table A.1), a few exceptions stand out. At stations 6 and 7,
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Fe(II) was clearly detectable at 1000 m, with (unadjusted) concentrations of 33 and

22 pM respectively. The profile from station 5 shows surface values close to 20 pM,

decreasing with depth but above the detection limit down to 100 m. Finally, the

Fe(II) measurements from station 7 show relatively low values throughout although

frequently above the detection limit, with only the 1000 m sample clearly distin-

guished.

Even when “adjusting” the Fe(II) profiles to account for the possible problems with

matrix matching of the seawater used for calibration (see Section 2.3.5 for details),

most of the Fe(II) concentrations fall below 10 pM (Figure 2.6A), with the notable

exceptions mentioned above. Considering the standard deviations on the measure-

ments (mean = 1.4 pM; range 0.3–3.6 pM) and the detection limits of the method

(<1–4.2 pM), the majority of these low concentrations cannot be distinguished from

zero within error. The profiles displaying Fe(II) as a percentage of dFe further sup-

port this, with most values falling well below 5%, i.e. confirming that Fe(II) accounts

for a very small fraction of dFe (Figure 2.6B).

2.5 Discussion

2.5.1 Physical setting and macronutrients

The temperature and salinity profiles (Figure 2.2) are consistent with fresh, cold

Antarctic Surface Water (AASW) in the winter mixed layer overlying warmer and

saltier Circumpolar Deep Water (CDW) (Orsi et al., 1995). The surface mixed layer

deepened towards the continent, as was observed previously in this region for this

time of year, likely the result of ice production in the nearby Dalton Iceberg Tongue

polynya and also related to density gradients associated with the Antarctic Slope

Current (ASC) (Williams et al., 2011). The CDW properties typically weaken pole-

ward as cold Antarctic water is mixed into the water mass; hence it is referred to as

modified Circumpolar Deep Water (mCDW) (Williams et al., 2011). This trend of in-

creased modification of the CDW towards the continent is evident in the TS-diagram,

specifically in the depth range ∼150–800 m, with southern waters (i.e. stations 4 and

6) considerably colder (Figure 2.3).

The progressive modification of the intermediate mCDW is also reflected in the

NO-
3+NO-

2 profiles and, to a lesser degree, in the PO3-
4 data (Figure 2.4). Further

offshore (stations 0–2), NO-
3+NO-

2 concentrations show a sub-surface maximum in
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Figure 2.6: Fe(II) concentrations and Fe(II) percentage of dFe. A) Adjusted Fe(II),
i.e. where the lowest (negative) concentration in each profile is assumed to be zero
and concentrations of the whole profile are shifted accordingly (see Section 2.3.5). B)
Fe(II) expressed as a percentage of dFe. The “adjusted” Fe(II) values were used for
the calculation. Error bars in A) are equivalent to one standard deviation based on
5 replicate measurements of the same sample. The average detection limit, 2.4 pM,
is indicated by grey shading; detection limits for individual casts were in the range
<1 pM to 4.2 pM.
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the pycnocline. This peak is most pronounced at station 0 and decreases in subse-

quent profiles, until it is only barely evident at station 4 and beyond. It appears

that the stronger influence of the CDW farther offshore, which is also evident in the

temperature maxima in Figure 2.2B, causes the sub-surface peak in NO-
3+NO-

2 con-

centrations, as the CDW is characterized by high nutrient concentrations. Indeed,

the data of Klunder et al. (2011) show a similar maximum in a “typical” NO-
3 profile

from 53◦S, i.e. in the southern branch of the Antarctic Circumpolar Current.

The Si(OH)4 profiles, on the other hand, do not exhibit any local maxima (Fig-

ure 2.4). Instead, they show a continuous increase with depth, likely reflecting the

deeper dissolution depth for Si(OH)4 relative to remineralization of nitrogen. This

is in agreement with what others have found for the Atlantic sector of the Southern

Ocean (e.g., Klunder et al., 2011; Löscher et al., 1997). The steepest Si(OH)4 con-

centration gradient is found in the pycnocline, and the shapes of the profiles reflect

the deepening of the mixed layer poleward. The AASW supports photosynthesis in

austral summer, leading to the drawdown of nutrients in this water mass (Sokolov

and Rintoul, 2007; Westwood et al., 2010). At the end of summer, atmospheric cool-

ing and brine rejection resulting from sea-ice formation drive the convection that

shapes the winter mixed layer (Williams et al., 2011), replenishing nutrients. How-

ever, Si(OH)4 concentrations in the mixed layer remain considerably lower than in the

underlying mCDW. There is a poleward trend of decreasing Si(OH)4 and NO-
3+NO-

2

concentrations in the mixed layer, which might be caused by more intense drawdown

of nutrients south of the shelf break during summer (Sokolov and Rintoul, 2007).

There is no clear indication that the seasonal drawdown of nutrients had begun

during SIPEX-2. The only exception may be the PO3-
4 profile from station 7, with

drawdown evident near the surface as well as between 150 and 200 m depth. This

being the latest station in the cruise, it is possible that primary productivity had

begun to pick up in surface waters, perhaps marking the beginning of a spring bloom.

However, biological activity is unlikely to explain PO3-
4 drawdown between 150 and

200 m. The closest chl a data available, from station 6, show an increase relative to

the earlier stations but do not indicate bloom conditions (personal communication,

Karen Westwood). The cause for the low PO3-
4 values at station 7 therefore remains

unresolved.
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2.5.2 Chlorophyll a

Chlorophyll a concentrations measured during the cruise are all very low, as would

be expected under the pack ice (Arrigo and van Dijken, 2011). The highest chl a

concentrations were measured at station 6, which was the latest of the 4 stations

where chl a data are available. This may reflect the progression of the season, with

spring conditions starting to be established and facilitating primary production in

the water column.

2.5.3 Dissolved Fe

To my knowledge, this dataset represents the first systematic investigation of spatial

variability in dFe below the Antarctic pack ice to a depth of 1000 m. There is very high

variability within and among profiles, with many observations well above Southern

Ocean “background” concentrations, i.e. >0.4 nM (Figure 2.5, Table A.1). Similar

spatial variability was observed by Measures and Vink (2001) on a spring cruise in

the Pacific sector of the Antarctic Polar Frontal Zone, about 100 miles north of the

ice edge. Though their dFe concentrations were generally lower than in this study,

Measures and Vink also saw structure in dFe profiles within the mixed layer. They

attribute much of the spatial variability to strong meandering of the fronts in that

region.

None of the dFe depth profiles beneath Antarctic sea ice that are reported in the

literature exhibit variability as high as was observed during SIPEX-2. For instance,

Gerringa et al. (2012) show dFe profiles to a depth of 300 m from the ice-covered shelf

in the Amundsen Sea. Their 10 profiles have a consistent shape, with a surface peak,

followed by a sub-surface minimum, and then a monotonic increase with depth. The

highest dFe concentration measured was <0.6 nM. Croot et al. (2004a) saw similar

values and profile shapes near the ice edge along 6◦E. However, Sedwick et al. (2000)

observed considerable dFe variability in the upper water column under the sea ice

in the Ross Sea, with average dFe concentrations around 1 nM, and de Jong et al.

(2012) report one dFe profile from the marginal ice zone that also shows variability

with depth (range 0.2–0.7 nM), not unlike some of the profiles in this study. SIPEX-

2 was conducted several months earlier in the season than any of these studies, i.e.

during a time when there was negligible biological production and persistent ice cover.

I was thus able to observe the system at a time when dFe inputs from a variety of

sources were revealed, as is evident in the high dFe variability, while uptake had not
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yet begun.

Most studies investigating dFe concentrations in the water column below Antarctic

sea ice have focused on the surface layer. For example, Lannuzel et al. (2008) report

dFe concentrations of 0.7–1.7 nM for the upper 30 m of the water column under highly

porous spring/summer sea ice in the Weddell Sea. The measurements by de Jong et al.

(2012) from the same cruise are slightly lower for the upper mixed layer (0.6 nM) and

increase monotonically with depth. At 1000 m, they found a value of 2.8 nM dFe

(bottom depth 1386 m). In the East Antarctic during the winter-spring transition,

dFe concentrations under the pack ice were in the range 0.14 to 4.5 nM (Lannuzel

et al., 2007; van der Merwe et al., 2011a). These surface values are comparable to the

dFe concentrations encountered in this survey (0.09–3.05 nM overall, 0.16–1.04 nM

at 15 m).

Clearly, these findings implicate sea ice as a likely source of the observed dFe

enrichment. In what follows, I will consider sea ice as well as other potential sources

for the water column dFe enrichment observed in this study.

Pack ice

Antarctic sea ice and brine display greatly enhanced particulate and dissolved Fe con-

centrations compared to the underlying water column (de Jong et al., 2013; Lannuzel

et al., 2008, 2007; van der Merwe et al., 2011a,b, 2009). The mechanisms leading

to this enrichment are not fully understood, but it is believed that organic matter-

associated Fe is preferentially incorporated into newly-forming sea ice, at least in

part due to adsorption to frazil ice crystals. Processes such as convection and ac-

cumulation at the ice-water interface would then incorporate additional Fe during

sea-ice growth (Lannuzel et al., 2010). While the Fe is largely retained in the sea ice

over winter when the ice is too cold to be permeable, the situation changes in spring

as warming opens up the brine channels. This increased permeability allows brine

drainage into the water column below and Fe can thus be transferred from the sea ice

to the water column (Lannuzel et al., 2010, 2007). Brine drainage releases dissolved

Fe. When sea ice melts, the particulate Fe, which remained attached to the walls

of the brine channels, is released into the seawater together with particulate organic

carbon (Lannuzel et al., 2013; van der Merwe et al., 2011a,b).

Several Antarctic studies have attributed phytoplankton blooms in the vicinity of

a seasonally-retreating ice edge to the release of dFe from melting sea ice (e.g., Croot
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et al., 2004a; Sedwick and DiTullio, 1997; Shadwick et al., 2013; Westwood et al.,

2010). Elevated biomass was not encountered in this study, but dFe concentrations

in the water column under the ice, particularly near the surface, were considerably

elevated, possibly because the seasonal biological uptake had not yet begun. There

are several lines of evidence suggesting that the overlying sea ice was a likely source

for at least part of this observed dFe enhancement.

For one, the upper 200 m of the water column showed the highest dFe concen-

trations and also the highest variability in dFe (Figure 2.5), consistent with sporadic

input from the sea ice via brine exchange. As mentioned above and discussed in more

detail by Lannuzel et al. (2014), the sea ice was highly porous during SIPEX-2, allow-

ing for such an exchange. In sea ice, dFe and macronutrients are decoupled because

they are incorporated into the ice from different sources (e.g., van der Merwe et al.,

2009; Vancoppenolle et al., 2013). This decoupling was also observed in the water

column in this study (all r2 < 0.1 for correlations between macronutrients and dFe).

Three of the dFe profiles presented here show pronounced peaks near the surface,

i.e. at 15 m (stations 0, 2 and 4). It is tempting to attribute these peaks to brine

drainage and/or ice melt. There are no sea-ice Fe data available for station 0, but the

ice at station 2 shows the lowest dFe concentrations in the bottom ice layer compared

to all other ice stations in this study (Lannuzel et al., 2014), which might hint at recent

dFe loss, for example from brine drainage. Similarly, station 4 shows the lowest dFe

concentrations throughout the ice. Brine salinities for both stations are indicative of

gravity driven brine drainage (Lannuzel et al., 2014). It is thus conceivable that dFe

had very recently been released together with salts from the sea ice into the water at

these stations. Indeed, surface dFe peaks appear to be common under sea ice (e.g.,

Gerringa et al., 2012). In addition, deployments of the TMR were usually the first

thing to happen at a station in order to avoid contamination. I am thus confident

that the 15 m enrichments observed stem from natural processes.

With some assumptions, it is possible to calculate a mixed layer dFe budget that

can be compared to the sea-ice Fe inventory (Table 2.2). In the absence of compre-

hensive CTD data for all stations, the mixed layer depth is assumed to be 90 m for

stations 0–2, 120 m for station 4 and 160 m for all remaining stations. These depths

are the mixed layer depths at stations 2, 4 and 6 respectively (Figure 2.2B). The dFe

depth distributions were linearly interpolated. The integrated mixed layer dFe inven-

tories, with the exception of station 7, are within a factor 2 of estimates reported for

the Pacific sector of the Antarctic Polar Frontal Zone in spring (Measures and Vink,
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2001).

Assuming that station 5 represents background dFe concentrations characteristic

of this region, one can subtract this station’s integrated dFe value for the respective

depth range from the inventory of the other stations to calculate the dFe surplus, i.e.

dFe above background (Table 2.2).

It is difficult to estimate what fraction of the surplus dFe could have been supplied

by the sea ice due to the fact that the ice was already porous during SIPEX-2 and

therefore the Fe concentrations were likely not the true winter values, but rather

represent what was left after some degree of brine drainage. Previous work has shown

that the average dFe in winter pack ice in the East Antarctic is in the range 8–19

nM (Lannuzel et al., 2010). Assuming an average ice thickness of 1 m, this yields an

inventory of 8–19 µmol m-2. During SIPEX-2, only a fraction of this Fe would have

entered the water column at the time of sampling, as the average dFe inventory in

the pack ice was still 7.3 µmol m-2 (Lannuzel et al., 2014). Using the upper limit of

19 µmol m-2 and subtracting 7.3 µmol m-2 yields an inferred previous dFe input from

the sea ice of 11.7 µmol m-2, which is insufficient to account for the dFe surplus in

the mixed layer at all but two stations (Table 2.2).

Stn no/

zint

0

(90 m)

1

(90 m)

2

(90 m)

4

(120 m)

5

(160 m)

6

(160 m)

7

(160 m)

ML 25.1 54.0 44.0 67.8 19.8 27.8 104.9

200 m 54.0 172.0 73.3 99.4 25.8 37.5 132.8

500 m 123.0 348.0 121.8 287.9 83.3 130.5 397.3

1000 m 281.8 671.7 236.8 - 207.1 341.7 862.3

ML EX 13.8 42.7 32.7 53.5 0 8.0 85.1

200 m EX 28.2 146.2 47.5 73.6 0 11.7 107.0

500 m EX 39.7 264.7 38.5 204.6 0 47.2 314.0

1000 m EX 74.7 464.6 29.7 - 0 134.6 655.2

Table 2.2: Depth-integrated dFe inventories in the water column (µmol m−2) for a
range of integration depths (zint); assumed mixed layer (ML) depths are indicated
in brackets below the station numbers. “EX ” denotes excess inventory above back-
ground, i.e. station 5.
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However, pFe in pack ice can be up to 20 times enriched relative to the dFe fraction

(van der Merwe et al., 2011a). This was also the case during SIPEX-2, where pFe in

the sea ice represented on average 94% of the total Fe pool (Lannuzel et al., 2014).

Depending on the fate of pFe in the water column, it could well have contributed to

the dFe concentrations observed in the mixed layer, especially since 67% of the sea-ice

pFe was biogenic and considered highly labile (Lannuzel et al., 2014). Assuming that

pFe input from the sea ice was 10 times higher than the dFe input, between 2% and

62% of this pFe would need to dissolve in order to close the dFe budget for the mixed

layer.

Drifting icebergs

SIPEX-2 saw the passage of a large tabular iceberg (B09D) in the vicinity of the ship.

Stations 4–7 all lie in the proximity of the iceberg’s wake, with station 7 being closest

to the berg’s track and occupied about 10 days after its passage. B09D is a remnant

of iceberg B09, which initially broke off the Ross Ice Shelf in 1987. Its draft is not

known, but can be estimated to be around 260 m, i.e. an average depth for icebergs

calved from the Ross Ice Shelf (Dowdeswell and Bamber, 2007). Though passing

icebergs may alter water column Fe distributions in their wake in several ways, e.g.

by releasing both particulate and dissolved Fe (e.g., Lin et al., 2011; Löscher et al.,

1997; Raiswell, 2011; Raiswell et al., 2008, 2006), it is not very probable that B09D

contributed to the observed dFe peaks near 500 m, especially when considering that

one of these peaks was observed at station 1, which was not proximal to the wake of

the iceberg.

The temperature profile at station 7, though crude in its resolution, does not

show any signs of deep mixing beyond the expected mixed layer depth (Figure 2.2).

Therefore, attribution of the generally high dFe concentrations at station 7 to the

passage of B09D is also unlikely, as one would expect to see homogenization of the

water column beyond 200 m if significant iceberg-induced upwelling had occurred

(Jenkins, 1999; Neshyba, 1977; Stephenson Jr. et al., 2011). It is thus more likely

that the elevated dFe values at station 7 are the result of lateral input (see below).

Though B09D was the most prominent iceberg encountered on this cruise, there

were also numerous smaller icebergs near the ship at any given time, and as early

as station 0. The highest dFe concentration on the cruise was recorded at station 1

at 100 m (Figure 2.5), just below the mixed layer (Figure 2.2). The 125 m sample
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at station 1 also shows highly-elevated dFe concentrations, providing evidence that

the measured higher-than-average dFe values are real and not the result of bottle

contamination. The temperature profile at station 1 shows the warmest temperatures

in the 100–200 m range (Figure 2.2A), coincident with the observed dFe peak. It is

not unusual for icebergs to have keel depths >100 m (Dowdeswell and Bamber, 2007),

so basal melting of a nearby iceberg could have produced the observed dFe peak at

station 1. Lin et al. (2011) found that dFe concentrations in the vicinity of icebergs

in the Weddell Sea were in the range 1.2–2.9 nM, with the highest concentrations

measured between 150 and 250 m depth. Similarly, de Jong et al. (2012) report a

dFe enhancement of 0.3 nM above background levels at 250 m depth in the wake of

an iceberg, coincident with the warm core of the CDW at the same depth. Given the

temperature profile for station 1 in this study, it is thus conceivable that the observed

dFe maximum was the result of basal melting of a nearby iceberg, but there are no

salinity data available for this station to confirm the presence of melt water.

Shelf sources

The SIPEX-2 cruise track approached the Antarctic continent, with station 7 be-

ing closest to the Antarctic shelf (Figure 2.1). This station shows the highest water

column dFe concentrations observed, with Fe levels well above background (e.g. sta-

tion 5) to a depth of 1000 m (Figure 2.5). The temperature and nutrient profiles

are indicative of stratification (Figures 2.2 and 2.4); deep mixing is therefore unlikely

to explain the enhanced dFe. Rather, lateral advection from the shelf may have

introduced Fe from sediments. The importance of continental margins and shelf sed-

iments as sources of Fe has long been recognized, including for the Southern Ocean

(e.g., de Jong et al., 2012; Elrod et al., 2004; Hatta et al., 2013; Lam and Bishop,

2008; Lam et al., 2006; Marsay et al., 2014; Moore and Braucher, 2008). Indeed,

several modelling studies point to Fe fluxes from sediments as the most important

external Fe input for the Southern Ocean in terms of both Fe budgets and carbon se-

questration (Lancelot et al., 2009; Moore and Braucher, 2008; Tagliabue et al., 2014,

2009; Wadley et al., 2014).

The dFe concentrations at station 7 are elevated throughout the water column,

to at least 1000 m depth. Station 6 shows a similar pattern, although the dFe con-

centrations are lower than at station 7. Considering stations 5–7 in isolation and

focusing on depths >100 m, it is evident that there is a considerable increase in dFe
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concentrations with decreasing distance from the shelf (Figures 2.1 and 2.5). Similar

dFe enrichment at all depths was seen by de Jong et al. (2012; Figure 5) in a series of

stations approaching the Antarctic continent, with dFe concentrations up to 0.7 nM at

depth at a station hundreds of kilometres from the shelf, which they attribute to lat-

eral transport of dFe-enriched shelf waters. The range of concentrations encountered

at station 7 (0.62–1.04 nM) is higher, but this would be expected as this station is on

the shelf break. The station 7 dFe concentrations are comparable — although at the

high end — to dFe profiles reported from near the Pine Island Glacier (0.4–0.8 nM),

which are also almost uniform with depth (Gerringa et al., 2012). While Gerringa et

al. attribute about half of the increase above background concentrations to melting

of the glacier, they ascribe the other half to sedimentary processes. Station 7 of this

study is too far (∼200–250 km) from neighbouring ice shelves and glaciers to make

these a probable dFe source, and it is likely that the nearby shelf was a dominant

influence on Fe concentrations.

Shelf waters may become enriched in dFe as they travel across the shelf because of

benthic efflux from the sediments (Marsay et al., 2014). Dense shelf water forms when

brine rejection due to sea-ice formation increases the salinity of the underlying water

column. The resulting shelf water can cross the shelf break if the bathymetry permits,

and if sufficiently dense (>28.27 σθ), it will be transported down the continental slope

to form Antarctic Bottom Water (AABW). Although Williams et al. (2011) found

no evidence for the production of sufficiently dense shelf water for AABW formation

in the region of the SIPEX-2 study area, shelf water with intermediate density could

still cross the shelf break and partially descend the continental slope. These modified

shelf waters would be in contact with shelf sediments before flowing down the slope,

likely becoming enriched in dFe along the way. As these waters flow off the shelf, they

are mixed into the westward flowing slope current and could thus have contributed

to the uniformly high dFe concentrations measured at station 7.

Similarly, advection from shelf sediments may explain the conspicuous dFe max-

ima around 500 m that were observed in 3 of 7 profiles (Figure 2.5). The three

maxima at 500 m (stations 1, 4 and 7) clearly stand out from the profiles and may

invite speculation about a bottle contamination, since all three samples were taken

from the same Niskin-X bottle. However, several factors dispel such an explanation.

For one, the three dFe profiles exhibiting a maximum at 500 m were not from consec-

utive deployments, i.e. samples from the same Niskin-X bottle measured in between

“peak” profiles show no elevated dFe. Secondly, it is striking that the three peak con-
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centrations that were measured at 500 m agree very well in magnitude within their

respective limits of error, i.e. 1.03±0.02 nM dFe. Such a coincidence is rather unlikely

for a contamination but may be explained by the solubility limit of Fe as dictated

by the availability of Fe-binding ligands. This sort of mechanism was suggested by

Thuróczy et al. (2012) for the waters near Pine Island Glacier, where ligands were

close to saturated, most likely due to constant dFe supply from melting of the glacier.

There is no Fe-ligand data from SIPEX-2, but Croot et al. (2004a), sampling

near 56◦S and 6◦E, reported organic Fe-complexing ligand concentrations of 1.3 nM

Fe equivalents at 400 m (n=1). Near the Kerguelen Archipelago, Gerringa et al.

(2008) found mean Fe ligand concentrations from 400–600 m depth (n=23) to be

0.93 nM Fe equivalents. In the Atlantic sector of the Southern Ocean, mean Fe

ligand concentrations in the same depth range (n=7) were 1.05 nM Fe equivalents

(Thuróczy et al., 2011). Thus, the dFe concentrations measured in the peaks at

500 m agree well with the expected binding capacity of Fe ligands for that depth

in the Southern Ocean, although for completeness it should be mentioned that two

studies found considerably lower Fe-complexing ligand concentrations: Ibisanmi et al.

(2011) measured 0.52–0.73 nM Fe equivalents at 500 m south of Tasmania, and Boye

et al. (2001) report Fe ligand concentrations (at 400–600 m) ranging from 0.15 to

1.24 nM (mean=0.58 nM; n=6) in the Atlantic sector of the Southern Ocean.

It is possible that the Dalton Iceberg Tongue, which is proximal to the cruise

track (∼60 km from station 4, ∼100 km from station 7), contributed to the elevated

dFe concentrations at 500 m. This feature comprises numerous grounded icebergs,

and the grounding depth is estimated around 500 m, consistent with observations of

ice-gouge features in Antarctic sediments at water depths up to 500 m (Barnes and

Lien, 1988). One could thus speculate that the observed dFe peaks at 500 m stem

from either sediments that are disturbed by the keels of the icebergs, or from melting

of the icebergs at the base, or both.

The role of circulation in distributing dFe

It is somewhat surprising that one of the observed dFe peaks at 500 m is found at

station 1, about 170 km north of the shelf break. If the Fe enrichment does in fact

originate from the shelf, it must have been transported 170 km north, for example

by the generally westward flowing Antarctic Slope Current (ASC), which follows the

shelf break in this region (Bindoff et al., 2000; Williams et al., 2011). The ASC
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appears to feed a weak cyclonic gyre between 90 and 120◦E, the return flow of which

is estimated to be in the vicinity of station 1 (Bindoff et al., 2000; see Figure 11).

Bindoff and colleagues also found evidence of two cold-core eddies or meanders in the

region, which have the potential to transport waters away from the shelf break.

It is interesting to note that stations 1 and 4, which both exhibit dFe peaks at

500 m, have comparable dFe concentrations at all depths below 150 m. In fact, these

are the highest deep dFe concentrations measured on SIPEX-2 — apart from station 7

— consistent with the associated water mass originating near the shelf. The dissimilar

dFe concentrations in the surface layer might be explained by the influence of sea ice

and icebergs as previously mentioned.

It may seem counterintuitive that stations 5 and 6, both near the shelf break, do

not show any dFe enhancements at depth. The Antarctic Slope Front has been found

to vary both in strength and position in this region (Bindoff et al., 2000), which may

indicate similar variability in the ASC. The presence of meanders in the ASC as found

by Bindoff et al. (2000) further supports the notion of variability. It is thus possible

that the current prevented shelf waters from reaching stations 5 and 6, while allowing

them to influence stations 4 and 7, and possibly even station 1.

Biological implications

The data described in this study, combined with the sea-ice Fe data from Lannuzel et

al. (2014), allow an estimation of the fertilization potential of the available dFe at the

end of winter. Lannuzel et al. (2014) have calculated that the melting sea ice could

provide a total of 6 µmol m-2 dFe and 81 µmol m-2 biogenic pFe. Assuming that this Fe

is injected into a mixed layer (ML) of 25 m depth (Strutton et al., 2000) and is added

to an average background dFe concentration of 0.4 µmol m-3 (this study, see Table 2.2)

yields total ML dFe concentrations of 0.64 µmol m-3 for dFe, and 3.64 µmol m-3 for

dFe and biogenic pFe combined. With a C:Fe molar ratio of ∼70,000:1 for Southern

Ocean phytoplankton (Twining and Baines, 2013), and integrating over the ML, this

translates to 14 and 77 g C m-2, respectively. Comparing this number to the annual

primary production for the marginal ice zone in the Southwest Pacific sector of the

Southern Ocean, which Arrigo et al. (2008) estimate at 41.1 g C m-2 year-1, illustrates

that the dFe inventory present under the sea ice in spring, combined with the dFe from

melting sea ice, could support up to 34% of the annual primary production in this

area. Assuming that part of the biogenic pFe contained in sea ice is also bioavailable,
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up to 100% of the observed primary production could be supported. I acknowledge

the large uncertainty associated with the numbers in this calculation, but the results

highlight the importance of the sea-ice cover for building up an Fe reservoir within

and underneath the ice that has a significant fertilization potential.

2.5.4 Fe(II)

The most striking aspect of the Fe(II) data is the almost complete absence of Fe(II)

in the water column (Figure 2.6). While there are no other Fe(II) measurements from

this far south to compare the data to, this result is consistent with the observations

by Sarthou et al. (2011), who observed local minima in labile Fe(II) concentrations

associated with winter waters in the South Atlantic and attributed these minima

to the absence of biological activity. Most other Southern Ocean Fe(II) data are

restricted to the surface and/or stem from artificial Fe enrichment experiments and

are thus difficult to compare to this study (e.g., Bowie et al., 2002; Croot et al.,

2001, 2008, 2007; Croot and Laan, 2002). While Fe(II) concentrations during Fe

enrichment experiments may be as high as 1 nM (Croot et al., 2001; Croot and Laan,

2002), surface measurements from the unaltered Southern Ocean range from below

the detection limit to 30 pM, in line with my results (Bowie et al., 2002). To my

knowledge, there are no other Fe(II) data from below the seasonal sea ice in the

Antarctic. However, an inspection of the known sources of Fe(II) may help explain

the near-zero concentrations of Fe(II) in the presented dataset.

In the surface ocean, biological activity and photochemistry are thought to be

the main drivers of Fe(II) production, while at depth remineralization processes —

especially those associated with anoxic sediments — as well as hydrothermal inputs

contribute Fe(II) (e.g., Barbeau et al., 2001; Croot et al., 2001; Lohan and Bruland,

2008; Maldonado and Price, 2001; Rijkenberg et al., 2005; Sarthou et al., 2011; Sed-

wick et al., 2014; Statham et al., 2005). There are no known hydrothermal vent

systems in the study area, and the timing of the cruise – i.e. late winter/early spring

— makes remineralization processes in the water column as well as biological activity

in the surface waters improbable sources for Fe(II). Indeed, chl a concentrations were

very low, indicating pre-bloom conditions.

This leaves photochemistry and sedimentary processes as possible sources for

Fe(II). In the open ocean, the photochemical reduction of Fe is intrinsically linked to

biological activity, as it requires the presence of electron donors such as photoreactive
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Fe-ligands or chromophoric dissolved organic matter (CDOM), which are produced

either actively or as a byproduct by marine microbes (Barbeau et al., 2001; Nelson

et al., 1998, 2004; Rijkenberg et al., 2005; Rochelle-Newall and Fisher, 2002). Sea-ice

melting and brine exchange can be an important source of CDOM for the seasonally

ice-covered Southern Ocean (Kieber et al., 2009; Norman et al., 2011; Ortega-Retuerta

et al., 2010a,b). During SIPEX-2, the sea ice exhibited high porosity and brine chan-

nel connectivity, allowing for brine exchange with the water column below (Lannuzel

et al., 2014). Even though this could have contributed CDOM to the seawater, the

ice and its snow cover reduced the amount of solar radiation reaching the underlying

seawater; as a result, photochemical production of Fe(II) would have been minimal

or absent, consistent with my measurements. The only exception is station 5, where

Fe(II) was measurable in the surface waters to a depth of 100 m. Neither irradiance

nor air temperatures (as recorded by the ship’s underway system; data not shown)

were anomalously high, but it cannot be ruled out that a CDOM pulse from the sea

ice and/or biological activity enhanced Fe(II) production at this station.

The non-zero Fe(II) data at 1000 m at stations 6 and 7 are likely related to

sedimentary processes on the continental shelf, as these two stations lie closest to the

shelf break. Summertime phytoplankton blooms in surface waters above the shelf

provide organic matter to the sediments, supporting benthic Fe(II) fluxes (Berelson

et al., 2003; Lohan and Bruland, 2008). Isopycnal transport from the shelf could

therefore explain the observed elevated Fe(II) at depth. Similarly, the measurable

but low Fe(II) concentrations throughout the water column at station 7 may reflect

a sedimentary influence at all depths, as discussed for dFe in section 2.5.3.

2.6 Conclusions

Dissolved Fe concentrations under the seasonal pack ice in the East Antarctic were

found to be highly variable both vertically and horizontally, and were frequently ele-

vated up to five-fold relative to Southern Ocean background concentrations. Multiple

potential sources for this dFe enrichment were identified, including brine drainage

from sea ice, melting of icebergs and benthic fluxes from shelf sediments. In the

mixed layer, sea ice is expected to be the most important contributor to elevated dFe

concentrations, but budget considerations indicate that projected dFe fluxes from the

ice alone are insufficient to account for all observed excess dFe. Dissolution of partic-

ulates released from melting sea ice may account for the additional dFe observed in
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seawater.

The spatial variability of dFe may arise from both sporadic influences, such as

brine drainage and sea-ice melting, as well as long-range processes, such as transport

of dFe from the shelf break to the open ocean. Near the shelf, sedimentary processes

potentially influence dFe concentrations not only at depth but also throughout the

water column as dense shelf water is mixed into the ASC. Variability in currents and

fronts proximal to the shelf are thought to play an important role in creating the

observed dFe patchiness.

Fe(II) concentrations were generally low and mostly below the detection limit,

reflecting an absence of processes that generate Fe(II) during the study period. This

indicates that Fe(II) production in the surface layer depends on sea-ice melt and/or

biological activity in the water column as well as solar irradiance, i.e. that Fe(II)

supply is predominantly seasonal. At depth, Fe(II) was found to be elevated at two

stations near the shelf break. These Fe(II) enrichments likely originate from shelf

sediments.

In summary, dFe from multiple sources appears to build up under the seasonal sea

ice during winter and is expected to contribute to the formation of the spring bloom

as the ice retreats in this sector of East Antarctica. Dissolved Fe enrichments from

shelf sediments may be supplied to surface waters far from land through mixing and

upwelling.
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Chapter 3

Iron(II) variability in the northeast

subarctic Pacific Ocean

Schallenberg, C., Davidson, A.B., Simpson, K.G., Miller, L.A., Cullen, J.T. (2015).

Iron(II) variability in the northeast subarctic Pacific Ocean. In press in Marine

Chemistry.

3.1 Abstract

Distributions of dissolved iron (<0.2 µm, dFe) and its reduced form, Fe(II), were

measured during 3 cruises along Line P, a transect from the continental slope to the

high nutrient, low chlorophyll (HNLC) northeast subarctic Pacific Ocean. Concen-

trations of Fe(II) ranged from below the detection limit (4.3 pM or less) to 330 pM,

and dFe concentrations up to 3.6 nM. Maximum concentrations for both Fe(II) and

dFe occurred in waters over the continental slope, with Fe(II) consistently increasing

towards the bottom, consistent with Fe(II) supply from benthic sources on the con-

tinental slope. Low oxygen concentrations (∼10 µM) and pH (∼7.5) in the North

Pacific oxygen deficient zone (ODZ) likely serve to stabilize Fe(II) and may contribute

to enhanced dFe release from slope sediments via reductive dissolution. Concentration

gradients along isopycnal surfaces indicate that Fe(II) is transported several hundred

kilometers from the continental slope at depth, and there is evidence that episodic

events may advect shelf-derived Fe(II) similar distances near the surface. Compari-

son of transport times and Fe(II) half-lives suggests that it is unlikely for pre-formed

Fe(II) to be transported these distances, but that sedimentary particles advected off
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the shelf and slope may constitute a continuous source of Fe(II) both at depth and

near the surface. At the offshore stations, the Fe(II) time series reveals deep local

maxima that are transient in time and space and are consistent with a sporadic Fe(II)

source, such as remineralization of sinking particles.

3.2 Introduction

In about 40% of the surface ocean, primary production is limited by insufficient

availability of the micronutrient iron (Fe), which is essential for cellular functions

such as photosynthesis (Moore et al., 2002; Raven et al., 1999). Iron scarcity in

remote parts of the global ocean results from its low solubility in oxygenated seawater

combined with only sporadic and modest rates of supply (Duce and Tindale, 1991;

Jickells et al., 2005; Liu and Millero, 2002). The impact of Fe limitation is to diminish

the input to the biological carbon pump and, by extension, the ocean’s ability to

absorb carbon dioxide from the atmosphere (Martin, 1990; Sunda, 2010). Elucidating

the supply mechanisms and biogeochemical cycling of Fe in the ocean is therefore a

crucial step towards better understanding the links between marine biogeochemical

processes and climate.

The remote northeast (NE) subarctic Pacific Ocean is a high nutrient, low chloro-

phyll (HNLC) region of the world ocean where Fe limits primary productivity (Boyd

et al., 2004; Tsuda et al., 2005). Surface waters there receive Fe from intermittent

sources such as atmospheric deposition (Bishop et al., 2002; Boyd et al., 1998; Cru-

sius et al., 2011; Duce and Tindale, 1991; Hamme et al., 2010) and the penetration

of mesoscale eddies generated near shore (Brown et al., 2012; Johnson et al., 2005;

Lippiatt et al., 2011). In addition, Fe-enriched shelf waters may be advected offshore

as a result of tidal currents and coastal downwelling, and as part of the ocean general

circulation (Cullen et al., 2009; Lam and Bishop, 2008; Lam et al., 2006; Siedlecki

et al., 2012). Indeed, continental shelves are increasingly recognized to play an im-

portant role in supplying Fe to the open ocean on a global scale (Elrod et al., 2004;

Johnson et al., 1999), but the relative contribution of different sources to the global

Fe budget is still poorly constrained (Raiswell and Canfield, 2012).

In the NE subarctic Pacific, an extensive oxygen deficient zone (ODZ) between 600

and 1400 m depth adds to the complexity of the system. The low (∼10 µM) oxygen

(O2) waters in the core of the ODZ are in contact with sediments on the continental

slope, creating conditions conducive to reductive Fe dissolution, as has been observed
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in similar environments elsewhere (Homoky et al., 2012; Lohan and Bruland, 2008;

Noffke et al., 2012; Severmann et al., 2010). Indeed, Nishioka et al. (2007) observed

dFe (<0.22 µm) distribution patterns in the western subarctic Pacific that are con-

sistent with such a sedimentary Fe source, even with oxygen concentrations about 5

times higher in the western subarctic Pacific than in my study area.

In addition to facilitating reductive dissolution of Fe from the sediments, the low

O2 concentrations in the ODZ are expected to stabilize Fe(II), the reduced form of

dFe, in the water column. Fe(II) is more soluble in seawater than the oxidized form,

and it may also be more bioavailable to phytoplankton and bacteria (e.g., Kranzler

et al., 2011; Maldonado and Price, 2001; Shaked et al., 2005). However, Fe(II) is

unstable in the presence of O2, and its half-life is inversely proportional to the in situ

O2 concentration (Millero et al., 1987). Conditions in the ODZ, and their predicted

change with continued de-oxygenation of the subsurface ocean (Whitney et al., 2007),

are therefore expected to exert substantial influence on the supply and fate of dFe

from sedimentary sources on the continental shelf and slope.

The data presented here comprise a time series of Fe(II) along a transect in the

HNLC subarctic Pacific and allow an investigation into the temporal and spatial

variability in Fe(II), with a particular view towards identifying Fe sources and the

role of Fe(II) in supplying dFe to the subarctic NE Pacific.

3.3 Materials and Methods

3.3.1 Study area

Samples were collected during 3 cruises along the Line P transect in the northeast

subarctic Pacific Ocean. The cruises took place aboard the CCGS John P. Tully

in May/June 2012 (called the June 2012 cruise hereafter), August 2012 and August

2013. The sampling region lies between 48 and 50◦N and 125 and 145◦W (Figure 3.1)

and comprises 26 CTD stations, 5 of which are sampled intensively to characterize

water column chemistry. The transect covers the continental shelf and slope, but a

majority of stations are oceanic, with bottom depths greater than 3000 m. Of the

stations sampled for dFe and Fe(II), only P4 has a bottom depth of less than 3000

m, as it is located on the continental slope (bottom depth ∼1300 m).
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Figure 3.1: Map of the Line P transect in the subarctic NE Pacific. Major chemistry
stations are indicated, and underlying bathymetry is contoured at 1000 m intervals.

3.3.2 Sampling methods

Seawater sampling and handling followed GEOTRACES recommendations (Cutter

et al., 2010). During the June 2012 cruise, samples between 10 and 40 m at stations

P4, P20 and P26 were collected with a TeflonTM bellows pump, and at P16, samples

from 10 to 75 m were collected during a separate (short) cast using TeflonTM-lined

Niskin-X bottles mounted on a Kevlar line (see Table 3.1 for an overview). All

other samples on that cruise were collected with TeflonTM-lined 12 L GO-FLO bottles

(General Oceanics) mounted on a Kevlar line on the side of the ship and triggered with

TeflonTM messengers. On the two August cruises, a trace element clean rosette system

(TMR) with 12× 12 L TeflonTM-lined GO-FLO bottles, modelled after Measures et al.

(2008), was deployed from the stern of the CCGS John P. Tully.

Note that with the TMR, bottles are closed on the upcast and surface bottles

are thus closed last, so that minimal time elapses between closing these bottles and

sampling, i.e. 10–30 minutes. The situation is reversed with the Kevlar line, where

bottles are triggered sequentially starting at the surface, and up to 2.5 h may pass

before these bottles can be sampled, due to the time it takes for the Teflon messenger

to reach the deeper bottles. See Table B.1 in Appendix B for a comparison between
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June 2012 August 2012 August 2013

Stn
Depths

(m)
Sampling Analysis Sampling Analysis Sampling Analysis

P4 10–40 Pump Fe(II), dFe TMR Fe(II) TMR Fe(II), dFe

50–1200 GO-FLOs Fe(II), dFe TMR Fe(II) TMR Fe(II), dFe

P12 10–2000 GO-FLOs Fe(II), dFe TMR Fe(II) TMR Fe(II), dFe

P16 10–75 Niskin-X Fe(II), dFe - - TMR Fe(II), dFe

100–2000 GO-FLOs Fe(II), dFe - - TMR Fe(II), dFe

P20 10–35 Pump Fe(II), dFe - - TMR Fe(II), dFe

75–2000 GO-FLOs Fe(II), dFe - - TMR Fe(II), dFe

P26 10–35 Pump Fe(II) - - TMR Fe(II), dFe

50–2000 GO-FLOs Fe(II), dFe - - TMR Fe(II), dFe

Table 3.1: Overview of sampling methods and analyses on the respective cruises.
Italicized text indicates daytime sampling.

expected Fe(II) half-lives and time elapsed between closing of bottles and analysis. It

is reasonable to assume that steady-state conditions are maintained in closed bottles

from below the sunlit surface layer, i.e. Fe(II) production and loss terms are not

altered in the bottle. During daylight hours in the photic zone, where photochemical

production of Fe(II) is expected to be significant, closing of bottles may lead to a

sampling bias towards lower Fe(II) concentrations. The strength of the bias depends

on the Fe(II) half-life and the time that elapsed between bottle closing and sampling;

however, the bias may be weakened or even negligible due to the presence of Fe(II)-

stabilizing organic ligands (e.g., Roy et al., 2008).

GO-FLO samples for dFe and Fe(II) were filtered through 0.2 µm AcroPakTM

500 filters (Pall) in a trace metal clean container, while samples from the pump were

filtered with a 0.2 µm Opticapr capsule filter (Millipore) in a trace metal clean flow

bench. All plasticware was extensively acid-cleaned according to GEOTRACES pro-

tocols (Cutter et al., 2010). Samples for dFe analysis were collected into 500 mL

low-density polyethylene bottles, and acidified to pH 1.7 with Seastar Baseline hy-

drochloric acid (HCl) in the laboratory in Victoria, and stored at room temperature.



42

Seawater for Fe(II) determination was collected in 60 mL TeflonTM bottles and ana-

lyzed immediately.

3.3.3 Dissolved Fe

Dissolved Fe (dFe) in this study is operationally defined as the Fe fraction that passes

through a 0.2 µm filter. Note that dFe data are only available for the June 2012 and

August 2013 cruises, and that they frequently have less depth resolution than the

corresponding Fe(II) data.

Dissolved Fe was measured using a modified flow injection analysis (FIA) method

that relies on detection of Fe(III) with the chemiluminescent reagent luminol (de Jong

et al., 1998; Obata et al., 1993). Samples and standards were treated with hydrogen

peroxide (H2O2; final concentration = 10 µM) at least 3 hours prior to measurement

to oxidize any Fe(II) that might be present. This time frame is a departure from

the 15 minutes recommended by Lohan et al. (2006), but preliminary studies in our

laboratory showed that a longer reaction time is necessary to recover all Fe(III) when

high natural concentrations (e.g., >1 nM) are present. The system buffers the samples

in-line to pH = 4 with 0.12 M ammonium acetate before passing them for 2 minutes

through a pre-concentration column packed with chelating iminodiacetic acid (IDA,

Toyopearl, AF Chelate 650M). A solution of 0.1 M HCl (Seastar) then elutes Fe(III)

from the resin and mixes with 0.96 M ammonium hydroxide (NH4OH), 1.6 M H2O2

and 0.1 mM luminol containing 0.3 mM tetraethylenepentamine (TEPA) and 2.5 mM

sodium hydroxide (NaOH), yielding an optimum luminol chemiluminescence reaction

pH of 10. The resulting solution is passed through a ∼5 m mixing coil maintained

at 35◦C before entering a spiral flow cell mounted in front of a photomultiplier tube

(Hamamatsu HC 135-11). Flow rates for the respective solutions were as follows:

4.8 mL min-1 for sample, 0.9 mL min-1 for NH4OH, H2O2, HCl and luminol, and

0.3 mL min-1 for the ammonium acetate buffer.

System blanks were 0.049 ± 0.024 nM (n = 12), yielding a detection limit (3 ×
blank standard deviation) of 0.07 nM. Results for SAFe reference materials for dFe

were in good agreement with consensus values (Table 3.2).

3.3.4 Fe(II)

Fe(II) was determined by luminol chemiluminescence detection and the set-up of the

system varied somewhat between cruises. Samples were not acidified and reported
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Reference

standard
# of analyses

Measured

(nmol L−1)

Calculated

(nmol kg−1)

Consensus value

(nmol kg−1)

D2 10 0.95± 0.06 0.93± 0.06 0.933± 0.023

D1 (22) 4 0.69± 0.02 0.67± 0.02 0.67± 0.04

S 4 0.08± 0.01 0.08± 0.01 0.093± 0.008

Table 3.2: Results for dFe analyses of SAFe reference materials with 1 standard devi-
ation. For conversion to nmol kg−1, seawater density was assumed to be 1.025 kg L−1.

values are not corrected for Fe(II) losses due to oxidation. During the 2012 cruises,

I followed the approach of Hansard and Landing (2009), but did not acidify sam-

ples to prevent reduction of Fe(III) that might bias Fe(II) measurements. In their

configuration, sample and luminol reagent are pumped simultaneously into a spiral

flow cell made of flexible TygonTM tubing (ID = 0.7 mm) that is mounted in front

of a photomultiplier tube (Hamamatsu H9319-01) in a custom-made light-tight box.

Flow rates for luminol and sample were ∼4.5 mL min-1. The photomultiplier tube

was operated at 900 V with a 200 ms integration time. Photon counts were recorded

using FloZF software (GlobalFIA, Fox Island, WA USA) and were averaged over 10-

second intervals with 5 replicates for each sample and standard. The mean absolute

standard deviation of these repeat measurements was 2.3± 2.5 pM.

During the 2013 cruise, an injection valve (Valco) was included in the set-up,

similar to the system described by Croot and Laan (2002). Milli-Q was used as a

carrier and was pumped at a flow rate of 6.5–7 mL min-1, while luminol and sample

were pumped at 4.5–5 mL min-1. The injection loop had a volume of 1.2 mL. Peak

height was determined after slight smoothing (3-point running mean) and subtraction

of the baseline using FloZF software. The average of 4 replicate measurements was

calculated for each sample, and the mean absolute standard deviation of these was

2.4 ± 0.4 pM. For a more detailed discussion of differences in procedures between

cruises, see Appendix B.

Settings on the photomultiplier tube and reagents used were identical during all

3 cruises. Sampling always began within minutes after the first GO-FLO bottle

(starting from the surface) arrived in the clean container (except at P4 during August

2012, where 30 minutes elapsed before the first sample was drawn), and samples were

analyzed within 2 minutes of filtration. Pump samples were analyzed immediately
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after filtration.

Details of calibration procedures and reagents are described in Schallenberg et al.

(2015b). Briefly, 0.75 mM luminol containing 3.2 mM sodium carbonate (Na2CO3)

was adjusted to pH 10.0 with small amounts of concentrated NH4OH and HCl. A

10 mM standard of ammonium iron(II) sulfate hexahydrate was prepared fresh in

0.1 M Seastar HCl and considered stable in the fridge for up to a month. From this

stock, intermediate standards (50 µM and 50 nM) were prepared in 0.05 M Seastar

HCl no more than 10 minutes prior to measurement. Fe(II) calibration curves were

obtained by adding Fe(II) standard (final concentration 0–400 pM) to cooled seawater

(to match sample temperatures) that had been collected earlier at the same station

(between 20 and 150 m depth) and had been left in the dark for >12 hours at ambient

temperature to allow all Fe(II) to decay. Especially for stations near the coast, it

is important to match standard seawater to samples, as negative values otherwise

frequently result. This effect is most likely connected to varying concentrations of

dissolved organic matter in the seawater, which can reduce the sensitivity of the

luminol method (O’Sullivan et al., 1995). The analytical set-up was tested for its

sensitivity to the presence of H2O2, and it was determined that the bias from up

to 200 nM H2O2 is negligible, yielding a chemiluminescence signal that is below the

detection limit of the analytical method for Fe(II).

The system was exposed to fluorescent light to increase luminol sensitivity, as

described in Schallenberg et al. (2015b). However, the light also increases background

chemiluminescence of the luminol, so that a standard curve will have a non-zero

intercept. This is true even with an injection valve, as the background luminescence

with seawater is higher than that with milli-Q, as has been previously observed (Croot

and Laan, 2002). This intercept was routinely subtracted from the measured photon

counts for samples and standards. Detection limits (3 × standard deviation of the

zero standard) ranged from 1.9± 0.7 to 4.3± 1.8 pM between cruises (Table 3.3).

3.3.5 Fe(II) half-life calculation

Fe(II) half-lives were calculated based on the Fe(II) oxidation rate with O2, following

the approach of Millero et al. (1987). Briefly, the oxidation rate of Fe(II) with O2

was estimated as a function of hydroxide (OH−) concentration, temperature, ionic

strength and O2 concentration. While temperature and O2 concentration were mea-

sured directly by sensors on the shipboard CTD package, ionic strength was calculated
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Cruise
Detection limit

± 1 s.d. (pM)
# of measurements Injection valve?

June 2012 1.9± 0.8 10 No

August 2012 2.6± 1.2 4 No

August 2013 4.3± 1.8 16 Yes

Table 3.3: Fe(II) detection limits for the respective cruises, determined as 3 × stan-
dard deviation (s.d.) of the zero standard.

from CTD salinity (Millero et al., 1987). The dissociation constant of water, Kw, was

used to calculate OH− concentrations from measured pH, and was corrected for ionic

strength effects, temperature and pressure (Millero et al., 1987; Millero, 1995). The

pH (total scale) was measured at sea on an Agilent 8543 spectrophotometer using a

3.0 mM solution of m-cresol purple (Dickson et al., 2007), with a precision of 0.003,

based on duplicate measurements of replicate samples. The CO2SYS carbonate equi-

librium program was used to adjust the pH to in situ temperature and pressure (Lewis

and Wallace, 1998), as pH had been measured at 25◦C in the shipboard laboratory.

I used inputs of dissolved inorganic carbon (DIC) from a Line P cruise in June 2007,

as no 2012 data are available at this time. However, the CO2SYS calculation is very

insensitive to this input parameter.

The Fe(II) half-life (t1/2) is inversely proportional to the Fe(II) oxidation rate, k
′
,

as follows:

t1/2 = ln(2)/k
′

(3.1)

The oxidation rate depends on a number of factors such as temperature, ionic

strength and concentration of oxidants (see the Appendix B for details about esti-

mating k
′
). My calculation ignores the contribution of H2O2 to the oxidation of Fe(II)

because H2O2 was not measured. The calculated Fe(II) half-lives are therefore likely

overestimates (see Appendix B for a closer examination of how different estimates

influence outcomes), especially where H2O2 concentrations and production rates are

highest, e.g. near the ocean surface (Millero and Sotolongo, 1989; Yuan and Shiller,

2004) and in coastal waters (Vermilyea et al., 2010). Also note that only Fe(II)

half-lives for the June 2012 cruise are shown, but the variability in environmental

conditions is not expected to change Fe(II) half-lives significantly between cruises.
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3.4 Results

3.4.1 Fe(II)

Fe(II) showed considerable variability within profiles and between cruises (Figures 3.2

and 3.3). The Fe(II) concentrations measured during the 3 cruises ranged from below

the detection limit to >300 pM. At the 3 offshore stations (P16-P26), concentrations

rarely exceeded 40 pM with the exception of P26 in June 2012 (Figure 3.2 A-C). The

median of all measured Fe(II) concentrations at these 3 stations was 16 pM. Deep

local maxima at the offshore stations varied between cruises and stations but tended

to coincide with the upper reaches of the ODZ. Though depth resolution around

local maxima was generally low, the profile from P12 in August 2013 shows a deep

maximum that is supported by two measurements from different casts and different

GO-FLO bottles (Figure 3.2D and Section B.3 in Appendix B), increasing confidence

that deep local maxima are not the result of contamination.

Closer to the shelf at P4 and P12, higher Fe(II) concentrations were more preva-

lent, and for the most part, the profiles showed persistent patterns. At P12, Fe(II)

concentrations generally increased with depth from the surface to about 1000 m and

then decreased again deeper in the water column, with maximum values around

50 pM. However, the profile from June 2012 stands out with a striking feature in the

upper 300 m: not only were the surface values exceptionally high (close to 90 pM),

but there was also an Fe(II) peak at 150 m that showed similarly high Fe(II) con-

centrations. At P4, the general trend was that Fe(II) concentrations increased with

depth. The highest Fe(II) concentrations for each cruise were always measured at P4

between 1000 and 1200 m, with concentrations well above 100 pM.

There is no clear trend in Fe(II) concentrations between cruises, but there was a

much higher level of variability between stations during the June 2012 cruise than

the August 2013 cruise (Figure 3.3). This is also reflected in the Fe(II) percentage

of total dFe (Figure 3.4 A and B). In August 2013, the Fe(II) percentage at depth

never exceeded 10% and showed little difference among profiles. However, numbers

were consistently higher in surface waters, i.e. above 150 m. In June 2012, Fe(II)

percentages were more variable among stations, but the general profile shape, with

elevated values near the surface and lower Fe(II) percentages at depth, remained.

In June 2012, P12 and P26 appeared to have an elevated Fe(II) fraction (of dFe)

compared to the other stations. Interestingly, the station closest to shore (P4) does
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not stand out in terms of Fe(II) percentages on either cruise, even though absolute

Fe(II) concentrations were highly elevated relative to stations farther offshore.

3.4.2 dFe

Dissolved Fe profiles for June 2012 and August 2013 are shown in Figure 3.5. As

is the case for Fe(II), the highest concentrations were encountered at depth at P4,

reaching >2 nM. At all other stations, dFe concentrations did not exceed 1 nM.

In June 2012, the profiles showed high variability in the upper 200 m compared to

August 2013, where surface concentrations were low for all stations (<0.2 nM) and

increased with depth. Deeper in the water column, profile shapes and concentration

ranges were more variable in August 2013 than in June 2012. For the latter, the 3

offshore stations (P16-P26) were in good agreement at depths greater than 200 m,

showing a steady increase in dFe concentrations to a depth of 800–1000 m and a

slight decrease below. Station P12 exhibited a similar trend but with generally lower

concentrations, i.e. reaching only up to 0.65 nM compared to 0.92 nM at station P26.

In August 2013, the deep dFe concentrations generally decreased from P12 to P26,

with concentrations at P26 below 0.61 nM.

3.5 Discussion

The presented data are consistent with the known sources of dFe to coastal and

open-ocean waters including river runoff, sediment resuspension, and reductive and

non-reductive dissolution (Buck et al., 2007; Elrod et al., 2004; Homoky et al., 2013;

Johnson et al., 1999; Lohan and Bruland, 2008). From the shelf, Fe-enriched waters

can be transported offshore by anticylonic eddies (Brown et al., 2012; Johnson et al.,

2005; Lippiatt et al., 2011) and cross-shelf transport, e.g. resulting from tidal currents

(Cullen et al., 2009), downwelling events (Siedlecki et al., 2012) and advection related

to the general circulation (Lam and Bishop, 2008; Lam et al., 2006). In addition,

atmospheric deposition and hydrothermal vents may supply dFe to offshore waters

(e.g., Bishop et al., 2002; Hamme et al., 2010; Tagliabue et al., 2010).

There is no evidence of mesoscale eddies for the three research expeditions, and the

only known hydrothermal vent fields proximal to the study area, i.e. the Endeavour

Hydrothermal Vents, are found more than 250 km distant from Line P and at a

depth of ∼2250 m, which is deeper than our deepest measurements. Therefore, these
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Figure 3.5: Dissolved Fe profiles (nM) for June 2012 (A) and August 2013 (B). Error
bars are equivalent to one standard deviation from either replicate samples or replicate
measurements.

potential sources of dFe are not considered to explain the distributions presented

here. However, most other processes mentioned above are expected to influence the

dFe and Fe(II) concentrations either directly or indirectly and will be discussed in

more detail below.

3.5.1 Fe(II) on the continental slope

To my knowledge, the presented data comprise the first time series of Fe(II) in the

subarctic Pacific Ocean. There are few studies from this oceanic region for compar-

ison. Roy and Wells (2011), sampling on the continental shelf north of Vancouver

Island in May 2007, found no detectable Fe(II). This contrasts with the continental

slope station in my dataset, P4, which had the highest Fe(II) concentrations mea-

sured on all three cruises (Figure 3.2), one of which (June 2012) was during the same
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season sampled by Roy and Wells. However, their measurements were restricted to

the upper 180 m of the water column and likely did not encounter low-O2 water. The

low O2 concentrations in deep waters at P4 (<10 µM, Figures 3.2 and 3.6) serve to

stabilize Fe(II) by slowing its oxidation rate and prolonging its half-life (Figure 3.4C),

thus enabling the accumulation of Fe(II).

In hypoxic (<65 µM O2) shelf waters off the coast of Washington and Oregon,

Lohan and Bruland (2008) found Fe(II) concentrations up to 19 nM in the bottom

boundary layer (BBL) and attributed these to slow oxidation rates and increased

Fe(II) flux from reducing sediments. For bottom waters off Peru containing <10 µM

O2, Hong and Kester (1986) reported Fe(II) concentrations up to 40 nM, decreasing

markedly at 30–40 m above the seafloor. My deepest measurements for P4 are from

1200 m, which is >100 m above the seafloor and clearly above the BBL, based on

beam attenuation. Therefore, I cannot directly compare my results to these literature

data but contend that I see a marked Fe(II) increase with depth, consistent with the

pattern observed by Hong and Kester (1986) in the main water column.

Maximum Fe(II) concentrations at P4 were up to 10 times higher than at the

other stations, and the trend of steadily increasing concentrations with depth per-

sisted through time (Figure 3.2E). The increasing Fe(II) concentrations are accom-

panied by decreasing O2, and calculated half-lives for Fe(II) are maximal at about

800 m (Figure 3.4C). However, O2 alone is insufficient to explain the observed Fe(II)

patterns. For example, Fe(II) half-lives farther offshore, e.g. at P26, are only a factor

2 lower than at P4, whereas Fe(II) concentrations at P26 are up to 4 times lower

(August 2013). This discrepancy illustrates an important distinction, namely that

low O2 concentrations are able to stabilize Fe(II) in the water column, but are un-

likely to be responsible for producing Fe(II). This is further highlighted by the fact

that there is no discernible relationship between calculated Fe(II) half-life and the

observed Fe(II) fraction of dFe (Figure 3.4). Indeed, thermodynamic considerations

(Morel and Hering, 1997) indicate that given the pH and O2 concentrations prevalent

in the ODZ of the subarctic Pacific Ocean, expected Fe(II) concentrations at equilib-

rium with the O2/H2O redox couple would be several orders of magnitude lower than

were measured, implying that in situ processes must be maintaining Fe(II) levels in

the picomolar range.
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Figure 3.6: Cross-section along Line P of oxygen concentrations (µmol kg−1; colours)
and density distribution (σT , contours) for June 2012. Data interpolated from the
shipboard CTD, with station spacing 1◦ longitude or better. Data courtesy of the Line
P/Station P program run by the Institute of Ocean Sciences, Fisheries and Oceans
Canada, Sidney, BC.

3.5.2 Fe(II) sources: Sediments

The Fe(II) data from P4 support a sedimentary source, such as particle re-suspension

and reductive dissolution (Homoky et al., 2012; Hong and Kester, 1986; Lohan and

Bruland, 2008; Severmann et al., 2010). Earlier studies have found increased concen-

trations of Fe-containing particles in the water column at P4 relative to the offshore

stations, suggestive of a strong benthic influence (Lam et al., 2006; Nishioka et al.,

2001).

Reductive dissolution has been observed repeatedly in environments where the

sediment-water interface is poorly oxygenated (Homoky et al., 2012; Lohan and Bru-

land, 2008; Noffke et al., 2012; Severmann et al., 2010). Low O2 concentrations at

the sediment-water interface are found at P4 as well as stations closer to the shelf

(Figure 3.6). These low O2 concentrations not only stabilize Fe(II) in the BBL, but

also enhance the diffusive Fe(II) flux from sediments, as the shallow O2 penetration

leads to reduced oxidative loss of Fe(II) in pore waters (Homoky et al., 2012; Lohan

and Bruland, 2008; Severmann et al., 2010). The Fe(II) data for P4 (Figure 3.2) is

thus consistent with reductive Fe release from the sediments.
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The decreasing Fe(II) concentrations from the bottom towards the surface at P4

most likely reflect both upward mixing of Fe(II) from the BBL and transport along

isopycnals intersecting with slope sediments closer to shore. With decreasing depth,

the lateral distance from slope sediments increases, leading to longer transport times

along isopycnals and therefore greater loss of Fe(II). In addition, increasing O2 levels

above the O2 minimum around 900 m (Figure 3.6) will intensify oxidative loss of

Fe(II) towards the surface.

3.5.3 dFe on the continental slope

The dFe concentrations at P4 are up to 3-fold higher than at the offshore stations,

reaching >3 nM (Figure 3.5). Concentrations of similar magnitude, up to 5 nM, have

been reported for stations on and near the shelf in the eastern and northern Gulf of

Alaska (e.g., Cullen et al., 2009; Johnson et al., 2005; Lippiatt et al., 2010; Xiu et al.,

2011). Earlier data along Line P similarly indicate that dFe concentrations in the

range of 2 nM are not unusual at P4 (Nishioka et al., 2001). As discussed above for

Fe(II), it is likely that the proximity to the slope as well as the low O2 concentrations at

depth contribute to the elevated dFe, consistent with a sedimentary — and reductive

— source for dFe.

Freshwater sources such as the outflow from the Strait of Juan de Fuca may

also contribute dFe to waters on the continental slope. Enhanced dFe input from

freshwater systems entering the ocean has been observed for rivers along the west

coast of the U.S. (Buck et al., 2007; Chase et al., 2005a). Chase et al. (2007) describe

a mechanism for the supply of Fe involving river discharge in winter that supplies

Fe to shelf sediments, followed by upwelling in summer that brings the Fe back to

the surface, where it is available for primary production. In this scenario, the shelf

acts as a “capacitor” for riverine Fe (Chase et al., 2007), and river discharge and

upwelling act in tandem to bring Fe to the surface at a time when it can fuel primary

production.

However, the situation in the Strait of Juan de Fuca differs in that the fluvial

outflow is separated from the shelf by an enclosed coastal sea. As waters travel

from river to ocean, estuarine circulation and intense tidal mixing increase their salt

content, likely causing substantial loss of dFe to precipitation (Boyle et al., 1977),

although dFe concentrations in the Strait of Juan de Fuca have not to my knowledge

been measured. In addition, waters leaving the strait tend to flow northward along
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the inner shelf in the Vancouver Island Coastal Current (Thomson et al., 1989),

with little connection to the outer shelf. A portion of the Juan de Fuca outflow is

also advected into the Juan de Fuca Eddy that is a regular feature at the mouth of

the strait and contributes macronutrients to continental shelf waters via cross-shelf

advection (MacFadyen et al., 2008). It is unclear, however, how much dFe could be

deposited on the shelf and slope from this source.

During summer, coastal upwelling combined with wind mixing enhances the sup-

ply of macronutrients to surface waters on the Vancouver Island shelf (e.g., Crawford

and Dewey, 1989). Even without a substantial riverine source supplying shelf sed-

iments with Fe as described by Chase et al. (2007), it is likely that dFe associated

with shelf sediments may reach surface waters over the shelf during upwelling events,

as the shelf depth is generally ≤200 m (e.g., Whitney et al., 2005). Shelf waters are

highly productive during summer (Crawford and Dewey, 1989; Hickey and Banas,

2008; Sackmann et al., 2004; Whitney et al., 2005), so remineralization in the sedi-

ments is a likely dFe source on the shelf (Elrod et al., 2004; Johnson et al., 1999).

However, it is difficult to know how much of the upwelled dFe would reach P4 (which

lies ∼50 km from the shelf break), as phytoplankton will quickly utilize Fe in the

well-lit surface layer. In summary, the presented data do not allow me to weigh the

relative contributions from different dFe sources on the continental slope, but profiles

at P4 are consistent with supply from the sediments playing an important role.

3.5.4 Offshore dFe

Martin et al. (1989) reported the first dFe concentrations for Station P26 (Station

Papa), ranging from <0.1 to 0.7 nM between the surface and 4000 m. More recent

studies in the Gulf of Alaska have found concentrations of a similar range, with

maximum values close to 1 nM at depth (Brown et al., 2012; Johnson et al., 2005;

Roy and Wells, 2011; Xiu et al., 2011), in line with my observations for stations

P12-P26 (Figure 3.5).

There is also evidence for considerable seasonal and year-to-year variability in

dFe at P26. For example, Johnson et al. (2005) report dFe concentrations at P26

below 100 m depth that approach those seen in a Haida eddy but are not associated

with eddy activity. They attribute the elevated dFe to increased upwelling of Alaska

Gyre waters during a La Nina year (Johnson et al., 2005). Nishioka et al. (2001) also

observed variability in dFe concentrations at P26 for different cruises and speculated
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that this might reflect variable remineralization patterns. In addition, there is indirect

evidence that sporadic atmospheric deposition may introduce biologically labile Fe to

the subarctic NE Pacific, leading to increased primary production (Bishop et al., 2002;

Boyd et al., 1998; Hamme et al., 2010). The cruise-to-cruise variability in the dFe data

at the offshore stations is thus consistent with the temporal and spatial variability of

Fe sources to the remote subarctic Pacific and the relatively short residence time of

dFe in seawater.

3.5.5 Offshore Fe(II)

The range of Fe(II) concentrations at the offshore stations is similar to previous ob-

servations in this region. For example, Roy et al. (2008) report Fe(II) concentrations

up to 50 pM in surface waters of the NE subarctic Pacific, though they did not de-

tect any Fe(II) below 50 m. In another study, Roy and Wells (2011) did not detect

any Fe(II) at all at station P26 during two cruises. This is in contrast to the data

of Hansard et al. (2009) for a transect along 152◦W from Tahiti to Alaska, where

they found Fe(II) concentrations up to 60 pM. The two studies employed different

methodologies, which could account for some of the differences. Hansard et al. (2009)

acidified their samples to pH 6, which prolongs the Fe(II) half-life and may reduce

some of the Fe(III) present, while Roy and Wells (2011) did not acidify. My samples

were not acidified either, but my results (Figures 3.2-3.4) agree well with those of

Hansard et al. (2009), both in terms of the observed range of concentrations and in

the shapes of the profiles, with higher Fe(II) fractions near the surface (Hansard et

al., 2009).

However, the actual Fe(II) concentrations (as opposed to the Fe(II) fraction of

dFe) do not consistently show surface maxima in my data set (Figures 3.2 and 3.3).

While there are some surface maxima in the Fe(II) data from June 2012 (Figure

3.3), such maxima are only barely evident in August. This might be a result of

the different sampling methods used during the cruises, i.e. pumping from the surface

waters in June 2012, and GO-FLOs on the TMR for the other cruises. It is likely that

less Fe(II) would be lost to oxidation during pump sampling, with only 1–2 minutes

passing between sampling and analysis, compared to 10–30 minutes between closing

of surface GO-FLO bottles and analysis. Pump sampling was undertaken during

both day and night, and surface maxima were not restricted to daytime sampling

(e.g. P20, June 2012), so they are unlikely to result from exposure to sunlight during
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the pumping process.

The surface maxima in Fe(II) percentage, as well as Fe(II) concentration, when

they occurred (Figures 3.3 and 3.4), are suggestive of photochemical and biological Fe

reduction in the well-lit layers of the water column (Hansard et al., 2009; Hong and

Kester, 1986; Sarthou et al., 2011). Fe(II) maxima are evident near the surface during

both day and nighttime sampling, consistent with the observations by Hansard et al.

(2009) in the North Pacific. This indicates that Fe(II) is either being stabilized by

ligands, as has been suggested by several authors (e.g., Croot et al., 2001; Roy et al.,

2008), or that processes independent of solar radiation, such as Fe reduction at cell

surfaces (Maldonado and Price, 2001; Shaked et al., 2005), play an important role.

As a whole, the Fe(II) concentrations reported here are considerably lower than

what has been observed in ODZs in other parts of the world. In the ODZ of the

eastern tropical North Pacific, for example, Hopkinson and Barbeau (2007) measured

maximum Fe(II) concentrations around 0.12–0.15 nM at O2 concentrations <5 µM.

In the Arabian Sea, Moffett et al. (2007) observed Fe(II) concentrations >0.5 nM

at the O2 minimum, accounting for up to 50% of dFe. Oxygen concentrations in

the Arabian Sea ODZ can be <1 µM, while in the NE subarctic Pacific the lowest

O2 concentrations are around 10 µM (excluding P4, where O2 was as low as 7 µM).

This may explain at least in part why Fe(II) concentrations and Fe(II) fractions

were considerably lower than were reported in these other studies. However, a later

research campaign in the Arabian Sea found maximum Fe(II) concentrations around

0.3 nM at similar O2 and dFe concentrations as the earlier study by Moffett et al.

(2007), suggesting that Fe(II) varies with factors other than O2 and dFe (Kondo and

Moffett, 2013).

3.5.6 Offshore transport of slope-derived dFe and Fe(II)

The beam transmittance data for P4 from all three cruises showed decreased trans-

mittance near the seafloor, consistent with particle re-suspension near the sediment-

water interface. Particle re-suspension is frequently assumed to be a source of dFe,

and shelf sediment signatures have been detected hundreds of kilometres offshore in

various locations (e.g., de Jong et al., 2012; Johnson et al., 1999; Nishioka et al., 2007;

Shigemitsu et al., 2013). With respect to the NE Pacific, previous studies have found

highly elevated concentrations of particulate and labile Fe at P4 (Lam et al., 2006;

Nishioka et al., 2001), consistent with offshore transport of shelf- and slope-derived
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waters.

The deep Fe(II) maxima evident around 1000 m at P4 and P12 (Figure 3.2) are

suggestive of offshore transport of slope-derived Fe(II). Indeed, the high Fe(II) concen-

trations appear on similar density surfaces (Figure 3.3), supporting the interpretation

that they are linked by along isopycnal transport. To verify whether such transport is

realistic, I calculated Fe(II) half-lives for the June 2012 cruise, following the approach

of Millero et al. (1987). As shown in Figure 3.4, maximum half-lives close to 350 h are

found in the ODZ at station P4. This should be considered an upper limit because

oxidation by agents other than O2, e.g. H2O2, was not taken into consideration. As

well, calculated half-lives are highly sensitive to the choice of model (see Appendix B

for details), and should therefore be regarded as approximations only.

The distance between P4 and P12 is ∼300 km, and Fe(II) concentrations decrease

from ∼180 to ∼45 pM at the depth of the local maxima, which translates into 2 half-

lives, i.e. ∼700 hours. Isopycnal transport would thus have to be on the order 0.4 km

h−1 or 0.12 m s−1 for Fe(II) to be transported from P4 to P12. This is about an order

of magnitude higher than the upper end of estimated velocities for offshore transport

from the continental slope in a model simulating dFe transport in eastern boundary

upwelling systems, such as the Vancouver Island shelf (Siedlecki et al., 2012). It is

therefore unlikely for pre-formed Fe(II) to be transported along isopycnals from P4

to P12, but transport of sedimentary particles may provide a continuous supply of

Fe(II), as will be discussed below.

The concentration profiles do not suggest that the deep Fe(II) signature from the

continental slope persists offshore beyond P12. Even though the June 2012 data show

Fe(II) maxima in the ODZ at P16-P26, these maxima do not lie on the same density

surfaces (Figure 3.3). While it is possible that different isopycnal surfaces intersect

with shelf sediments at different times due to up- and downwelling near the coast,

there is no clear trend of decreasing Fe(II) concentrations with distance from the

continental slope as would be expected if the Fe(II) maxima were slope-derived. It

is also conspicuous that the offshore data from August 2013 show no clearly defined

Fe(II) maxima on the density surfaces in question. It is therefore highly unlikely that

the localized Fe(II) maxima at stations P16-26 are derived from the continental slope.

Interestingly, the dFe data do not indicate offshore transport of deep waters be-

yond P4 (Figure 3.5). In June 2012, dFe at P12 below 200 m is lower than at any

other station, disrupting any coherent onshore-offshore gradient. The data from Au-

gust 2013 may indicate a dFe gradient below 400 m depth, from P4 to P26, but this
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pattern is absent in the June 2012 data.

3.5.7 Fe(II) sources: Remineralization

Local maxima in Fe(II) concentrations in offshore waters are transient and tend to

coincide with the upper reaches of the ODZ (e.g. P16, August 2013, 700 m, and

P26, June 2012, 800 m, Figure 3.2), rather than with the lowest O2 concentrations

or longest Fe(II) half-lives (Figures 3.2 and 3.4), and the positions of local maxima

differ between cruises and stations. This is consistent with an Fe(II) source that is

transient and possibly seasonal, such as remineralization of sinking particles, as has

been suggested previously for Fe(II) in ODZs distant from the continental shelf and

slope (Hopkinson and Barbeau, 2007; Kondo and Moffett, 2013; Moffett et al., 2007).

Assuming a power function to describe the decrease in particle flux with depth

(Martin et al., 1987), the rate of remineralization should be highest in the upper re-

gion of the ODZ where the particle flux is highest. Consequently, this is where local

maxima in Fe(II) would be expected if Fe(II) production were a result of remineral-

ization of sinking particles. Evidence for this scenario comes not only from my data,

but also from the study by Moffett et al. (2007) in the ODZ of the Arabian Sea.

They found that the local Fe(II) maximum was associated with the secondary nitrite

maximum and that deeper in the ODZ, where O2 concentrations were still low but

a nitrite maximum was absent, there was no Fe(II) maximum (Moffett et al., 2007).

Discussing this observation, these authors point to a pronounced nepheloid layer that

coincided with the secondary nitrite maximum and likely consists of bacteria, sug-

gesting that the Fe(II) maximum at the same depth may be connected to in situ

remineralization associated with denitrification (Moffett et al., 2007). Revisiting the

Arabian Sea 5 years later, Kondo and Moffett (2013) came to a similar conclusion,

observing that local Fe(II) maxima are a persistent feature (as are the nitrite max-

ima), although their magnitude may vary seasonally with primary productivity in

the overlying water column. A possible connection between denitrification and Fe(II)

production is further supported by the discovery that marine anammox bacteria of

the genus Scalindua are able to reduce Fe(III) as well as Mn(IV), providing a possible

link between fixed nitrogen loss processes and Fe(II) production (van de Vossenberg

et al., 2008).

The Arabian Sea is a major contributor to global water column denitrification

(DeVries et al., 2012), as is the eastern tropical North Pacific, where Hopkinson and
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Barbeau (2007) measured elevated Fe(II) in the ODZ. However, O2 concentrations

in the ODZ of the subarctic NE Pacific are not considered low enough to support

widespread denitrification, which could explain the lower Fe(II) concentrations ob-

served in this study. But it is possible that denitrification in micro-environments

associated with settling particles contributes to the Fe(II) measured in the NE Pa-

cific (Wright et al., 2012).

3.5.8 Fe(II) sources: Eolian dust

Buck et al. (2013) investigated the redox speciation of dFe resulting from deposition

of eolian material in the marine environment and found that up to 26% of the soluble

iron was in the reduced form. In addition to this study, there is indirect evidence that

eolian input may be a source of Fe(II). Firstly, the Arabian Sea, where Moffett et al.

(2007) found high Fe(II) in the ODZ towards the end of the monsoon season, receives

considerable eolian dust input during the SW monsoon (Measures, 1999). A study in

the same area but outside the monsoon season reported lower Fe(II) concentrations,

and the authors discuss the possibility that the difference may be — at least in part

— attributable to less dust deposition during the inter-monsoon period (Kondo and

Moffett, 2013). Secondly, Hopwood et al. (2014) recently reported detection of Fe(II)

released from glacial flours in a laboratory study, indicative of active redox cycling

on the particles.

The remote subarctic North Pacific is subject to sporadic eolian deposition from

a variety of sources, such as dust from Asia (Bishop et al., 2002), glacial flour from

coastal Alaska (Crusius et al., 2011), and volcanic ash from the Aleutian Islands

(Hamme et al., 2010). Atmospheric particle input could therefore have contributed

to the observed Fe(II) concentrations in the NE subarctic Pacific, consistent with the

transient nature of local Fe(II) maxima. The Fe(II) data from June 2012 show consid-

erably higher variability than those from August 2013, with especially elevated Fe(II)

concentrations at P26 (Figures 3.2 and 3.3). Dust storms from Asia are most likely

to reach the remote NE Pacific in spring and early summer (Uematsu et al., 1983), so

the high Fe(II) concentrations at P26 in June 2012 may be related to the settling of

particles following an aerosol deposition event (see Chapter 5). The observed Fe(II)

gradient is consistent with a constant rate of Fe(II) production, yielding higher Fe(II)

concentrations at depth, where Fe(II) half-lives are longer (Figure 3.4C).
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3.5.9 Fe(II) sources: Do particles have a role to play?

The Fe(II) profile from P12, June 2012, stands out with its pronounced maximum

in the 100–200 m depth range (Figures 3.2D and 3.3A). This maximum persists in

the Fe(II) percentage data (Figure 3.4) and is also evident in the dFe profiles (Figure

3.5), though less pronounced. The depth of this feature coincides with the depth

where Lam et al. (2006) previously observed high concentrations of acid-leachable

particulate Fe at P4, and it coincides with a warm temperature anomaly centered at

180 m that extends from the continental slope to P12 (data not shown). This anomaly

is indicative of a subsurface intrusion of near-shore waters, which are influenced by

the warm and salty California Undercurrent (Klymak et al., 2015), into the offshore

domain. Thus, the observed maximum in Fe(II) (and dFe) concentrations may very

well be located in waters that were very recently advected off the continental shelf

and upper slope and that contain high concentrations of Fe-bearing particulates. Such

a scenario highlights the importance of episodic events for the offshore transport of

shelf-derived Fe.

The data suggest that particles in the subsurface may represent a persistent source

of Fe(II). The subsurface Fe(II) maximum is found in waters with higher O2, warmer

temperatures and higher pH than prevail in the ODZ, shortening the expected Fe(II)

half-life to less than 5 h. For 100 pM Fe(II) to reach P12 from the shelf, very high

advective velocities and Fe(II) source concentrations are therefore required. Though I

cannot rule out this possibility, largely because Fe(II) concentrations on the Vancouver

Island shelf are poorly known, I propose that advected particles themselves may also

be a source of Fe(II). While particles can effectively scavenge dFe, particularly in

environments where dFe concentrations are high, such as the BBL (e.g., Homoky et al.,

2012), a multitude of studies have concluded that offshore transport of particulates

may also provide a resource for continued dFe release in the ocean interior (Chase

et al., 2005b; Cullen et al., 2009; Lam and Bishop, 2008; Lam et al., 2006; Planquette

et al., 2011). Freshly scavenged Fe is likely more labile than “aged” sedimentary

particles themselves; suspended particles from the BBL may therefore act as a shuttle

for labile Fe from the shelf and slope to the ocean interior (Homoky et al., 2012).

Lam et al. (2006) found that subsurface particles advected off the BC continental

shelf were highly diverse in their Fe speciation, indicating a heterogeneous source that

may include freshly scavenged material. Reduction could play a role in the Fe dissolu-

tion process, e.g. mediated by microorganisms associated with the particles (Canfield,
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1988; Weber et al., 2006), providing a continuous Fe(II) source from particles. In ad-

dition, the speciation of particles off Vancouver Island may include a considerable

Fe(II) fraction, as was observed for the western north Pacific (Lam et al., 2012). Lam

et al. (2012) argue that the speciation of particulate Fe found in the water column

reflects the type of margin adjacent to the study area, with active continental mar-

gins a source of Fe(II)-containing particles. The North Pacific is rimmed by active

continental margins in both the east and the west.

There is no evidence of increased beam attenuation at P12, so I have no direct

evidence of the presence of particles at the depth of the Fe(II) maximum, but beam

transmittance at 650 nm is not sensitive to particles <1 µm in diameter (Sullivan

et al., 2005). Therefore fine particles, e.g. resulting from the oxidation of sediment-

derived Fe(II) in the oxygenated water column, would be missed by the transmis-

someter.

An alternative explanation for the elevated Fe(II) concentrations in the subsurface

at P12 in June 2012 could be the sinking and remineralization of an earlier phyto-

plankton bloom. Cell lysis of a declining bloom might have caused the high dFe

concentrations at the surface (Figure 3.5). Consistent with a post-bloom scenario,

P12 features the lowest chlorophyll a concentrations measured on the June 2012

cruise (<0.4 mg m−3). However, the macronutrient data show no sign of elevated

remineralization in the 100–200 m depth range (not shown), i.e. there is no increase

in macronutrient concentrations along with the elevated Fe(II) concentrations.

In conclusion, the question of whether suspended particles constitute a source of

Fe(II) cannot be adequately resolved with the presented data. However, the data can

be interpreted to support this suggestion as follows: It has already been established

that the water column at P4 is enriched with acid-labile particles (Lam et al., 2006;

Nishioka et al., 2001) relative to other stations, and P4 is also consistently the station

with the highest Fe(II) concentrations (Figure 3.2). The anomalously high Fe(II)

concentrations in the subsurface at P12 in June 2012 may be attributed to advection

of particle-rich waters off the shelf and slope, as discussed above. Similarly, particles

transported offshore along isopycnals may be primarily responsible for the deep local

Fe(II) enhancement that extends from P4 to P12. Finally, the high Fe(II) concen-

trations and Fe(II) percentages at depth at P26 in June 2012 could be explained by

eolian dust deposition (see Chapter 5). Clearly, the hypothesis that particles may

constitute a source of Fe(II) deserves further investigation.
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3.6 Conclusions

I have presented Fe(II) time series data along a transect in the NE subarctic Pacific.

The observed patterns are consistent with a benthic source for Fe(II) and dFe on the

continental slope. The benthic Fe(II) signal is detectable several hundred kilometres

offshore at depths around 1000 m.

Concentrations of Fe(II) at the offshore stations exhibit high variability between

cruises and with depth, emphasizing the dynamic nature of Fe(II) sources. There

is no simple relationship between Fe(II) and O2 concentrations or Fe(II) half-lives,

highlighting the importance of sporadic and variable processes that produce Fe(II).

These likely include remineralization of organic material, i.e. associated with sinking

particles and aggregates, and may be connected to denitrification. In addition, sedi-

mentary particles and the dissolution of aerosols may be potential sources of Fe(II).

There is evidence that episodic events, such as subsurface intrusions of near-shore

waters into the offshore domain, may substantially elevate subsurface Fe(II) concen-

trations hundreds of kilometres offshore. The relatively shallow depth of the Fe(II)

enrichment may make it available to phytoplankton in surface waters during deep

mixing and upwelling. Such episodic events could thus provide a hitherto unrecog-

nized Fe-source for the HNLC subarctic Pacific.

The presented data suggest that sediments on the continental slope constitute an

important dFe source for the NE subarctic Pacific, and that low O2 concentrations at

depth serve to stabilize Fe(II). This indicates that the continued de-oxygenation of

the ODZ in the NE subarctic Pacific (Whitney et al., 2007) may enhance Fe release

from slope sediments, as was proposed by Homoky et al. (2012). While this may be

true for the near future, Scholz et al. (2014) recently argued for a narrow “sweet spot”

in O2 concentrations where Fe-release from sediments is at a maximum and beyond

which, i.e. at lower O2 concentrations, precipitation of Fe sulphides occurs.
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Chapter 4

Presence of superoxide enhances

Fe solubility of dust in seawater

To be submitted to Environmental Science & Technology.

4.1 Abstract

The solubility of aerosol-associated iron (Fe) deposited to surface waters is a pri-

mary factor controlling open ocean Fe concentrations. A variety of leaching schemes

have been employed to quantify and parameterize the Fe solubility of minerals, dusts

and aerosols under a multitude of environmental conditions, but little work has been

dedicated to the investigation of superoxide (O−2 ), a reductant with the potential to

dissolve particulate Fe. An experiment with four different dust sources was conducted

in artificial seawater (ASW), employing the superoxide thermal source SOTS-1 to gen-

erate steady-state O−2 concentrations in the range of tens of picomolar. These O−2

concentrations were sufficient to yield concentrations of dissolved Fe(II) similar in

magnitude to those produced in light treatments compared to dark controls with the

same dusts. Given the potential for ubiquitous production of O−2 by heterotrophic

bacteria throughout the ocean water column, these results indicate that Fe dissolu-

tion of dusts and aerosols via reduction by O−2 below the euphotic zone could be as

significant a process as photochemical reactions in the upper ocean, and represent a

source of dissolved Fe at all depths of the ocean.
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4.2 Introduction

The availability of iron (Fe) controls primary production in 40% of the surface ocean

(Moore et al., 2002). By altering the efficiency of the biological carbon pump, tempo-

ral and spatial variability in Fe supply on millennial time scales may play an important

role in modulating atmospheric carbon dioxide concentrations (Martin, 1990; Sigman

and Boyle, 2000). Of particular interest in this context is the supply of Fe by atmo-

spheric deposition (Jickells et al., 2005), and the Fe solubility of aerosols has therefore

been the focus of numerous studies (e.g., Aguilar-Islas et al., 2010; Buck et al., 2006;

Schroth et al., 2009; Sholkovitz et al., 2012). Common experimental designs include

investigations of how temperature, pH, light levels and the presence of complexing lig-

ands, among other factors, impact aerosol-associated Fe solubility in seawater (e.g.,

Borer et al., 2005; Fu et al., 2010). However, superoxide (O−2 ), a reactive oxygen

species and potential reductant of particulate Fe, has received limited attention.

Superoxide is a reactive intermediate in the redox cycle between water and oxygen,

and has been measured at picomolar to nanomolar concentrations in the surface ocean

(Hansard et al., 2010; Rose et al., 2008; Rusak et al., 2011). It is implicated in the

redox cycling of several trace metals such as Fe, copper (Cu) and manganese (Mn)

in the ocean, and is of particular interest because it can act as both oxidant and

reductant (Heller and Croot, 2010b; Learman et al., 2011; Rose, 2012; Rose and

Waite, 2006; Voelker et al., 2000; Zafiriou et al., 1998):

Mn+ + O−2 + 2H+ → M(n+1)+ + H2O2 (4.1)

M(n+1)+ + O−2 → Mn+ + O2 (4.2)

The question of whether O−2 increases the solubility and bioavailability of Fe is

still disputed and is likely dependent on multiple factors, including the presence and

strength of Fe complexing ligands (Rose, 2012; Rose and Waite, 2005). The ambient

concentrations of Cu and dissolved organic matter (DOM) are also expected to exert

an influence because they are both major sinks for O−2 in the ocean (Goldstone and

Voelker, 2000; Heller and Croot, 2011, 2010b; Voelker et al., 2000; Zafiriou et al.,

1998).

The primary sources of O−2 in the ocean include biological production by phyto-

plankton, corals and bacteria, as well as photochemical reactions (Diaz et al., 2013;
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Kustka et al., 2005; Marshall et al., 2005; Micinski et al., 1993; Rose et al., 2010, 2005;

Saragosti et al., 2010). Superoxide is assumed to be an intermediate in photochem-

ical reactions at the ocean surface that can lead to the reduction of Fe (Fan, 2008;

Miller et al., 1995; Powers and Miller, 2014). In the few studies investigating O−2

in the ocean, concentrations were usually found to be highest in the well-lit surface

layer (e.g., Hansard et al., 2010; Rusak et al., 2011), but it is worth keeping in mind

that the fast decay of this reactive oxygen species makes it challenging to measure at

deeper depths.

Only recently has it been discovered that O−2 is produced by ubiquitous het-

erotrophic bacteria that are not restricted to the surface ocean (Diaz et al., 2013),

opening the possibility that O−2 may participate in redox reactions in the deep as well

as the surface ocean. This may be of special interest with respect to the dissolution of

particulate Fe such as is contained in dusts and aerosols. To date, it has been assumed

that the oceanic processing and dissolution of atmospheric dust occurs primarily in

the sunlit surface layer (e.g., Baker and Croot, 2010). However, if O−2 can enhance

Fe solubility of dusts, and if O−2 is present in sufficient quantities in the deep ocean,

then it is possible that a significant fraction of particulate Fe dissolution may occur

below the sunlit surface layer but at depths shallow enough to serve as an Fe source

to the surface during winter mixing events. Such a scenario would have important

consequences for the Fe cycle in the ocean, especially as it pertains to the addition of

dissolved Fe from atmospheric dust.

The presented experiment was designed to test whether O−2 is able to promote Fe

solubility of dusts from a variety of source regions, with a particular view towards

the possibility that significant O−2 production by bacteria may occur at all depths

in the ocean and possibly in aggregates and biofilms associated with dust particles.

The slowly decaying superoxide thermal source SOTS-1 was employed to generate

near-constant steady-state concentrations of O−2 over a time period of ∼24 hours

(Heller and Croot, 2010a). For reference, the Fe solubility resulting from exposure

to O−2 was compared to Fe solubility resulting from exposure to sunlight, including

ultraviolet (UV) radiation. Iron solubility, in this case, refers to the production of

Fe(II) as measured spectrophotometrically after coordination with ferrozine. This

reagent forms a strong complex with Fe(II), thus mimicking Fe(II) removal from

the solution such as would be expected in the ocean due to Fe-uptake by biota,

or due to complexation by naturally occurring ligands (Gledhill and Buck, 2012).

It is acknowledged that the presence of strong organic ligands can promote surface
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dissolution processes (e.g., Borer et al., 2005; Kraemer, 2004); this effect is not the

focus of this study, and the influence of ferrozine in the presented experiments is

accounted for by following Fe dissolution in the dark.

4.3 Methods

4.3.1 Reagents

A 10-mg batch of the superoxide thermal source SOTS-1 (Cayman Chemicals) was

dissolved in 12 mL dimethylsulfoxide (DMSO) and refrozen in 1 mL aliquots at −80◦C

until used. Similarly, 15 kU of superoxide dismutase (SOD) from bovine erythrocites

(Sigma-Aldrich) were dissolved in 11 mL ultra-high purity H2O (Millipore Element,

milli-Q) and refrozen in 1 mL aliquots at −20◦C until used. Ferrozine reagent (3-

(2-Pyridyl)-5,6-diphenyl-1,2,4-triazine-4’,4”-disulfonic acid sodium salt; Fluka) was

made fresh in milli-Q for each experiment at 20 mM concentration.

For Fe(II) calibrations, a 10 mM standard of ammonium iron(II) sulfate hexahy-

drate was prepared in 0.1 M Seastar Baseline hydrochloric acid (HCl) and considered

stable at 4◦C for up to a month. From this stock solution, a 10 µM intermediate

standard was prepared fresh for each calibration in 0.05 M Seastar HCl.

The chemiluminescent reagent MCLA (6-(4-Methoxyphenyl)-2-methyl-3,7-dihydro-

imidazo[1,2-a]pyrazin-3(7H)-one hydrochloride; Sigma) was dissolved in milli-Q upon

receipt and frozen at −80◦C in 1-mL aliquots containing 2.0 and 2.5 mM MCLA each.

These were thawed individually and diluted in 1 L milli-Q to yield 2.5 or 4 µM MCLA

reagent. The reagent also contained 0.05 M sodium acetate and was adjusted to pH

6 with concentrated Seastar HCl. It was stored at 4◦C when not in use and not used

beyond 1 week of age.

4.3.2 Dusts

The experiment was run with four dusts from different source regions: China, Ari-

zona, Australia and Alaska. The materials from China (CJ-1) and Arizona (PTI ID:

10368 BK) are standardized test dusts and their respective composition and parti-

cle size distribution has been described in detail elsewhere (Hwang and Ro, 2006;

Nishikawa et al., 2000; Shelley et al., 2015). The dust from Alaska is a sample of

previously airborne material and was collected in the vicinity of several retreating
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glaciers in the Copper River watershed. It is expected to be similar in composition to

the glacial flour described by Schroth et al. (2009) (John Crusius, personal communi-

cation). The sample from Australia was collected from the ground in western central

South Australia, near Lake Gairdner, in an area characterized by wind-driven erosion

(Patrick De Deckker, personal communication) that is one of the possible source areas

for dust storms that reach as far as Sydney, Australia. This is the only sample that

was sieved in the lab; all other samples were used as received. For a summary of key

physical and chemical characteristics of each dust, see Table 4.1.

The respective dust concentrations for the experiments were selected so as to

yield a detectable Fe(II) signal. Dust concentrations tested were as follows, where

the respective numbers refer to mg dust L-1: Alaska40, Alaska120, Arizona140, Ari-

zona200, Australia400 and China400. These dust concentrations are much higher

than environmental concentrations that would result from a deposition event in the

ocean (a few mg L-1, depending on mixed layer depth), but they may be applicable

to conditions in an aggregate of dust particles. Furthermore, dust concentrations

based on weight ignore the influence of particle size distributions and the resulting

surface areas, which may have a large influence on Fe solubility. Factors such as

atmospheric processing, the presence of microbial communities, organic content and

the age of samples are also expected to influence Fe solubility (Baker and Croot,

2010; Fujii et al., 2006; Sholkovitz et al., 2012), but are not addressed in this study.

The rationale for choosing different dusts was not to compare the dusts directly, but

to test whether treatment effects, i.e. exposure to superoxide and light, led to com-

mon trends in Fe solubility across a spectrum of dusts from different source regions.

The differences in concentration and surface area between dusts are therefore not a

concern in these experiments.

4.3.3 Experimental set-up for dust dissolution experiments

with superoxide

All dust dissolution experiments were run in artificial seawater (ASW), with con-

taminant metals removed by ion exchange (Chelex-100) following Price et al. (1989).

The ASW was microwave-sterilized according to the recommendations by Keller et al.

(1988).

The experimental set-up included the following treatments:

• dark + 0.5 µM SOTS-1 (SOTS×1)
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• dark + 2 µM SOTS-1 (SOTS×4)

• dark + 6 µM SOTS-1 (SOTS×12)

• dark

• light

• light + 3 kU SOD (only 1.5 kU in Alaska40)

Dark treatments (including SOTS-1 treatments, as these were also kept in the

dark) were kept in 60 mL TeflonTM bottles for the duration of the experiments, and

light treatments were kept in 5.0 mil Nortonr FEP film bags that are transparent

to UV-A radiation (320-390 nm) (Welch Fluorocarbon). All equipment was exten-

sively acid-cleaned prior to use, following GEOTRACES recommendations (Cutter

et al., 2010). Experiments lasted 25-28 h because O−2 production from SOTS-1 was

expected to be reasonably constant during this time period but would begin to fall off

more steeply as time progressed. All treatments were run in triplicate. Teflon bags

and bottles were placed on shaker tables, and sub-samples were frequently drawn

with a 5 mL plastic syringe and attached Tygon tubing in order to measure Fe(II)

concentrations throughout the experiment. The temperature in the laboratory was

on average 21.5◦C (range 19-23◦C). Because the light treatments relied on daylight

(they were exposed to sunlight through a large 3rd-floor window), they were subject

to a day-night cycle (∼8 h dark, ∼16 h light) rather than constant light. Also, win-

dow glass does not filter out UVA radiation (320-400 nm) but does block radiation of

wavelengths <320 nm. The only exception to this light treatment was the experiment

with Alaska40, which was illuminated with an OSRAM Ultra Vitaluxr 300W bulb

that emits UVA and UVB radiation of 13.6 and 3.0 W respectively, along with visible

light. Due to the high wattage, the lamp also slightly heated the samples (∼29◦C for

the light treatments, ∼26◦C for the dark treatments). Blank treatments (i.e. without

dust added) were run twice for each treatment and were run in triplicate each time.

4.3.4 Procedure for dust dissolution experiments with super-

oxide

For each dust dissolution experiment, ASW volumes of 60 mL (dark treatments) and

100 mL (light treatments) were measured out and ferrozine was added to yield a final
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concentration of 100 µM. Then SOTS-1 and SOD were added to the respective desired

final concentrations and a dust “sludge” was prepared in 25 mL ASW. The sludge

had dust concentrations ranging from 4.8 to 48 g L-1 and was placed on a stir table.

Within minutes from preparation of the sludge, dust additions (500 and 835 µL) were

made to the prepared TeflonTM bottles and FEP film bags in a randomized order,

with all additions finished within ∼20 minutes.

4.3.5 Measurement apparatus and calibration for Fe(II) in

dust dissolution experiments with superoxide

Fe(II) was measured using ferrozine, which forms a magenta complex with Fe(II)

that has an absorbance peak at 562 nm (Stookey, 1970). Absorbance measurements

were made using an Ocean Optics spectrophotometer (USB2000) and Ocean Optics

halogen light source (HL-2000-FHSA). Subsamples from the treatments were filtered

through a 0.2 µm Suporr Acrodiscr syringe filter (Pall) and injected into a liquid

waveguide capillary cell (250 cm length, World Precision Instruments). Standards

were prepared in ASW by adding aliquots of the intermediate Fe(II) standard. In

order to keep the procedures consistent between standards and samples, standards

were also injected into the waveguide through a 0.2 µm Suporr Acrodiscr syringe

filter.

To account for baseline drift, absorbance at 700 nm was routinely subtracted

from measurements. This gave blank values for the method (ASW + ferrozine) of

−0.17 ± 0.65 nM (n=820). Calibrations were very consistent throughout the exper-

iment (slopes ranged from 0.0059 to 0.0065 nM-1), with r2 ≥ 0.998. The detection

limit was 1.9 nM Fe(II) (3 × standard deviation of the blank).

4.3.6 Ancillary experiment: Superoxide decay with and with-

out dust

In order to constrain expected O−2 steady-state concentrations resulting from SOTS-1

decay, it is necessary to measure O−2 decay in the respective treatments (Heller and

Croot, 2010a). Superoxide decay was measured in ASW, in dust solutions prepared in

ASW, and on SOTS-1 at 2 and 6 µM concentrations in ASW. The SOTS-1 solutions

had been prepared months earlier in order to allow for all O−2 produced by SOTS-

1 to decay; the goal was to examine how the presence of SOTS-1 and potential
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contaminants associated with it would affect O−2 decay. Dust solutions had been

prepared ∼3 hours before measurements began. All solutions were kept in previously

acid-cleaned 60 and 30 mL TeflonTM bottles.

The chemiluminescent reagent MCLA was employed for our O−2 decay measure-

ments, following the approach of Heller and Croot (2010c). Briefly, MCLA (2.5 µM)

and sample were mixed in a hand-coiled flow cell made from Tygon tubing and

mounted in front of a photomultiplier tube (PMT; Hamamatsu H9319-01) in a custom-

made light-tight box, and the PMT signal (200 ms integration time) was recorded

with FloZF software (GlobalFIA, Fox Island, WA USA). A peristaltic pump pulled

both sample and MCLA through the flow cell at the respective flow rates of 5 and

2.5 mL min-1 to reduce dead time in the system (Heller and Croot, 2010c). A 150 µm

mesh prevented dust particles from entering the flow cell.

Superoxide was made fresh for each decay experiment by adding ∼10 mg potas-

sium superoxide (KO2) to 0.1 M NaOH in a 10-cm Quartz cuvette, while absorbance

was followed at the wavelengths 230, 240, 250 and 260 nm in order to estimate super-

oxide concentration in the solution as described by Heller and Croot (2010c). From

the O−2 cocktail, an addition was made to the sample under stirring and while both

sample and MCLA were drawn into the flow cell. The signal from before the O−2 ad-

dition yields the MCLA baseline that is ultimately subtracted from the decay signal,

as it is the result of the auto-oxidation of MCLA at the experimental pH (Fujimori

et al., 1993).

For ASW and SOTS-1 solutions, the O−2 additions were such that the O−2 concen-

tration in the sample was ∼70 nM at the beginning of decay. For the dust solutions,

the additions were considerably higher (∼1.7 µM) because the decay was so fast that

there was no decay signal detectable at lower O−2 concentrations, even though travel

time between sample bottle and flow cell was no more than ∼6 seconds.

The first-order O−2 decay constant, kobs, was estimated with a least-squares linear

fit on the log-transformed data (see Figure 4.1 for examples). For ASW and SOTS-

1 solutions, the fits were performed on the initial 60 seconds of decay data, while

for the dust solutions only the first 4 seconds of decay were found to be linear and

appropriate for the fitting routine.
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Figure 4.1: Examples from superoxide decay experiments: AOW on the left, and
Alaska40 on the right. Log-transformed data are shown in blue, and linear fits to the
initial decay data are shown in red.

4.3.7 Ancillary experiment: Superoxide steady-state concen-

trations from SOTS-1 decay

In order to test the steady-state O−2 concentrations resulting from SOTS-1 decay,

an experiment was performed where SOTS-1 was added at two concentrations (2.5

and 25 µM) to 0.2 µm filtered seawater collected previously under trace-metal clean

conditions in the subarctic northeast Pacific Ocean. Over a 5-hour period, O−2 was

repeatedly measured in the two SOTS-1 solutions with MCLA (4 µM), using the same

set-up as described above. The measurements were calibrated with O−2 additions

from a decaying O−2 cocktail that had been prepared by adding ∼10 mg KO2 to

1 mM NaOH containing 7.5 µM DTPA (diethylene triamine pentaacetic acid, Sigma).

The O−2 decay was followed by measuring absorbance at 240 nm (where O−2 has an

absorbance peak), and O−2 concentration at any given time was estimated based on
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the following equation:

At = b(εH2O2 [H2O2]t + εO−2 [O−2 ]t) (4.3)

where At is the absorbance measured at 240 nm at time t in seconds; b is the path-

length in cm, [H2O2]t and [O−2 ]t are the concentrations of H2O2 and O−2 at time t;

and εH2O2 and εO−2 are the respective effective extinction coefficients at 240 nm (εH2O2

= 45 mol-1 cm-1 at pH 10, calculated after Morgan et al. (1988); εO−2 = 2345 mol-1

cm-1, Bielski et al. (1985)). H2O2 is a product that is formed with a 1 to 0.5 molar

stoichiometry when O−2 decays via uncatalyzed dismutation (Zafiriou, 1990):

2O−2 + 2H+ → H2O2 + O2 (4.4)

The addition of DTPA to the cocktail served to bind any trace elements that might

have been present (Heller and Croot, 2010c), so that O−2 decay proceeded in solution

predominantly via disproportionation. It was thus possible to estimate [O−2 ]t at any

given time with a least-squares fit to the decay data using the following relationships:

[O−2 ]t =
1

1
[O−2 ]0

+ kDt
(4.5)

and

[H2O2]t = [H2O2]0 + 0.5([O−2 ]0 − [O−2 ]t) (4.6)

where kD is the decay constant for O−2 dismutation and [O−2 ]0 and [H2O2]0 are the

initial concentrations of O−2 and H2O2 respectively.

An intermediate O−2 standard was prepared by making an addition from the de-

caying O−2 cocktail to 0.2 M NaOH containing 7.5 µM DTPA, following the approach

of Hansard et al. (2010). At the high pH (>12) and given the relatively low O−2 con-

centration in the intermediate standard (∼1 µM), this standard is stable for >30 min-

utes. A calibration curve was generated by making additions from the intermediate

standard to seawater, following the protocol of Rusak et al. (2011). The calibration

was linear as has been observed previously (e.g., Diaz et al., 2013; Hansard et al.,

2010; Heller and Croot, 2010c; Rusak et al., 2011) and was forced through the origin,

yielding r2 = 0.97 for O−2 concentrations up to 6 nM.
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4.4 Results and Discussion

The dust dissolution experiment brought some unexpected results, especially with

respect to the observed superoxide concentrations and treatment blanks. The data

and their implications are therefore presented in the order needed to understand and

interpret the main results.

4.4.1 Superoxide decay constants from ancillary experiments

The estimated decay constants, kobs, for the three different dust solutions were not

significantly different from one another (1-way ANOVA, p >0.05, see Table 4.2).

Likewise, the ASW and (decayed) SOTS-1 solutions showed very similar kobs, with

the differences not statistically significant (Table 4.2). The decay constants were

therefore combined into two groups: +dust and −dust, where the kobs is the mean

for the respective group (Table 4.2).

Sample kobs (s−1)
Number

of obs.

Group kobs

(s−1)

Statistics

(1-way ANOVA)

ASW 0.012± 0.001 4

0.012± 0.002
F = 2.86

p = 0.09
ASW + 2 µM SOTS-1 0.012± 0.003 6

ASW + 6 µM SOTS-1 0.010± 0.001 6

ASW + Alaska40 0.257± 0.023 3

0.254± 0.018
F = 0.04

p = 0.96
ASW + China400 0.252± 0.020 3

ASW + Arizona140 0.254± 0.020 3

Table 4.2: Results of O−2 decay experiments. Decay constants are reported with
one standard deviation and are grouped together based on the results of statistical
analysis (1-way ANOVA), indicating that the means are not statistically different
from each other within groups.

A comparison of the mean decay constants in the two groups shows that the addi-

tion of dust increases kobs by more than a factor 20 relative to the −dust treatments.

However, the similarity of decay constants for the different dust solutions is peculiar

and suggests that the observed kobs is likely at the very margin of what the experimen-

tal set-up, i.e. with the given flow rates and travel time in the system, can measure.
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This notion is corroborated by the fact that the amount of O−2 added to these solu-

tions had to be considerably increased in order to measure a signal at all (see Section

4.3.6). The observed kobs in the +dust treatments are therefore considered a lower

limit, and the increase in kobs by a factor 20 in the +dust treatments relative to the

−dust group is thus a very conservative estimate.

4.4.2 Superoxide steady-state concentrations from SOTS-1

decay

As is evident in Figure 4.2, the superoxide steady-state concentrations observed in

the respective SOTS-1 treatments do not scale with the same 10:1 ratio as the SOTS-

1 concentrations. Rather, they scale with a roughly 3.3:1 ratio over the duration

of the experiment. In order to test whether the second-order disproportionation of

O−2 could be responsible for the observed discrepancy, the expected steady-state O−2

concentrations were modelled including both first- and second-order decay for O−2 .

The numerical model was set up based on the following equation:

d[O−2 ]

dt
= PR− 2kD[O−2 ]2 − kobs[O−2 ] (4.7)

where PR is the production rate of O−2 from SOTS-1 (Heller and Croot, 2010c):

PR = 0.4k[SOTS]0e
−kt (4.8)

with the SOTS-1 decay constant at 25◦C, k = 2 × 10−5 s−1, from Heller and Croot

(2010c). The constant for O−2 disproportionation, kD, was set at 5 × 104 M−1 s−1, cal-

culated for pH = 8 after Zafiriou (1990), and kobs was set at 0.02 s−1, an experimental

value from decay experiments with seawater. The results displayed in Figure 4.3A

clearly show that the second-order disproportionation of O−2 is unlikely to explain the

discrepancy between SOTS-1 concentration ratios and the observed steady-state O−2

ratio under the experimental conditions.

The model was expanded further to include a catalytic superoxide decay term

that scales linearly with the SOTS-1 concentration. The catalytic reaction between

inorganic copper (Cu) and O−2 serves as an example (Zafiriou et al., 1998), where

the Cu concentration (as a linear function of SOTS-1) can be tuned to yield a ratio

between steady-state O−2 at the respective SOTS-1 concentrations that is closer to
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observations, i.e. 3.3:1. The results are shown in Figure 4.3B and C, indicating that

a contamination in SOTS-1 that can catalyze O−2 decay could be responsible for the

observed discrepancy between steady-state O−2 and the respective SOTS-1 concentra-

tions. The nature of the contamination is unknown, but an inorganic Cu concentra-

tion on the order 0.6–6 nM (for SOTS-1 concentrations of 2.5 and 25 µM respectively)

would be sufficient to yield the observed results (assuming kcat = 109 M−1 s−1; Zafiriou

et al. (1998)). It can thus be concluded, based on the observed steady-state O−2 con-

centrations, that the SOTS-1 likely contains a contamination that not only lowers

O−2 concentrations in the experiment, but also lowers the O−2 ratio between different

SOTS-1 treatments.
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Figure 4.2: Superoxide steady-state concentrations (nM) in seawater over >4 hours
for initial SOTS-1 concentrations of 25 (red) and 2.5 µM (blue). Error bars correspond
to one standard deviation from triplicate measurements.
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Figure 4.3: Results from the numerical model for O−2 steady-state concentrations in
seawater; see text for details of the model and its motivation. Panel A compares
the predicted O−2 for 25 and 2.5 µM SOTS-1 concentrations in two scenarios: 1)
Only 1st-order decay of O−2 is taken into account (cyan and black lines; for 25 and
2.5 µM SOTS-1, respectively); 2) Both 1st-order decay and the disproportionation
of O−2 are being considered (blue and red crosses). Panel B compares the model
results for scenarios with (+Cu cat) and without (-Cu cat) catalytical O−2 decay as
a linear function of SOTS-1 concentration (see text for details). The red and blue
lines are the same as in Panel A, with corresponding O−2 concentrations for the “+Cu
cat” scenarios in cyan (25 µM SOTS-1) and black (2.5 µM SOTS-1). Panel C shows
the ratios between O−2 concentrations for the two SOTS-1 concentrations, i.e. 25 µM
SOTS-1 / 2.5 µM SOTS-1. The blue line indicates the ratio for the scenario without
catalytic O−2 decay (i.e. the ratio between the blue and red lines in panels A and B),
and the red line corresponds to the scenario with catalytic O−2 decay (the cyan and
black lines in panel B).
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4.4.3 Treatment blanks in dust dissolution experiments

The Fe(II) concentrations after >24 hours for the treatment blanks from the O−2 ex-

periment are shown in Figure 4.4. Each treatment blank was measured twice (each

time in triplicate), and there was excellent agreement between replicates indicating

that the blank was reproducible. Treatment blanks for the three SOTS-1 concentra-

tions are, in some cases, higher than the Fe(II) that was measured for the respec-

tive treatments containing dust as well as SOTS-1. Contamination of the SOTS-1

reagent itself is the most likely source of the blank, although contamination levels

did not scale directly with SOTS-1 concentrations: While SOTS-1 was added in the

ratio 12:4:1, the Fe(II) blank for the respective treatments has the approximate ratio

3:1.5:1 (16.2:7.9:5.4 nM). I posit that the relative ratio of the Fe(II) blanks between

SOTS-1 treatments is related to the steady-state O−2 concentrations in the respec-

tive treatments, rather than the SOTS-1 concentration in solution. Note that the

deviation from the O−2 stoichiometry measured in the O−2 steady-state experiment in

seawater, i.e. 3.3:1 for a SOTS-1 ratio of 10:1 (see section 4.4.2 above), may be due to

different SOTS-1 batches having different levels of contamination. The same SOTS-1

batch was used for all the dust dissolution experiments, but a different batch was

used for the measurements of steady-state O−2 concentrations in section 4.4.2.

The bulk of the Fe(II) measured in the SOTS-1 blanks stems most likely from

the SOTS-1 itself rather than from the ASW because the blanks for ASW without

SOTS-1 are considerably lower than those for the SOTS-1 blanks, even with light

exposure (Figure 4.4). It is possible that the Fe is either in the particulate phase

or coordinated with SOTS-1 functional groups, as the SOTS-1 molecule contains a

deprotonated carboxylate group at the pH of the experiments that is present both

prior to and after SOTS-1 decay (Heller and Croot, 2010a; Ingold et al., 1997). Car-

boxylate functional groups play an important role in the formation of ferric complexes

(e.g., Butler and Theisen, 2010; Vraspir and Butler, 2009). In addition, SOTS-1 mo-

lar concentrations are between 90 and 370 times greater than the respective Fe(II)

concentrations measured in the blank; such high molar ratios between SOTS-1 and

Fe further favour Fe complexation. I am unaware of any published stability constants

that describe the complexation of Fe(III) by SOTS-1.

A particulate Fe contamination or complexation of the Fe contamination is con-

sistent with the observation that the decay constants for ASW with and without

SOTS-1 are statistically indistinguishable (Table 4.2), implying that the Fe associ-
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ated with SOTS-1 does not significantly enhance O−2 decay. Organic complexation of

Fe has been found to considerably slow the reduction of Fe by O−2 (Rose and Waite,

2005), and particulate Fe, especially when aged, is likewise not very reactive with O−2

(Fujii et al., 2006). It is also possible that the Fe contamination precipitated from

the solution after SOTS-1 had decayed, as nanomolar concentrations of Fe are well

above the solubility limit for Fe(III) in ASW; precipitation might render the Fe inert

to O−2 , thus explaining the slow O−2 decay rates (Fujii et al., 2006).

There is one more indicator suggesting that the Fe contamination is not present as

dissolved inorganic Fe(III): The Fe(II) measured for each SOTS-1 blank appears to be

a function of the steady-state O−2 concentration rather than the SOTS-1 concentra-

tion. If only inorganic Fe(III) were present, one would expect the Fe(II) concentrations

in the respective blanks to scale directly with the contamination, and therefore with

the SOTS-1 concentration, because the presence of the ferrozine complex can promote

the spontaneous production of Fe(II) by biasing the redox equilibrium between the Fe

redox species. This “spontaneous” pathway of Fe reduction is inhibited when Fe(III)

is complexed by a strong organic ligand, or when the Fe is present in the particulate

phase. However, Fe(II) production from particulate or organically complexed Fe(III)

can be promoted by a reductant such as O−2 , yielding Fe(II) concentrations that scale

with the reductant rather than Fe(III) concentrations, as was observed in the exper-

iment. It is therefore highly likely that the Fe contamination present in SOTS-1 is

either organically complexed or in the particulate phase or a mixture of both, and

the Fe(II) measured in the blanks results from this Fe contamination being reduced

by O−2 .

These details regarding the Fe contamination have important implications for the

blank subtraction. The observation that the Fe(II) concentrations in the SOTS-1

treatment blanks scale with the steady-state O−2 concentrations indicates that the

blank that should be subtracted from the respective +dust treatments containing

SOTS-1 ought to be corrected for the expected O−2 concentrations. The measured

O−2 decay constants (kobs, see section 4.4.1 above) for +dust treatments are more

than 20 times higher than for −dust treatments, implying that the steady-state O−2

concentrations in the +dust treatments are at least 20 times lower than in the −dust

treatments, i.e. the SOTS-1 blanks. The measured Fe(II) concentrations in the re-

spective SOTS-1 blanks were therefore divided by 20 to calculate a conservative blank

that was ultimately subtracted from the experimental +dust data. See Figure 4.5 for

a compilation of the “adjusted” blanks that were subtracted from the experimental
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data for the respective treatments.

Figure 4.4: Fe(II) concentrations (nM) after >24 h, i.e. at the end of dust disso-
lution experiments, for the treatment blanks from the O−2 experiment. The blank
for each treatment was measured twice (hence 2 bars) and was measured in tripli-
cate each time. Error bars correspond to the standard deviation from the triplicate
measurements.

4.4.4 Validity of measured Fe(II) concentrations in dust dis-

solution experiments

The Fe(II) concentrations at the end of the dust dissolution experiments after blank

correction are shown in Figure 4.6, and the ratios of Fe(II) concentrations in the three

SOTS-1 treatments are listed in Table 4.3. Assuming a O−2 ratio in the respective

SOTS-1 treatments of approximately 3:1.5:1 as indicated by their respective blanks

(see section 4.4.3 above), it is evident that the Fe(II) concentrations from most dust

treatments approximately follow that ratio, indicating that Fe(II) relates to the con-

centration of O−2 . The only exception is the China400 experiment, where Fe(II) ratios

exceed those of the expected steady-state O−2 , but in the majority of experiments,
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Figure 4.5: “Adjusted” Fe(II) concentrations (nM) for the treatment blanks from the
O−2 experiment as subtracted from the experimental endpoints. All treatment blanks
comprise the mean of the 2 blanks shown in Figure 4.4; in addition, the SOTS-1
blanks were divided by 20 to account for the lower O−2 concentrations in the +dust
treatments compared to the −dust treatments, i.e. the blanks. See text for details.

Fe(II) is found in a ratio that reflects O−2 concentrations.

Since it is assumed that Fe(II) concentrations in the SOTS-1 blanks are also a

function of O−2 , it follows naturally that the Fe(II) ratio in the +dust treatments very

closely resembles the Fe(II) ratio in the SOTS-1 blanks. In addition to the reasoning

outlined above for the blank subtraction, there are two more arguments indicating

that the reported Fe(II) concentrations in the experiment do indeed stem from the

dust substrate and not from SOTS-1.

Firstly, the Fe(II) concentrations measured in the light treatments are of a similar

order as those in the high and medium SOTS-1 treatments, implying that there is

a significant proportion of “labile” Fe in the dust that is accessible to a reductive

mechanism involving photochemical reactions. Regardless of whether or not O−2 is

an intermediate in these reactions, it is reasonable to assume that this “labile” Fe

would also be susceptible to reduction by O−2 . The blank for the light treatments is
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Dust SOTS-1 × 12 SOTS-1 × 4 SOTS-1 × 1

Alaska40 3.6 2.1 1

Alaska120 4.4 2.3 1

Arizona140 3.8 1.9 1

Arizona200 3.5 1.9 1

China400 11.8 4.2 1

Australia400 2.7 1.7 1

Table 4.3: Ratios of Fe(II) concentrations at the end of dust dissolution experiments
and after blank subtraction for the respective dusts and concentrations, all normalized
to the Fe(II) concentration of the lowest SOTS-1 treatment.

unambiguous and has been subtracted from the endpoints displayed in Figure 4.6, so

there is no reason to doubt that the measured Fe(II) in these treatments does indeed

stem from the respective dusts.

Secondly, Fe(II) evolution over the >24 h of the experiments (see Figures 4.7 and

4.8 for examples) shows differences between dusts that would not be expected if the

measured Fe(II) were simply a function of the SOTS-1 contamination. Considering

the combined weight of the arguments presented here, I am therefore confident that

the Fe(II) concentrations shown in Figure 4.6 come from the dusts rather than from

artifacts associated with experimental blanks.

4.4.5 Dust dissolution experiment: Influence of superoxide

The Fe(II) concentrations at the respective endpoints of the experiment (Figure 4.6)

indicate that O−2 is able to mobilize Fe(II) from a variety of dust sources. There

is a clear dose effect of O−2 , with higher O−2 concentrations always yielding higher

Fe(II). For all dusts and dust concentrations tested, the three SOTS-1 levels always

resulted in Fe(II) concentrations that were significantly different from one another

(1-way ANOVA for each dust and dust concentration at the α =0.05 level). In

addition, the ratios between the respective Fe(II) concentrations for the different

SOTS-1 treatments approximately follow the expected O−2 ratios (Table 4.3) for all

but one dust (China400), indicating that the Fe source, the dust, was not limiting.

Even for the China400 experiment, there clearly is a dose-response for the different
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Figure 4.7: Example of time course data (not blank-corrected) for the experiment with
glacial dust from Alaska at a concentration of 120 mg L−1. Blue crosses represent
individual data points from triplicate measurements, with error bars corresponding
to one standard deviation; red lines indicate best least-squares fits of a 3-parameter
model of the form Fe(t) = Fe0 + Femax (1 − e−kt), where Fe0 is the initial Fe(II)
at time t = 0, Femax is the maximum Fe(II) attained, and k is the thermal decay
constant for SOTS-1 at the temperature of the experiment (Heller and Croot, 2011).
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Figure 4.8: As in Figure 4.7, but with dust from China at a concentration of
400 mg L−1.
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SOTS-1 treatments, but it is exaggerated relative to the expected O−2 concentrations,

i.e. the Fe(II) ratios are higher than the O−2 ratios (Table 4.3). It can thus be concluded

that O−2 is able to mobilize Fe(II) from all the dusts tested.

4.4.6 Dust dissolution experiment: Influence of light

All dusts except China400 and Australia400 exhibited statistically significant dif-

ferences between the light and dark treatments at the α =0.05 level (Figure 4.6),

indicating that photochemical reactions can play an important role in the redox cy-

cling of Fe contained in mineral particles, as has been observed previously (Chen

and Siefert, 2003; Fu et al., 2010). As the dark treatments show, very little Fe(II) is

transferred from dust to the ocean in the absence of a reducing mechanism over the

course of 24 hours. In fact, it is possible that the ferrozine reagent is responsible for

the observed Fe(II) yield in the dark treatments, as the presence of this strong ligand

can promote the reduction of Fe(III).

The light+SOD treatment always showed higher Fe(II) than the corresponding

light treatment, though the difference is small and is statistically significant (at the

α =0.05 level) only 50% of the time. While it is counter-intuitive that the suppression

of O−2 , as is expected with the addition of SOD, should enhance the reduction of Fe

from dust sources, there are several potential explanations for this result. Firstly, it

is possible that the SOD molecule suffered UV damage in the light and was therefore

less effective. Secondly, the SOD molecule may behave as an electron donor and

allow for reduction of Fe(III) in the light. Finally, O−2 can also oxidize Fe(II). It is

thus possible that the presence of O−2 may have lowered the Fe(II) yield in the light

treatments relative to SOD+light.

It is intriguing that there is not always a statistical difference between the light

and light+SOD treatment, as this finding may imply that O−2 is not — at least not in

all instances and settings — an important intermediate in the light-induced mobiliza-

tion of Fe(II) from dust. This raises the question about an alternative electron donor,

with dissolved organic matter the most likely candidate. The ferrozine molecule, for

instance, contains several aromatic rings and is therefore a possible electron donor. In

addition, the ASW may have contained organics that had leaked from the Chelex-100

column during removal of trace metals. In the surface ocean, photochemical reac-

tions involving strong organic ligands have been shown to reduce complexed Fe(III)

(Barbeau et al., 2001), and chromophoric dissolved organic matter (CDOM) is not
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only ubiquitous, but is noteworthy because of the numerous photochemical reactions

it can undergo (Sharpless and Blough, 2014). If indeed organic molecules played a

role in the reduction of dust-derived Fe in the experiment, it is therefore feasible that

similar reactions could take place in the ocean.

The results for dust China400 further support the notion that the photochemical

reactions leading to the release of Fe(II) do not necessarily rely on O−2 as an inter-

mediate. This dust showed a strong response to O−2 as is evident in the SOTS-1

treatments (Figure 4.6), but no measurable Fe(II) was released in the light or dark

treatments. However, Fe(II) was released in the light+SOD treatments, suggesting

that the mechanism releasing Fe(II) in the presence of SOD is significantly different

from the one with light exposure alone.

4.4.7 Comparison with other dust dissolution studies

An array of leaching methodologies has been applied to address the question of Fe

aerosol solubility (e.g., Aguilar-Islas et al., 2010; Buck et al., 2006; Schroth et al.,

2009), but very few studies have investigated the potential of O−2 as a solubilizing

agent. Studying aerosol dissolution in surface waters of the tropical Atlantic, Heller

and Croot (2011) came to the conclusion that reactions with O−2 did not play a sig-

nificant role. Even though they observed a similar Fe(II) release in dust dissolution

experiments with SOTS-1 as was seen in this study, the authors contend that O−2 re-

actions with Cu organic complexes and dissolved organic matter are the main sink for

O−2 in the ocean, and that the encounter rate between O−2 and aerosol particles would

be low. However, this argument may not be applicable to aggregates and particle-

associated biofilms that may be populated by O−2 -producing bacteria, as discussed

below.

It is difficult to compare the results of this study to those of other dust dissolution

experiments because I have limited information on the dust mineralogy, Fe composi-

tion and speciation (see Table 4.1), and I did not work with homogenous materials in

terms of particle size and surface area. For the same reason it is challenging — and

not the purpose of this study — to make direct comparisons between the different

dusts investigated. However, a few points can be made.

Previous work has shown that Fe speciation and mineralogy in aerosols determine

Fe solubility (e.g., Journet et al., 2008; Schroth et al., 2009) and that atmospheric

processing, including the presence of non-lithogenic “combustion” aerosols, further
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impact Fe solubility (Chen et al., 2012; Fu et al., 2014; Paris et al., 2010; Shi et al.,

2011; Sholkovitz et al., 2012). Minerals that predominantly contain reduced Fe tend to

show higher Fe solubility than those containing Fe in the oxidized state (Schroth et al.,

2009); this general trend is also observed in this data set, where the glacial flour from

Alaska, which is expected to contain the highest proportion of reduced Fe, shows the

highest Fe(II) yields in the SOTS-1 treatments, even though the dust concentrations

are lower than for any other dust (Figure 4.6). However, this trend relative to other

dusts is less pronounced in the light and dark treatments. As discussed above, the

absolute O−2 concentrations in the respective SOTS-1 treatments were probably not

uniform among dusts due to different dust compositions and concentrations, yielding

differing O−2 decay rates. The high Fe(II) yield in the SOTS-1 experiments with

Alaska glacial flour can therefore not unequivocally be attributed to dust mineralogy

but may also be a result of higher O−2 concentrations relative to the other dusts.

4.5 Implications

The ability of O−2 to induce the reduction and dissolution of Fe from particulate

sources such as mineral aerosols has important implications for the Fe cycle in the

ocean. Given the recent discovery of widespread O−2 production by heterotrophic

bacteria that are found throughout the ocean interior (Diaz et al., 2013), it opens

the possibility of significant redox cycling of aerosol-associated Fe at all depths in

the ocean. Such redox cycling may enhance Fe dissolution from aerosols relative to

previous estimates, and it could also impact the bio-availability of the dissolved Fe,

as Fe(II) is assumed to be the more biologically accessible form (e.g., Shaked et al.,

2005). The presented data show that Fe(II) production strongly depends on the

steady-state O−2 concentration, which prompts the question how the O−2 levels in the

experiments compare to environmental concentrations.

The O−2 steady-state concentrations in the dust dissolution experiment are esti-

mated to be on the order of tens of picomoles L−1 based on the following observations:

The O−2 steady-state concentrations with 2.5 µM SOTS-1 are ∼300 pM in seawater

(Figure 4.2). Superoxide decay in the solutions containing dust is about 20 times

faster than in the absence of dust (see above), so it is a reasonable assumption that

O−2 steady-state concentrations in the 2 µM SOTS-1 treatment are 15 pM or less.

Assuming a O−2 ratio of 1:1.5:3 in the respective SOTS-1 treatments of 0.5, 2 and

6 µM (see above) thus yields maximum O−2 concentrations of 10, 15 and 30 pM.
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These concentrations are on the lower end of those observed in the ocean. For

instance, Rose et al. (2008) measured O−2 steady-state concentrations in the equatorial

Pacific that ranged from below the detection limit to 167 pM. Interestingly, they

found evidence of a “particle-associated and nonphotochemically generated source

of superoxide” (Rose et al., 2008), including localized O−2 maxima at depth. These

observations are consistent with a biological source of O−2 that does not depend on

photochemistry, as was observed by Diaz et al. (2013) in a study on heterotrophic

bacteria. In the Gulf of Alaska, Hansard et al. (2010) measured O−2 concentrations

up to 600 pM, and Rusak et al. (2011) found O−2 concentrations east of New Zealand

that reached tens of nanomoles at the depth of the chlorophyll maximum.

The study by Diaz et al. (2013) not only showed that O−2 production is ubiquitous

among heterotrophic bacteria, but also provided O−2 production rates per cell, with a

median of 1.2 amol O−2 cell−1 h−1. Extrapolating to average cell densities in the ocean

of 105–106 cells mL−1 (Diaz et al., 2013) and assuming a typical pseudo-first order

O−2 decay rate of 2 × 10−3 s−1 (Rose et al., 2008) predicts steady-state O−2 concentra-

tions of ∼50 pM. The O−2 concentrations employed in the experiments are thus in the

realistic range, and at the lower end, of observed and predicted environmental con-

centrations. However, it is worth mentioning that the presence of dust particles would

decrease steady-state O−2 concentrations by increasing O−2 decay rates, and it can’t

be assumed that the additional decay is solely due to Fe(II) production, as other dust

constituents may also react with O−2 . This being said, the conditions in aggregates

and biofilms, where bacteria cells are packed much more densely than in the open

ocean, may promote substantially higher local O−2 concentrations. Indeed, Ohnemus

and Lam (2015) recently demonstrated that lithogenic particles in the mixed layer

are rapidly packaged into aggregates. The results of this study, indicating that O−2

has the ability to induce the reduction and dissolution of Fe from particulate mineral

sources, are therefore expected to be most relevant for such aggregates.

Further studies will have to determine whether ageing and processing of particles,

for example in the sunlit surface layers of the ocean, alters their Fe solubility. Fujii

et al. (2006) found that the O−2 -mediated production of Fe(II) from amorphous ferric

oxyhydroxide (AFO) decreased with ageing of the AFO. A similar effect might be

expected for atmospheric aerosols, especially if a labile Fe pool is exhausted.
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4.6 Conclusions

The presented experiment aimed to investigate whether O−2 was able to promote Fe

dissolution and reduction of dust particles from a variety of sources and of different

mineralogy. The results indicate that O−2 at and even below concentrations that are

expected to occur in the marine environment is able to enhance Fe dissolution from

all dusts tested. The resulting Fe(II) concentrations are comparable to — and at

times exceed — the Fe(II) yield from photochemical reactions on a time scale of 24

hours, indicating that the contribution of O−2 to Fe dissolution from aerosols in the

marine environment may be of similar magnitude as that of photochemical reactions.

In particular, the discovery of widespread O−2 production by ubiquitous heterotrophic

bacteria (Diaz et al., 2013) opens the possibility that significant Fe dissolution from

aerosols is not restricted to the well-lit surface layer of the ocean, but may occur at

all depths. However, future work is necessary to evaluate how the ageing of particles

in the atmosphere and surface layer of the ocean affects O−2 -mediated Fe solubility.



92

Chapter 5

Lack of a detectable phytoplankton

response to an aerosol deposition

event in the HNLC subarctic

Pacific Ocean

To be submitted to Geophysical Research Letters.

5.1 Abstract

Deposition of atmospheric aerosols to the surface ocean is considered an important

supply mechanism of biologically available iron (Fe) to remote ocean regions. Much

research has focused on the spatial and temporal variability in aerosol deposition, and

on the Fe solubility of different types of aerosols. However, information on the re-

sponse of open-ocean phytoplankton to aerosol deposition remains sparse. Evaluating

multiple lines of evidence from the high nutrient, low chlorophyll (HNLC) subarctic

Pacific Ocean, I present evidence that the deposition of aerosols from Siberian forest

fires in May 2012 did not result in elevated surface dissolved iron (dFe) concentrations,

and did not elicit a detectable response in the phytoplankton community. Dissolved

Fe concentrations showed the strongest enhancement in the subsurface oxygen de-

ficient zone (ODZ), where oxygen concentrations <50 µmol kg−1 are prevalent. In

contrast, dFe concentrations in the upper 200 m of the water column were at or below

historic background levels. These observations are consistent with a short residence
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time of aerosol particles in surface waters and possible dFe loss in the upper water

column due to particle scavenging. Aerosol toxicity could also have contributed to

the lack of a detectable phytoplankton response to the aerosol deposition event. The

presented data suggest that the impact of aerosol deposition events on surface ocean

biology depends strongly on the chemical composition of the aerosols and on their

fate in the water column.

5.2 Introduction

Insufficient availability of the micronutrient iron (Fe) limits primary production in

about 40% of the surface ocean (Moore et al., 2002). High nutrient, low chlorophyll

(HNLC) areas result where the low solubility of Fe in seawater and low rates of Fe

supply conspire to limit the growth of marine phytoplankton (Jickells et al., 2005;

Liu and Millero, 2002; Martin et al., 1989). Fe limitation in HNLC regions reduces

the efficiency of the biological carbon pump, thus diminishing the ocean’s ability to

absorb carbon dioxide from the atmosphere (Martin, 1990; Sunda, 2010).

The remote waters of the HNLC northeast Pacific Ocean receive Fe from intermit-

tent sources such as atmospheric deposition (Crusius et al., 2011; Duce and Tindale,

1991) and the penetration of mesoscale eddies generated near shore (Brown et al.,

2012; Johnson et al., 2005; Lippiatt et al., 2011). Fe addition from these sporadic

sources enhances phytoplankton biomass and primary production in affected areas

(Bishop et al., 2002; Boyd et al., 1998; Hamme et al., 2010; Xiu et al., 2014).

Much of the research into the potential impact of aerosol deposition events on

oceanic biota has focused on the solubility of Fe in aerosols (e.g., Schroth et al.,

2009; Sedwick et al., 2007; Sholkovitz et al., 2012). Combining this information with

data on regional dust fluxes and assumed or measured Fe content of aerosols, it is

possible to estimate the contribution of atmospheric deposition to dissolved Fe (dFe)

concentrations in the global ocean (e.g., Duce and Tindale, 1991; Moore and Braucher,

2008; Tagliabue et al., 2009). In the subarctic North Pacific Ocean, atmospheric Fe

supply from dust deposition is estimated to contribute 0.01–0.03 mmol Fe m−2 y−1,

comparable to the Fe input from sediments on the continental margins (Moore and

Braucher, 2008). The majority of dust reaching this oceanic region is thought to

originate from Asia, particularly the arid regions of China (Uematsu et al., 1983;

Yuan and Zhang, 2006).

Aerosols from forest fires in Russia may also play an important role in contributing
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soluble Fe to the western North Pacific Ocean (Ito, 2011). With plumes of Siberian

forest fires observed as far east as the western United States and Canada (Bertschi

et al., 2004; Cottle et al., 2014), it is likely that aerosols from such fires are also

deposited in the eastern North Pacific Ocean. In this chapter, I present evidence that

aerosols from forest fires in Siberia were deposited at Ocean Station PAPA (OSP; 50◦N

and 145◦W) in the HNLC northeast subarctic Pacific Ocean in May 2012. Contrary to

expectations, however, the addition of the aerosols did not elicit a detectable response

from the resident phytoplankton.

5.3 Methods

Analytical methods are outlined in Appendix C.

5.4 Evidence for an aerosol deposition event

Several independent lines of evidence suggest that an aerosol deposition event oc-

curred at OSP in the spring of 2012. Firstly, the dFe and Fe(II) data from June 3,

2012, show an anomaly at depth that suggests an external supply of Fe (Figure 5.1 A

and B). In the depth range 400–1000 m, dFe is markedly elevated relative to historic

data for OSP. Similarly, Fe(II) exhibits an increase with depth that is well above

Fe(II) concentrations measured at other offshore stations in the HNLC subarctic Pa-

cific on the same cruise (Figure 5.1B). The increase in Fe(II) corresponds to decreasing

dissolved oxygen concentrations and longer Fe(II) half-lives (Figure 5.1C), suggest-

ing that a near-constant Fe(II) supply with depth, such as might be expected from

settling particles, could lead to the observed distribution. A reductive dissolution

mechanism for particles could produce the observed Fe(II) and dFe profiles.

The principal external sources of dFe and particulate Fe to the NE subarctic

Pacific Ocean include the passage of mesoscale eddies generated near shore (Brown

et al., 2012; Johnson et al., 2005; Lippiatt et al., 2011), isopycnal transport from

the continental margins (Lam and Bishop, 2008; Lam et al., 2006), and atmospheric

deposition of aerosols (Bishop et al., 2002; Boyd et al., 1998; Crusius et al., 2011;

Hamme et al., 2010). The shipboard CTD data as well as satellite images of sea surface

height show no indication that an eddy was present at or near OSP in June 2012 (see

Figure C.2 in Appendix C). It is also highly unlikely that the Fe enhancement to

a depth of 1000 m stems from the continental margins, as particulate Fe that is
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presumably associated with this source has its maximum around 200 m (Lam and

Bishop, 2008; Lam et al., 2006). I therefore propose that an aerosol deposition event

is the most likely source of the deep dFe and Fe(II) anomaly in June 2012.

The average UV aerosol index from the satellite-mounted Ozone Monitoring In-

strument (OMI) for a 4×10◦ area centered at OSP shows a local maximum in early

May 2012 (Figure 5.2) that is well above the seasonal average and is the only dis-

tinguished event that year, indicating the presence of UV-absorbing aerosols such as

dust and soot. The decline of the UV aerosol index for areal bins along a southwest-

to-northeast trajectory (i.e. the most likely transport direction for this aerosol cloud,

see below) suggests aerosol deposition to the ocean. An investigation into the ori-

gin and movement of the aerosol cloud indicates that the material likely stemmed

from forest fires in Siberia (Figure 5.3). Aerosols from Siberian forest fires are fre-

quently transported across the Pacific Ocean between April and August (e.g., Bertschi

et al., 2004; Cottle et al., 2014; Tomshin and Solovyev, 2014), and deposition of

aerosols from biomass burning to the ocean has been proposed to constitute an im-

portant localized source of soluble Fe (Guieu, 2005; Ito, 2011; Luo et al., 2008).

Wet deposition co-occurring with precipitation is a common mode of aerosol de-

livery to the ocean (Raiswell and Canfield, 2012). The NOAA-PMEL mooring at

OSP (http://www.pmel.noaa.gov/OCS/data/disdel v2/disdel v2.html) detected pre-

cipitation as well as a decrease in sea surface salinity on May 10–11, 2012, coincident

with the passage of the aerosol cloud (see Figure C.3 in Appendix C).

Knowing the timing of the aerosol deposition event, it is possible to further ex-

amine the possibility that the deep dFe enhancement measured on June 3 stems

from settling particles. Following dust deposition in the oligotrophic North Atlantic,

particle-settling velocities in the range 32–44 m d−1 have been observed (e.g., Brust

et al., 2011; Neuer et al., 2004), while estimates from artificial dust seeding exper-

iments span from ∼24 to 86 m d−1 (Bressac et al., 2011). Assuming that the dFe

maximum measured at 800 m on June 3 resulted from dissolution of particles that

were deposited on May 12, a particle settling velocity ≥36 m d−1 is required, con-

sistent with the data from the literature. The deep dFe enhancement evident in the

presented data could therefore result from the dissolution of sinking Fe-containing

particles.

Another indicator for an aerosol deposition event at OSP in spring 2012 comes

from 234Th measurements reported by Mackinson et al. (2014). Mackinson and col-

leagues deployed sediment traps at OSP for ∼3 days in June 2012 and found 234Th



97

04/01 04/08 04/15 04/22 04/29 05/06 05/13 05/20 05/27 06/03 06/10
0.4

0.6

0.8

1

1.2

1.4

1.6

1.8

2

2.2

2.4

Date 2012  

O
M

I 
A

e
r
o

s
o

l 
In

d
e
x
  

 

 
162−155W

150−140W

135−128W

Figure 5.2: Averaged UV aerosol index from the satellite-mounted Ozone Monitoring
Instrument (OMI) for 3 area bins around OSP. Assuming a SW-NE trajectory of
the aerosol cloud in May 2012 (Figure 5.3), the bins were chosen as follows: centred
at OSP (dark-grey; 140–150◦W, 48–52◦N), south-west of OSP (black; 155–162◦W,
45–48◦N) and north-east of OSP (light-grey; 128–135◦W, 52–55◦N).

fluxes close to 4000 dpm m−2 d−1 at 200 m. This flux is almost twice as high as the
234Th flux measured at the same location, with the same traps, in June 2011 (Mack-

inson et al., 2014), and is more than twice as high as the 234Th flux measured in

sediment traps at station K2 in the northwest Pacific Ocean in July 2005 (Buesseler

et al., 2009). The POC/234Th ratio of the particles intercepted by the traps is only

1.3 in June 2012, compared to 3.7 in June 2011 (Mackinson et al., 2014), indicating

that the sinking material in June 2012 contains a higher fraction of inorganic matter.

However, Mackinson et al. (2014) report the results from two kinds of measure-

ments for particle export, and there is a slight discrepancy in the results. While

the sediment trap data mentioned above show higher particle export in June 2012

compared to June 2011, the 234Th deficit measured in the water column, which is a
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more indirect indicator of particle export, suggests that particle export in June 2012

was similar to, but not larger than in June 2011. Sediment traps may oversample

particles, especially when horizontal velocities are high (Buesseler et al., 2007), but

there is no reason to suspect that horizontal velocities differed between the June 2011

and 2012 trap deployments at OSP. Interpretation of the 234Th deficit, on the other

hand, is subject to a catalog of biases of its own. For example, it assumes that in

the absence of particle export 234Th is in equilibrium with its parent 238U, whose

concentration is usually determined as a function of salinity (Savoye et al., 2006).

However, in the context of aerosol deposition from a forest fire, the assumption that
238U behaves conservatively with salinity may not hold, as 238U can be enriched in fly

ash from biomass burning (e.g., Carvalho et al., 2014).

The 234Th deficit in the water column also integrates over much larger time and

spatial scales than sediment traps, which has led Cochran et al. (2009) to conclude

that flux estimates based on sediment trap data and 234Th deficits in the water column

are complementary, but not always directly comparable. Furthermore, conversion of

the 234Th deficit into a flux frequently assumes steady state — an assumption that

is violated by episodic aerosol deposition events (Cochran et al., 2009). Cochran

et al. (2009) speculate that flux calculations based on the 234Th deficit would under-

estimate a dust deposition event compared to 234Th fluxes from sediment traps. The

sediment trap data are thus considered more conclusive in the context of the aerosol

deposition event.

Based on the evidence outlined above, it is likely that an aerosol deposition event

occurred at OSP in early May 2012, and that the deposited material originated from

forest fires in Siberia.

5.5 Lack of a biological response to the aerosol de-

position event

Profiling float 7601StnP stayed in the vicinity of OSP from February 2012 well into

2013, allowing for a year-to-year comparison of the recorded nitrate and chlorophyll

a [chl a] data. Interpretation of chl a derived from fluorescence measurements (see

Figure C.1 in Appendix C) is prone to a number of biases (see Appendix C for a

discussion), hence I concentrate on nitrate drawdown as an indicator of phytoplankton

growth. The data from the profiling float show only minimal nitrate drawdown in
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May 2012 compared to considerable drawdown in May 2013 (Figure 5.4). This is

consistent with very little phytoplankton growth in May 2012. Similarly, the surface

macronutrient data measured on discrete samples in June 2012 (nitrate, phosphate

and silicic acid) do not show any sign of a deficit relative to the historic average (silicic

acid shown in Figure 5.5).
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Figure 5.5: Comparison of shipboard silicic acid (Si(OH)4, top panel) and chl a
(bottom panel) surface data from June 2012 (blue and green star, respectively) with
historical data for OSP from May and June (grey circles). Historical averages and
their standard deviations (dashed lines) are indicated in red; for chl a, the historical
median is also indicated in blue. Historical data courtesy of Frank Whitney, Institute
of Ocean Sciences, Sidney.

Chlorophyll a concentrations measured aboard the CCGS John P. Tully in June

2012 were also unremarkable (0.4–0.6 mg L−1), and Mackinson et al. (2014) report

net primary production rates <50 mmol m−2 d−1 at OSP in June 2012, compared

to 79–105 mmol m−2 d−1 in June 2011. Additional evidence comes from MODIS

satellite imagery for May 2012 that shows no sign of elevated chl a concentrations in
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the area surrounding OSP (see Figure C.4 in Appendix C).

It is important to point out, however, that with the available data I cannot ex-

clude the possibility of any kind of response by the biota to the aerosol deposition

event, I can only assert that there did not appear to be a large phytoplankton bloom.

In experiments with water from an oligotrophic freshwater lake, Mackey et al. (2013)

observed that the addition of forest fire aerosols favored picoplankton growth, which

can enhance primary productivity without causing a strong increase in chlorophyll a

concentration (Mackey et al., 2013). In addition, given that heterotrophic bacteria

can account for up to 45% of biological Fe uptake in the HNLC subarctic Pacific

(Tortell et al., 1996), it is possible that non-photosynthetic organisms were the main

beneficiaries of the aerosol deposition event, but would have been missed in the pre-

sented analysis.

5.6 Explanations for lack of a detectable biological

response

One obvious explanation for the lack of a phytoplankton response would be deep mix-

ing or subduction of the water mass that received the aerosol deposition. Estimates

of mixed layer depth at OSP based on temperature distribution in the upper ocean

do not indicate a deepening of the mixed layer, but rather a shoaling due to rising

sea surface temperatures throughout May (see Figure C.3 in Appendix C). There

were no strong wind events recorded in May 2012 at OSP, and no mesoscale eddies

were present within a radius of several hundred kilometres (see Figures C.2 and C.3

in Appendix C). Deep mixing and subduction are therefore unlikely explanations for

the absence of a biological response.

The notion that an aerosol deposition event should lead to a biological response in

an HNLC ocean assumes that the event causes an increase in surface dFe concentra-

tions, temporarily alleviating the Fe limitation of resident phytoplankton. Although

there is evidence from the field that the fertilizing effect of aerosol Fe can elicit a

biological response (e.g., Bishop et al., 2002; DiTullio and Laws, 1991; Hamme et al.,

2010; Young et al., 1991), in situ dFe concentrations were not directly measured in

these events.

It is possible that the aerosol, which presumably originated mainly from wildfires,

simply did not contain enough readily soluble Fe to elicit a strong response in the
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phytoplankton. In a re-analysis of several published studies, Boyd et al. (2010) found

that the estimated dFe addition from dust deposition events was frequently insufficient

to cause a phytoplankton bloom, and that biological signatures had been falsely

attributed to dust deposition. Interestingly, the authors discovered in one case study

that the aerosol observed in conjunction with enhanced carbon dioxide drawdown in

the Southern Ocean (Brévière et al., 2006) stemmed from bushfires in Australia and

not — as had been assumed — from a dust storm (Boyd et al., 2010). Although this

technically led to a false attribution of a phytoplankton response to dust deposition, it

may provide evidence that aerosols from biomass burning can alleviate Fe limitation

in HNLC areas of the ocean.

This suggestion is further supported by several studies reporting considerable Fe

solubility for aerosols from biomass burning. For example, Guieu (2005) found 2%

fractional Fe solubility for aerosols from pyrogenic emissions in the Mediterranean,

and they attribute a 0.4 nM surface dFe enrichment in local waters to the deposition

of aerosols from forest fires. Although not distinguishing between coal and biomass

burning, Sholkovitz et al. (2012) report increased fractional Fe solubility in aerosols

from combustion sources compared to crustal sources in a global dataset. In the

African Sahel, Paris et al. (2010) observed increased Fe solubility in aerosols that

were impacted by biomass burning, though the source of the Fe was found to be

mainly internally mixed dust. Pyro-convection in large fires frequently causes the

entrainment of dust and soil particles into the aerosol cloud (Gaudichet et al., 1995).

It is thus likely that the material deposited at OSP contained both crustal particles

and aerosols directly originating from biomass burning, with fractional Fe solubility

at least equal to, and possibly higher than that of lithogenic particles not impacted by

biomass burning. The evidence thus suggests that Fe fertilization is a likely result of

aerosol deposition originating from wildfires. This begs the question: why was there

no phytoplankton bloom observed in response to the aerosol deposition event in May

2012?

One possible explanation is that Fe scavenging onto particles decreased dFe con-

centrations in surface waters. Croot et al. (2004b) report very short residence times

for dissolved and particulate Fe in surface waters of the equatorial North Atlantic

after dust deposition from the Sahara, suggesting that added Fe is rapidly removed

by scavenging, aggregation and sinking. In the same region but in a different year,

Rijkenberg et al. (2008) observed only a slight dFe enhancement following a Saharan

dust event, with concentrations increasing from 0.20 (initial) to 0.25 nM. Mesocosm
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studies have found that the seeding with atmospheric dust may decrease the dFe

inventory in surface waters (Wagener et al., 2010; Wuttig et al., 2013), presumably

due to scavenging onto sinking particles (Ye et al., 2011). These mesocosm studies

were carried out in Fe-replete waters, so their results may not be directly applicable

to the HNLC subarctic ocean, where dFe concentrations are generally low. However,

dominance of particle scavenging over dissolution in the upper water column, where

particle aggregation and subsequent export are most pronounced (Ohnemus and Lam,

2015), could explain the low dFe concentrations (<0.2 nM) measured to a depth of

200 m at OSP in June 2012 (Figure 5.1A), and it could also explain the absence of a

biological response to the aerosol deposition event.

Another possibility is that the aerosols had a toxic effect on the biota, as was ob-

served by Paytan et al. (2009) for marine phytoplankton exposed to African aerosols.

Additional testing led the authors to suggest that copper (Cu) toxicity was the most

likely explanation, though they could not rule out the possibility that other elements

present in the aerosols and/or their synergistic effects contributed as well (Paytan

et al., 2009). Biomass burning has been observed to contribute more than 90% of

the measured Cu in aerosols of the African Savanna (Gaudichet et al., 1995), and

Sholkovitz et al. (2010) report relatively high fractional solubility (>40%) for Cu in

combustion aerosols, compared to 1–7% for Saharan dust. It is thus possible that

aerosol toxicity — in relation to Cu and/or other elements — prevented a phyto-

plankton bloom in response to the aerosol deposition event, but other factors, such

as particle scavenging discussed above, cannot be ruled out.

5.7 Conclusions and Implications

The lack of a clear phytoplankton response to an aerosol deposition event in the

HNLC subarctic Pacific Ocean provides evidence from the field that the deposition of

aerosols in an HNLC ocean may not lead to an increase in biomass, possibly due to a

lack of Fe fertilization. This is consistent with the analysis of Boyd et al. (2010), which

concluded that dust-induced phytoplankton blooms in the world’s oceans are probably

rare because of slow dissolution of the particles. The available evidence suggests that

the impact of aerosol deposition events on surface ocean biology depends strongly

on aerosol composition and fate. Clearly, more research is needed on how factors

such as aerosol source and atmospheric processing control the biological response to

aerosol deposition. Paytan et al. (2009) observed that toxic effects from aerosols were
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not uniform across phytoplankton taxonomic groups, highlighting the possibility that

aerosol deposition may influence community composition, with possible effects on the

biological carbon pump.

The depth distribution of dFe following the aerosol deposition event suggests that

the aerosols deposited in the NE subarctic Pacific in May 2012 likely had a short resi-

dence time in the surface ocean, evident in the lack of enhanced dFe concentrations in

the upper 200 m of the water column. The dFe increase relative to background con-

centrations in the 400–1000 m depth range implies that particles reached this depth

in 22 days, and also dissolved to some extent while transiting through the water

column. Measures et al. (2008) observed similar dFe distributions with depth — al-

though higher overall dFe concentrations — in the ODZ of the tropical North Atlantic

Ocean. They attributed the dFe enhancement at depth to atmospheric deposition of

mineral dust originating from the Sahara (Measures et al., 2008).

The Fe(II) profile accompanying the dFe data holds intriguing additional infor-

mation about the dissolution process of the aerosol particles. The increase in Fe(II)

concentrations between 150 and 500 m depth corresponds well with the increase in

calculated Fe(II) half-life in that same depth range (Figure 5.1 B and C). This sug-

gests that a constant supply of Fe(II) from sinking particles could be responsible for

the shape of the Fe(II) profile, leading to elevated Fe(II) concentrations where Fe(II)

half-life is longest. Furthermore, the Fe(II) distribution hints at a reductive dissolu-

tion process on the particles, where the generation of Fe(II) is the intermediate step

leading to the observed dFe maximum. With the present data it is impossible to

distinguish whether the observed Fe speciation reflects the speciation present in the

parent aerosol, or whether it is the result of reductive processes associated with the

particles. Such processes could be directly related to the low oxygen concentrations in

the ODZ, and/or they may be mediated by microbes populating the sinking particles.
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Chapter 6

Conclusions

6.1 Summary

In this thesis, I have presented an investigation into dFe and Fe(II) sources to different

HNLC regions. Chapters 2 and 3 document dFe and Fe(II) distributions under the

seasonal pack ice in the Southern Ocean and along a transect in the subarctic NE

Pacific, respectively. The Southern Ocean data from the SIPEX-2 study highlight

the role of sea ice in supplying dFe to surface waters in this oceanic region. This Fe

source, in combination with the stratifying effect of the melting sea ice, is expected

to be important for the formation of the spring bloom that develops each year as the

ice retreats (Fitch and Moore, 2007; Smith and Nelson, 1986).

Fe(II) concentrations under the sea ice were very low in spring, likely due to a lack

of electron donors in the water column and very limited biological activity this early in

the season. In addition, the snow-covered sea ice reduced the amount of solar radiation

reaching the underlying water column, thus limiting the available light energy for

Fe(II) generation. These observations are consistent with the known sources and

production mechanisms for Fe(II) in surface waters, requiring either biological activity

and/or the availability of sunlight combined with the presence of light-absorbing

electron donors such as CDOM (Maldonado and Price, 2001; Rijkenberg et al., 2005).

The observed spatial and depth distribution of dFe during the SIPEX-2 study

indicates that in addition to sea ice, the continental shelf around Antarctica is also a

significant Fe source. The influence of this sedimentary Fe source is most pronounced

at depth and near the continent, and is also reflected in elevated Fe(II) concentrations.

There is evidence that offshore transport of waters from near the shelf may distribute
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sediment-derived dFe farther offshore.

The importance of dFe supply from sediments is also apparent in the data from

the HNLC subarctic Pacific presented in Chapter 3. The sedimentary influence can

be observed several hundred kilometres from the shelf in the Fe(II) data, but it does

not extend to the farther offshore stations along the Line P transect. As is the case for

the Antarctic data set, elevated Fe(II) at depth nearer to shore serves as an indicator

of Fe input from reducing sediments.

Figure 6.1: Schematic of the transformation of Fe(II) in the water column after leaving
the sediment or particle surface. Adapted from Lohan and Bruland (2008).

Even in areas of low oxygen concentration, such as the ODZ in the subarctic

Pacific, Fe(II) is best viewed as an intermediate in the conversion of particulate Fe in

the sediment to dFe in the water column (see Figure 6.1 for an illustration). After re-

oxidation, some of the Fe(III) will be stabilized by organic Fe ligands in the seawater,

thus remaining in the dFe pool, while another part will be lost to renewed particle

formation or scavenging to particle surfaces. In an indirect way, this process is evident

in the data from P4 (see Chapter 3), where both Fe(II) and dFe are highly elevated at

depth, most likely indicating a reductive sedimentary source for Fe. While continuous

Fe(II) release from the sediments is expected to feed into the dFe pool over time

(Figure 6.1), the Fe(II) present at any given time makes up only a small fraction of

dFe, i.e. the Fe(II) percentage at P4 is not elevated compared to other stations.

Several indicators in the Line P data set point to particles as a potential source of

Fe(II). Offshore in the HNLC subarctic Pacific, particle-associated remineralization
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processes appear to generate transient Fe(II) maxima in the ODZ. Closer to shore,

pronounced Fe(II) maxima at P12 are best explained by continuous Fe(II) release

from sedimentary particles that are transported from the shelf break. In addition,

aerosol particles may also be implicated as an Fe(II) source, as discussed in more

detail in Chapter 5. Dust deposition is considered an important Fe source to HNLC

regions (e.g., Jickells et al., 2005; Moore and Braucher, 2008), which led me to fur-

ther investigate the Fe solubility from dust sources in the experiment described in

Chapter 4.

The experimental results are not straightforward to interpret, not least because

of the high, unexpected SOTS-1 treatment blank (see Chapter 4). Superoxide is an

ephemeral reactive oxygen species that is challenging to work with at the best of times,

and the experimental results further confirm its reputation of being “complicated”.

Regardless of the difficulties, the results of the experiment indicate that O−2 may

promote the dissolution of Fe contained in dust particles from a range of source

regions. Hence O−2 , and its generation by heterotrophic bacteria throughout the

water column, is one more thing to take into consideration when contemplating the

many factors affecting Fe dust dissolution in the ocean. This finding implies that Fe

addition from particles could occur at all depths of the ocean, not just in the surface

layer where solar irradiance drives photochemical reactions.

The work presented in Chapter 5 suggests that Fe(II) and dFe addition at depth

may indeed occur as a result of aerosol deposition, transient though it may be due

to the stochastic nature of dust input. This observation has implications for the

dust-associated Fe cycle, with processes at depth possibly playing a larger role than

previously assumed (Boyd et al., 2010). In addition, the absence of a strong phyto-

plankton response to the aerosol deposition event indicates that it may be necessary

to consider the possibility of aerosol toxicity when contemplating the fertilizing effect

of aerosols. In summary, the results from Chapters 4 and 5 add more questions to the

already well-established catalogue of questions related to dust-associated Fe fertiliza-

tion in the surface ocean. The acknowledged uncertainties include dust dissolution

rates, Fe solubility, atmospheric processing of particles, particle scavenging, and the

role of organic ligands, among others (e.g., Boyd et al., 2010). My work adds to this

list by introducing the potential for subsurface dFe and Fe(II) anomalies attributable

to aerosol deposition events and the possibility of toxic effects associated with aerosol

deposition, suppressing phytoplankton growth.
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6.2 Future directions

More work is required to understand the role of particles in the cycling of Fe, and

particularly the possibility that particles may constitute a source of Fe(II). Clearly,

this is a promising field for future work, but particles are difficult to study, as labo-

ratory work has its limitations in how well it can imitate processes occurring in the

ocean. In the oceanic environment, simultaneous sampling of particles and measure-

ment of Fe(II) in the water column will help us to evaluate whether indeed particles

are a likely source of Fe(II). This kind of work will also help us assess whether differ-

ent kinds of particles, and/or different kinds of environments are more or less likely

to produce Fe(II). However, it remains challenging to identify the processes hap-

pening at particle surfaces, in particular with regards to the microbial community.

The field of “omics”, i.e. the study of the genome, proteome and metabolome, may

be promising in this respect, as it provides clues about the metabolic capabilities

of microbes associated with particles, thus shedding light on the range of possible

microbe-mediated processes (e.g., Wright et al., 2012). For example, one could search

for genomic evidence that microbes in the ODZ of the subarctic NE Pacific are ca-

pable of Fe-reduction. It may also be possible to probe whether particle-associated

Fe(II) production results from microbial activity by comparing Fe(II) accumulation

in poisoned and un-poisoned sediment traps, similar to the approach employed by

Karl and Tilbrook (1994) to investigate particle-associated methane.

The study of iron stable isotopes is another powerful tool that allows fingerprinting

of iron sources to the ocean (e.g., Conway and John, 2014; Homoky et al., 2013; John

et al., 2012). Dissolved Fe supplied by reductive processes has a lighter isotopic

signature than dFe from non-reductive sources. With the stable isotope composition

of lithogenic material well constrained, the in situ stable isotope composition in the

water column or in pore waters can thus be used to estimate the influence of reductive

processes relative to non-reductive processes (Conway and John, 2014; Homoky et al.,

2013; John et al., 2012). Applying this approach in the ODZ of the subarctic NE

Pacific could be very informative indeed. In addition, iron stable isotopes in the

sedimentary record can be applied to investigate Fe sources to the ocean on geological

time scales, as recently illustrated by Horner et al. (2015). This kind of approach

may in the future allow us to better understand the connections between Fe supply

mechanisms and climate.

Particles released from sea ice are another area where more research is needed.
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Pertinent questions include the following: What are particles in sea ice made of,

where do they come from and how do they form? How fast do these particles sink

after being released into the water column? How bio-available is the Fe contained

in the particles? This last question could be answered with incubation experiments,

while the question regarding sinking velocities requires sediment traps or cameras and

a time series approach.

The field of O−2 research offers many open questions waiting to be answered. How-

ever, O−2 remains an elusive species that is extremely difficult to measure reliably in

the field. SOTS-1 is a promising candidate for experiments investigating the role of

O−2 in a range of processes, as demonstrated in Chapter 4. However, the high Fe(II)

treatment blank makes it challenging to interpret experimental results pertaining to

Fe. Likewise, the lower-than-expected steady-state concentrations in SOTS-1 solu-

tions, which could be explained by rapid O−2 decay due to a contaminant (see Section

4.4.2), is suspicious. I therefore recommend that trace element concentrations of

SOTS-1 be better characterized before employing this reagent in future experiments.

The fast decay rate of O−2 makes measurements in the field very challenging with

current methods. However, the measurement apparatus for O−2 detection is surpris-

ingly simple, the MCLA reagent is very specific for O−2 , and the chemiluminescence

reaction that allows quantification of O−2 is fast (reaction rate ∼5 x 105 M−1 s−1;

Burns et al., 2012). It should thus be possible to build a submersible superoxide de-

tector that could be towed from a ship or lowered through the water column. While it

may be difficult to properly calibrate such an instrument, and temperature as well as

pH effects need to be taken into consideration, it could be deployed to provide insight

into the spatial and depth variations in O−2 concentrations in different environments,

as well as the day-and-night cycle of this reactive oxygen species in surface waters.

This type of information would help us to better constrain the processes that generate

O−2 in the ocean and would greatly improve biogeochemical models of Fe speciation

in the surface ocean, which frequently assume that O−2 is an intermediate in the redox

cycling of Fe (e.g., Fan, 2008; Weber, 2005).

Finally, the observation that both Fe(II) and dFe appear to be elevated in the

ODZ after an aerosol deposition event (see Chapter 5) begs an intriguing question to

be answered: Are the low oxygen concentrations in the ODZ a prerequisite for this

dFe addition to occur at depth? In other words: would there be no comparable dFe

addition at depth if the same aerosol deposition event occurred over a fully oxygenated

water column? To answer these questions, we need to learn more about the Fe



111

solubilization processes at work on particles. For example, if microbial Fe reduction

plays an important role, then low ambient oxygen concentrations may indeed be

essential, as microbial Fe reduction requires an anoxic micro-environment (e.g., Weber

et al., 2006). Particle-associated microzones void of oxygen are more likely to occur

in a suboxic water column (Wright et al., 2012). Thus, if ODZs were indeed found

to enhance the Fe solubilization of particles, then the ongoing de-oxygenation of the

oceans on a global scale (Keeling et al., 2010) may in the long term result in increased

dFe fluxes from particles to ocean waters.
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Appendix A

Data Table for Chapter 2

Stn Date 

2012

Lat Lon Depth 

(m)

NO3 

+NO2

( M)

PO4

( M)

Si(OH)4

( M)

dFe 

(nM)

SD dFe 

(nM)

Fe(II) 

(pM)

SD 

Fe(II) 

(pM)

0 24.9. 62° 31’ S 121° 29’ E 15 31.21 2.16 61.57 0.51 0.01 - -

30 31.43 2.16 63.24 0.14 0.01 - -

Bottom depth > 3500 m 50 31 2.2 63.24 0.3 0.01 - -

75 31.29 2.2 63.24 0.18 0.01 - -

100 31.29 2.2 68.23 0.17 0.01 - -

125 32.79 2.36 76.55 0.17 0 - -

150 32.64 2.32 81.54 0.39 0.05 - -

200 32.5 2.32 86.54 0.25 0.01 - -

300 32.14 2.32 88.2 0.21 0.01 - -

500 31.43 2.16 91.53 0.25 0.01 - -

750 31.07 2.16 96.52 0.29 0.02 - -

1000 31.64 2.2 103.18 0.44 0.02 - -

1 25.9. 63° 53’ S 119° 55’ E 15 31.29 2.2 99.85 0.38 0.02 - -

50 30.86 2.1 63.24 0.6 0.01 - -

Bottom depth > 3500 m 75 30.86 2.16 64.9 0.45 0.02 - -

100 30.79 2.16 64.9 3.05 0.14 - -

125 31.57 2.23 73.22 1.31 0.03 - -

150 32.29 2.29 84.87 0.34 0.01 - -

200 32.21 2.26 86.54 0.36 0.01 - -

300 32.14 2.32 88.2 0.36 0.01 - -

500 31.86 2.26 89.87 1.04 0.03 - -

750 31.43 2.23 91.53 0.48 0 - -

1000 31.5 2.26 114.83 0.59 - - -

2 29.9. 64° 27’ S 119° 52’ E 15 30.64 2.16 64.9 0.47 0.01 < d.l. < d.l.

30 30.64 2.16 64.9 0.19 0.02 < d.l. < d.l.

Bottom depth 3500 m 50 30.64 2.16 64.9 0.2 0.02 1.9 1.1

75 30.64 2.2 66.57 1.04 0.06 < d.l. < d.l.

100 30.93 2.2 69.9 0.47 0.01 < d.l. < d.l.

150 31.86 2.26 79.88 0.17 0.01 < d.l. < d.l.

200 32.07 2.29 84.87 0.13 0.01 < d.l. < d.l.

300 31.93 2.29 88.2 0.12 0.01 < d.l. < d.l.

500 31.57 2.26 89.87 0.24 0.01 < d.l. < d.l.

750 31.29 2.26 96.52 0.25 0.01 < d.l. < d.l.

1000 31.5 2.26 104.84 0.18 0.01 < d.l. < d.l.

Continued on the next page
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Stn Date 

2012

Lat Lon Depth 

(m)

NO3

+NO2

( M)

PO4

( M)

Si(OH)4

( M)

dFe 

(nM)

SD dFe 

(nM)

Fe(II) 

(pM)

SD 

Fe(II) 

(pM)

4 9.10. 65° 08’ S 120° 38’ E 15 30.57 2.2 59.91 1.04 0.03 < d.l. < d.l.

30 30.64 2.23 58.25 0.54 0.07 < d.l. < d.l.

Bottom depth 3000 m 50 30.57 2.23 58.25 0.53 0.06 < d.l. < d.l.

75 30.64 2.16 61.57 0.57 0.06 < d.l. < d.l.

100 30.71 2.23 64.9 0.31 0.06 < d.l. < d.l.

125 30.71 2.2 69.9 0.28 0.01 < d.l. < d.l.

150 30.79 2.26 66.57 0.43 0.05 - -

200 31.21 2.23 76.55 0.42 0.02 - -

300 31.5 2.29 88.2 0.45 0.04 - -

500 31.43 2.23 96.52 1 0.12 - -

750 31.36 2.26 108.17 0.46 0.03 - -

5 12.10. 65° 13’ S 120° 08’ E 15 30.5 2.26 59.91 0.17 0.01 17.0 0.5

30 30.57 2.26 59.91 0.14 0 7.9 1.8

Bottom depth 3000 m 50 30.5 2.26 59.91 0.11 0.01 5.8 2.0

75 30.5 2.23 59.91 0.1 0.01 6.4 2.1

100 31.29 2.2 59.91 0.09 0.01 7.6 1.5

125 30.36 2.2 58.25 0.13 0.01 5.8 2.6

150 30.29 2.2 59.91 0.14 0.01 < d.l. < d.l.

200 30.64 2.23 66.57 0.16 0.01 < d.l. < d.l.

300 31.64 2.29 84.87 0.19 0.01 < d.l. < d.l.

500 31.29 2.23 93.19 0.21 0.01 < d.l. < d.l.

750 31.36 2.29 98.19 0.26 0.01 5.7 2.6

1000 31.71 2.32 104.84 0.26 0.01 - -

6 13.10. 65° 15’ S 120° 00’ E 15 30.5 2.29 58.25 0.16 0.01 < d.l. < d.l.

30 30.5 2.26 58.25 0.15 0.01 < d.l. < d.l.

Bottom depth ~ 2600 m 50 30.5 2.26 59.91 0.13 0.01 < d.l. < d.l.

75 30.43 2.29 59.91 0.2 0.01 < d.l. < d.l.

100 30.36 2.26 58.25 0.16 0 < d.l. < d.l.

125 30.14 2.26 56.58 0.21 0.01 - -

150 30.14 2.23 58.25 0.2 0.01 - -

200 30.36 2.26 63.24 0.27 0.01 < d.l. < d.l.

300 31.57 2.36 81.54 0.29 0.02 < d.l. < d.l.

500 31.29 2.39 88.2 0.36 0.02 3.8 2.1

750 31.43 2.39 101.51 0.38 0.01 < d.l. < d.l.

1000 31.64 2.36 104.84 0.57 0.01 32.6 1.6

7 19.10. 65° 16’ S 118° 59’ E 15 30.57 1.97 58.25 0.69 0.04 4.1 0.5

30 30.21 1.94 59.91 0.62 0.02 < d.l. < d.l.

Bottom depth ~ 2000 m 50 30.43 1.87 58.25 0.77 0.03 4.3 1.0

75 30.5 2.1 59.91 0.63 0.03 < d.l. < d.l.

100 30.43 2.1 59.91 0.62 0.01 < d.l. < d.l.

125 31.14 1.97 59.91 0.63 0.02 - -

150 19.64 1.71 58.25 0.66 0.04 < d.l. < d.l.

200 30.29 1.97 59.91 0.72 0.03 3.2 1.5

300 31.36 2.39 76.55 0.83 0.03 7.2 1.6

500 31.36 2.39 89.87 1.04 0.02 4.1 0.6

750 31.57 2.39 101.51 0.86 0.03 4.6 1.6

1000 32.07 2.49 116.49 0.96 0.04 21.9 1.2

Table A.1: Station dates and locations, bottom depths and concentrations of
macronutrients, dFe and Fe(II). The reported Fe(II) concentrations are not adjusted
(see Section 2.3.5), hence a lot of data fall below the detection limit (d.l.). Single
standard deviations (SD) are shown for dFe and Fe(II) and are based on replicate
analyses of the same sample. Fe(II) was not determined at all stations and depths,
resulting in missing values in the table.
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Appendix B

Supplementary material for

Chapter 3

B.1 Fe(II) determination with and without injec-

tion valve

Fe(II) data from three different cruises is presented, with slight modifications to the

instrumental set-up between cruises as outlined in Section 3.3.4. In particular, the

introduction of an injection valve for the August 2013 cruise deserves mention. The

advantage of using an injection valve is that baseline drift is inherently accounted for

because the baseline is always subtracted from the signal. I therefore did not measure

any blanks to control drift during analysis when an injection valve was used.

However, on the cruises where an injection valve was not used, blanks in the form

of aged seawater were frequently measured throughout the analysis to keep track of

baseline fluctuations. For the most part, the blank showed some minor variability

around 0 pM, and the blank average for the two 2012 cruises is 2.6± 4.1 pM (n=37).

Only in one instance did I observe significant instrument drift (P12, August 2012); in

that case, the blank (interpolated for the duration of analysis) was subtracted from

the Fe(II) data and is not included in the blank average above. As a whole, I find that

using an injection valve for Fe(II) determination simplifies the analysis and eliminates

baseline drift as a source of error, and is therefore preferred.
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B.2 Replicate Fe(II) measurements from same GO-

FLO

Throughout the Fe(II) analyses, I took repeat samples from select GO-FLO bottles

and during pumping events to verify that my results were reproducible. The standard

deviation of all measurements made on repeat samples during the 3 cruises is 1.8 ±
1.2 pM (n=20), which compares well to the mean absolute standard deviation of

replicate measurements made on the same sample, i.e. 2.4± 0.4 pM and 2.3± 2.5 pM

with and without the injection valve, respectively. In my data presentation, I therefore

do not distinguish whether error bars represent the standard deviation of replicate

measurements from the same physical sample or from the same GO-FLO bottle/pump

depth. In other words: the majority of error bars in the figures of the main manuscript

represent the standard deviation of replicate measurements on the same sample, but

when more than one sample was drawn from the same GO-FLO or pump depth, the

error bar represents the standard deviation of the replicate samples.

B.3 Two casts, one Fe(II) profile

At two stations during the August 2013 cruise (P12 and P26), Fe(II) was measured

on two separate casts that were subsequently “spliced” together to yield the high-

resolution Fe(II) profiles presented in the manuscript. In one case (P12), the profiles

from the two casts fit together seamlessly (Figure B.1), and both show elevated Fe(II)

concentrations at 1000 and 1100 m respectively, increasing confidence that the feature

at this depth is real, and that similar features at other stations are real as well.

As can be seen in Figure B.2A, the individual profiles from P26 do not fit together

as seamlessly as for P12. It is worth pointing out that the two casts were also spaced

farther apart in time, i.e. 17 h rather than 4 h at P12. It is thus possible that

the difference between profiles is not analytical but reflects true variability at P26,

especially when considering how seamlessly the two profiles could be combined at P12.

However, for ease of presentation, each profile was shifted by 3 pM Fe(II) towards the

other, which yields a reasonably smooth combined profile (Figure B.2B). The resulting

“adjusted” profile is the profile that is shown throughout the main manuscript.
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Figure B.1: Fe(II) profile from station P12 in August 2013. Red and blue colours
indicate data from different casts that were ∼4 h apart.
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Figure B.2: Fe(II) profiles from station P26 in August 2013. Red and blue indicate
data from different casts that were ∼17 h apart. The individual casts are displayed
in panel A, while panel B shows the combined profile. For ease of presentation, i.e. in
order to “smooth” the combined profile, data from cast 1 were adjusted by subtracting
3 pM Fe(II), and data from cast 2 had 3 pM added to yield the profile shown in panel
B.
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B.4 Fe(II) half-life calculation

Millero et al. (1987) report that the oxidation of Fe(II) by O2 is strongly dependent

on pH and O2 concentration as follows:

−dFe(II)

dt
= k′[Fe(II)] (B.1)

where

k′ = k[OH−]2[O2] (B.2)

The rate constant k can be calculated for a given temperature and ionic strength

(Millero et al., 1987). For the June 2012 cruise, [O2] was measured by an O2 probe

on the shipboard CTD, and [OH−] is calculated from pH measured at discrete depths

and linearly interpolated to match the CTD data. Calculation of [OH−] requires

the dissociation constant for water, Kw, which was calculated for in situ pressure

(Millero, 1995), temperature and ionic strength (Millero et al., 1987). Likewise, the

measured pH was adjusted to in situ temperature and pressure with the CO2SYS

carbonate equilibrium program, using DIC data from a Line P cruise in June 2007.

See the MATLABr code in Figure B.4 for details regarding the calculation, and see

Supplementary Table B.2 for a list of input and calculated parameters at P26 in June

2012.

My results for the half-life calculation differ markedly from the estimates by

Hansard et al. (2009) for the NE Pacific, especially at depth. Hansard et al. (2009)

estimate maximum half-lives in the ODZ of ∼12 h, while I estimate half-lives close

to 170 h at the station closest to theirs, i.e. P26. There a two big differences be-

tween their approach and mine: Firstly, Hansard et al. (2009) referred to Trapp and

Millero (2007) to calculate the Fe(II) oxidation rate with O2, while I used the equa-

tions from Millero et al. (1987), which are much simpler and don’t require dissolved

inorganic carbon (not currently available for the 2012 data set) as an input parameter.

Secondly, Hansard et al. (2009) included Fe(II) oxidation by H2O2 in their half-life

estimates, and I did not (because H2O2 was not determined on our cruises). So I am

unable to directly compare my half-life calculations to those of Hansard et al. (2009),

but the respective estimates for the rate constant of the Fe(II) oxidation with O2 can

be compared.

Referring to the Supplementary material of Hansard et al. (2009), I calculated k′

for the oxidation of Fe(II) by O2 using their input parameters, i.e. [OH−], temperature,
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ionic strength and oxygen concentration, but following the approach of Millero et al.

(1987) as I did for my own data. The result is shown as the grey dashed line in

Figure B.3A. For comparison, the k′ calculated by Hansard et al. (2009) with the

same input data but using the Trapp and Millero (2007) model is shown in red. This

k′ is specific to the oxidation by O2 and is taken directly from the Supplementary

material of Hansard et al. (2009). I also show k′ calculated after Millero et al. (1987)

using data from P26 (blue line).
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Figure B.3: Calculated k′ (min−1) for the oxidation of Fe(II) by O2 (A) and the
corresponding Fe(II) half-lives (hours; B). Blue line uses input data from OSP in
June 2012, while the grey and red lines use input data from Hansard et al. (2009)
but with different models. See text for details.

It is obvious that the choice of model has considerable influence on the outcome,

especially at depth (i.e. comparing the red and grey dashed lines). It is beyond

the scope of this manuscript to delve into the model details that may cause the
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discrepancy, but this analysis illustrates the uncertainty associated with these half-

life calculations. I would like to point out that in the depth range of the ODZ, the

half-life calculation following Millero et al. (1987) yields longer half-lives than the

model by Trapp and Millero (2007) for the same input parameters (compare the grey

and red lines in Figure B.3B). Since I used the approach of Millero et al. (1987) in

this analysis, my half-life estimates can therefore be considered upper limits.
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Calculated Fe(II) half-life (min)
∆t between bottle closing

and analysis (min)

Sample

depth (m)
P4 P12 P16 P20 P26 TMR

GO-FLOs

on Kevlar

10 8 20 25 31 33 10-15 120-150

20 11 20 26 31 34 12-20 120-150

35 20 20 28 31 35 15-30 120-150

50 31 24 30 31 38 20-35 120-150

75 40 31 38 39 47 25-40 120-150

100 60 37 57 56 54 30-45 120-150

150 249 118 227 253 225 35-50 115-150

200 254 206 529 425 742 40-60 115-140

400 2532 2031 3459 2551 3311 45-65 115-140

600 10438 7598 8912 6593 6268 50-70 110-140

800 20110 15759 13850 10529 8419 55-75 110-130

1000 17603 21419 20076 15488 9407 60-80 100-120

1200 11274 16566 17595 16576 9625 70-90 100-120

1500 - 6851 9073 8572 8923 80-100 90-120

2000 - 2477 2692 2686 2806 90-110 90-120

Table B.1: Calculated Fe(II) half-lives for a subset of depths at all stations, and the
corresponding estimated time that elapsed between closing of GO-FLO bottles and
Fe(II) analysis (∆t). Calculated half-lives are for June 2012, see Section B.4 for details
of the calculation. Variability between cruises is not expected to be large compared
to the variability with depth and between stations.
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Figure B.4: MATLAB code for calculation of Fe(II) half-lives following Millero et al.
(1987)
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Appendix C

Methods and Supplementary

Figures for Chapter 5

C.1 Dissolved Fe and Fe(II)

The methods for the measurement of dFe and Fe(II) in June 2012 and August 2013

are described in Chapter 3, Sections 3.3.3 and 3.3.4. The historic dFe data from OSP

were measured at sea by the Institute of Ocean Sciences in Sidney, Canada, on 16

cruises between 2000 and 2011 on filtered samples (0.2 µm) that had been buffered to

pH 3.2 for 1–2 h prior to measurement (see Johnson et al., 2005). Comparisons to dFe

data measured following GEOTRACES protocols show that the two measurements

are comparable (Ross et al., manuscript in preparation).

C.2 Dissolved Oxygen and Fe(II) half-life

Dissolved oxygen concentrations were measured with a Sea-Bird Electronics dissolved

oxygen sensor (SBE 43) on the CTD package of the CCGS John P. Tully in June

2012, which was calibrated against Winkler titration measurements. The calculation

of Fe(II) half-life is described in detail in Section B.4.

C.3 Silicic acid and chlorophyll a

Silicic acid (Si(OH)4) concentrations were measured on fresh samples at sea using a

Technicon AutoAnalyzer (Barwell-Clarke and Whitney, 1996; Strickland and Parsons,
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1972). Samples for discrete chlorophyll a analysis were filtered onto Whatman GF/F

filters and extracted with 90% acetone prior to fluorometric analysis (Strickland and

Parsons, 1972).

C.4 UV Aerosol Index

UV Aerosol Index data were downloaded from the Giovanni OMI/Aura Online Vi-

sualization and Analysis website. The UV Aerosol Index is calculated based on the

difference between observations and model calculations of spectral radiance ratios

in the UV (see http://disc.sci.gsfc.nasa.gov/giovanni/additional/data-holdings/PIP/

aerosol index.shtml for details). This index indicates the presence of aerosols such as

dust and soot that absorb in the UV.

C.5 Profiling float

Quality-controlled data for profiling float 7601StnP were downloaded from http://

www.mbari.org/chemsensor/FloatViz.htm. The float was equipped with a WETLabs

fluorometer/backscatter sensor (ECO FLbb-AP2) and an in situ ultraviolet spec-

trophotometer (ISUS) for nitrate measurements (Johnson and Coletti, 2002). Floats

are programmed to profile the upper 1000 m of the water column every 5–6 days.

Chl a concentrations were estimated from fluorescence measurements using the

scale factor supplied by the manufacturer as follows: Chlorophyll a [µg L−1] = (sensor

output − dark counts) [counts] * scale factor [µg chl a L−1 count−1]. No attempt

was made to correct for daytime fluorescence quenching. Near the surface, nonphoto-

chemical quenching may reduce phytoplankton fluorescence (Xing et al., 2012), which

can lead to an underestimation of near-surface chl a concentrations that we have not

accounted for in our analysis. However, the bias would apply to the entire dataset, so

a comparison between data from 2012 and 2013 is still valid. A relief of Fe limitation

following the aerosol deposition event could also decrease the fluorescence emission

per unit chlorophyll (Behrenfeld et al., 2009; Westberry et al., 2013), which would

again cause an underestimation of chl a concentration by the float.
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C.6 Sea surface height anomaly

The sea surface height anomaly (SSHA) image for June 3 was downloaded from

the Colorado Center for Astrodynamics Research (CCAR) Global Historical Gridded

SSH Data Viewer website. The SSHA product merges data from multiple altimetry

satellites.

C.7 Mooring data

Data from the NOAA-PMEL mooring at OSP were downloaded at http://www.pmel.

noaa.gov/OCS/data/disdel v2/disdel v2.html. The mooring was equipped with a

rain gage, a Gill sonic anemometer, and a number of Sea-Bird Electronics tempera-

ture, conductivity and pressure sensors (SBE 37 TC, SBE 51 TC, SBE 39 TP).

C.8 Satellite chlorophyll a

The MODIS near-surface chl a composite for May 8 − June 1, 2012, was downloaded

using the Giovanni Ocean Color data portal. The algorithm for deriving chl a from the

MODIS satellite sensor (OC3M) is based on reflectance ratios in the blue and green

wavelengths of the visible spectrum and is thus not susceptible to the quenching-

related biases that fluorescence-based chl a estimates suffer from.
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Figure C.2: Sea surface height anomaly (SSHA) image for the subarctic NE Pacific
from June 3, 2012. Note the absence of an eddy signature at OSP (50◦N, 145◦W).
The weak SSHA feature south-west of OSP first appeared in mid-April 2012 and is
not a remnant eddy.
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Figure C.3: Time series data from the NOAA-PMEL mooring at OSP for May and
early June 2012: Precipitation, wind speed, sea surface salinity and temperature in
the top 300 m of the water column. Cyan lines on top 3 panels indicate monthly clima-
tologies (for details, see http://www.pmel.noaa.gov/tao/clim/clim-info.html). Data
downloaded from http://www.pmel.noaa.gov/OCS/data/disdel v2/disdel v2.html.
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Figure C.4: MODIS near-surface chl a (mg m−3) composite for May 8 − June 1, 2012
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Thuróczy, C.-E., Gerringa, L., Klunder, M., Laan, P., and de Baar, H. (2011). Ob-

servation of consistent trends in the organic complexation of dissolved iron in

the Atlantic sector of the Southern Ocean. Deep-Sea Research II, 58:2695–2706,

doi:10.1016/j.dsr2.2011.01.002.

Tomshin, O. and Solovyev, V. (2014). The impact of large-scale forest fires on

atmospheric aerosol characteristics. International Journal of Remote Sensing,

35(15):5742–5749, doi:10.1080/01431161.2014.945001.

Tortell, P., Maldonado, M., and Price, N. (1996). The role of heterotrophic bacteria

in iron-limited ocean ecosystems. Nature, 383:330–332.

Trapp, J. M. and Millero, F. J. (2007). The oxidation of iron(II) with oxygen in NaCl

brines. Journal of Solution Chemistry, 36(11-12):1479–1493, doi:10.1007/s10953-

007-9192-8.

Tsuda, A., Kiyosawa, H., Kuwata, A., Mochizuki, M., Shiga, N., Saito, H., Chiba, S.,

Imai, K., Nishioka, J., and Ono, T. (2005). Responses of diatoms to iron-enrichment

(SEEDS) in the western subarctic Pacific, temporal and spatial comparisons.

Progress in Oceanography, 64(2-4):189–205, doi:10.1016/j.pocean.2005.02.008.

Twining, B. S. and Baines, S. B. (2013). The trace metal composition of marine

phytoplankton. Annual Review of Marine Science, 5:191–215, doi:10.1146/annurev-

marine-121211-172322.

Uematsu, M., Duce, R. A., Prospero, J. M., Chen, L., Merrill, J. T., and McDonald,

R. L. (1983). Transport of mineral aerosol from Asia over the North Pacific Ocean.

Journal of Geophysical Research, 88(C9):5343, doi:10.1029/JC088iC09p05343.

van de Vossenberg, J., Rattray, J. E., Geerts, W., Kartal, B., van Niftrik, L., van
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