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Abstract

This thesis investigates lithospheric dynamics of Earth's subduction zones and Martian
tectonic provinces on multiple time scales ranging from short-term earthquake deformation to
long-term tectonic loading. In Chapter 2, I use geodetic observations to constrain the post-
seismic viscoelastic deformation following the 1960 M9.5 Valdivia, Chile earthquake and
quantify its stress loading on the rupture zone of the 2010 M8.8 Maule, Chile earthquake. Results
of analysis reveal that the post-1960 viscoelastic process might have contributed to the triggering
of the 2010 earthquake. Chapter 3 presents numerical experiments to investigate elastoplastic
deformation and faulting in the overriding plates of subduction zones caused by the movement of
subducted seamounts. Numerical simulations show that a group of normal faults would first
appear on the seaward side of a subducted seamount, followed by a group of thrust faults on the
landward side of the seamount. In Chapter 4, I use the most recent Martian gravity and
topography data to constrain spatial variations in lithospheric flexural deformation for various
tectonic regions on Mars. The effective lithospheric thickness is estimated to be relatively small
for the plain regions in the southern highland, but relatively large for the impact basins in the
northern lowland as well as for volcanic montes in the Tharis province. The regional variations
in the estimated effective lithospheric thickness might reflect both spatial and temporal changes
in the thermal state of Mars.
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Chapter 1: Introduction

The elastic lithosphere is the outermost layer of a terrestrial planet. The lithosphere supports

the overlying massive landform and loading and shields the heat from the planetary interior. The

brittle lithosphere is also where destructive earthquakes are generated, and most of the largest

earthquakes occur at the convergence plate boundaries (Figure 1). The purpose of my thesis is to

better understand lithospheric dynamics on multiple time scales through focused investigations

of Earth's subduction zones and Martian tectonic provinces.

In the Chile subduction zone off South America, the 2010 M8.8 Maule earthquake struck

immediately to the north of the 1960 M9.5 Valdivia earthquake (see Chapter 2, Figure 2).

Previous investigations have suggested that the elastic lithosphere has transferred the co-seismic

stress of the 1960 earthquake to the future rupture region of the 2010 main shock. However, the

immediate elastic response can not explain a time lag of five decades between the two

neighboring great quakes. In Chapter 2, 1 propose that the time-dependent post-seismic processes

could explain the observed time lag. Using multiple types of geodetic data, I analyze the post-

seismic viscoelastic relaxation of the asthenosphere following the 1960 quake (Figure 2c). Stress

is calculated to have accumulated through time on the 2010 rupture plane, therefore might have

contributed to the triggering of the 2010 rupture. Post-1960 afterslip (Figure 2d) might also play

a role in stressing the 2010 rupture zone.

While earthquake deformation and post-seismic creep occur on time scales of minutes to tens

of years (Figure 2), formation of major tectonic faults could take thousands to millions of years.

Heterogeneity in the topography and physical properties of a subducting plate, e.g., a subducting

seamount (see Chapter 3, Figure la), could lead to regional and local stress accumulation and

lithospheric deformation near subduction zones. Marine geophysical studies have revealed more
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than 100,000 seamounts in the global ocean basins [Sandwell et al., 2014]. When these

seamounts are carried to the subduction zones and interact with the overriding plate, they will

cause a significant stress perturbation in the overriding plate, leading to complex fault systems.

In Chapter 3, I conduct numerical simulations to investigate the elastoplastic deformation and

fault formation caused by the movement of a subducted seamount. Results show that a group of

normal faults would first form on the seaward side of the seamount, followed by a group of

thrust faults on the landward side of the seamount, thus generating significant topographic uplift

and subsidence as well as earthquakes. The buried seamounts and the associated complex fault

systems might act as either asperities or barriers (Figure 3), and thus trigger or delay megathrust

earthquakes.

A diverse types of landforms have been observed on the surface of the planet Mars, including

polar caps, plains, volcanoes, rift valley system, and impact basins (see Chapter 4, Figure la).

Investigations of the lithospheric flexure in response to various types of regional tectonic loading

(Figure 4) can provide important insight into the lithospheric dynamics of this neighboring

terrestrial planet. In Chapter 4, I use the most recent Martian gravity and topography

observations to investigate the lithospheric flexure in 20 tectonic sub-regions of Mars. The

effective lithospheric thickness is estimated to be relatively small for the plain regions in the

southern highland, but relatively large for the impact basins in the northern lowland as well as

for volcanic montes in the Tharis province. The regional variations in the estimated effective

lithospheric thickness might reflect both spatial and temporal changes in the thermal state of

Mars.

In sum, the lithosphere reflects the thermal state of terrestrial planets and reveals the dynamic

processes of outermost layers of the planets. By combining the state-of-the-art numerical
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modeling approaches with analysis of multiple observations, this thesis helps to better

understand the lithospheric dynamics of both Earth and Mars.

References
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Figure 1. Global distribution of thrust earthquakes (black circles) with magnitude greater than 7
after 1976. Red lines indicate trench locations [Bird, 2003].
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Figure 2. Four primary processes within a megathrust earthquake cycle on a subduction
interface. (a) The fault is locked and tectonic stress is accumulated within the inter-seismic time
period of 10s to 100s of years. (b) Accumulated stress is released co-seismically when a
magathrust event ruptures on time scales of seconds to minutes. (c) After the megathrust
earthquake, viscoelastic relaxation of the asthenosphere continues loading the overlying
lithosphere on time scales of 10s to 1000s of years. (d) Aseismic aftership on the subduction
interface might also occur within years after the intial megathrust earthquake.
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Bilek [2007].
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Figure 4. Loading modes and lithospheric flexure for different tectonic terrains on Mars. Red,
blue, and yellow colors indicate the surface loading, sub-surface loading, and crust, respectively.
Dashed lines indicate the bottom of the deformed lithosphere with a thickness Te. (a) For plain
regions, surface and sub-surface loads are assumed to be uncorrelated. (b) For volcanic mons, the
sub-surface loading from the intruded dense material might be correlated with surface volcanic
loads. (c) For rift valley, topographic depression from rifting results in negative surface loading.
(d) For impact craters, surface sediment/mare basalt might be in phase with the sub-surface
mascon, while the topography subsidence caused by impact excavation might be out of phase
with the sub-surface mascon.
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Chapter 2: Post-seismic Viscoelastic Deformation and Stress Transfer After

the 1960 M9.5 Valdivia, Chile Earthquake: Effects on the 2010 M8.8 Maule,

Chile Earthquake'

Abstract

After the 1960 M9.5 Valdivia, Chile earthquake, three types of geodetic observations were
made during four time periods at nearby locations. These post-seismic observations were
previously explained by post-seismic afterslip on the down-dip extension of the 1960 rupture
plane. In this study, we demonstrate that the post-seismic observations can be explained
alternatively by volumetric viscoelastic relaxation of the asthenosphere mantle. In searching for
the best-fitting viscosity model, we invert for two variables, the thickness of the elastic
lithosphere, He, and the effective Maxwell decay time of the asthenosphere mantle, TM, assuming
a 100-km-thick asthenosphere mantle. The best solutions to fit the observations in four sequential
time periods, 1960-1964, 1960-1968, 1965-1973, and 1980-2010, each yield a similar He value
of about 65 km but significantly increasing TM values of 0.7, 6, 10, and 80 yrs, respectively. We
calculate the corresponding viscoelastic Coulomb stress increase since 1960 on the future rupture
plane of the 2010 M8.8 Maule, Chile earthquake. The calculated viscoelastic stress increase on
the 2010 rupture plane varies gradually from 13.1 bars at the southern end to 0.1 bars at the
northern end. In contrast, the stress increase caused by an afterslip model has a similar spatial
distribution but slightly smaller values of 0.1-3.2 bars on the 2010 rupture plane.

'Originally published as: Ding, M. and J. Lin (2014), Post-seismic viscoelastic deformation and
stress transfer after the 1960 M9.5 Valdivia, Chile earthquake: Effects on the 2010 M8.8 Maule, Chile
earthquake, Geophys. J. Int., doi: 10.1093/gji/gguO48.

Reprinted by permission from Oxford University Press.
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1. Introduction

Post-seismic deformation is frequently observed following large earthquakes, which might be

associated with post-seismic afterslip and/or volumetric viscoelasic relaxation [Freed, 2005;

Wang, 2007]. However, the relative importance of the different mechanisms is still an open

issue, mainly because the spatial and temporal coverage of the post-seismic deformation

observations is very limited. The world's largest earthquake ever recorded, the 1960 M9.5

Valdivia, Chile earthquake, provides a unique opportunity to investigate the post-seismic

deformation and the processes that contribute to the deformation.

This study uses three types of geodetic observations collected after the 1960 Chile

earthquake near the rupture zone (Figure 1). Type 1 observations are land-level changes during

1957-1964 along a leveling line in the Central Valley (triangles in Figure 1) [Plafker and Savage,

1970]. Type 2 observations are land-level changes during 1960-1968 at 155 survey sites along

the Chilean coastline and Corcovado Gulf (dots in Figure 1) [Plafker and Savage, 1970]. Type 3

observations are tidal records at Puerto Montt, which is only available within two time periods,

1965-1973 (Figure 6a) and 1980-2010 (Figure 6b), on the Corcovado Gulf coast (downloadable

from http://www.psmsl.org/data/obtaining).

Barrientos and Ward [1990] solved for a slip model that explains the Types 1 and 2

observations. Their inverted slip patches concentrate at two depth ranges, 0-50 km (solid lines in

Figure 1) and 70-150 km (dashed lines in Figure 1). Co-seismic slip is thought to occur only

within the seismogenic zone, whose lower bound has been estimated to be in the range of 48-53

km for the Chilean region [Tichelaar and Ruff, 1991]. Barrientos and Ward [1990] thus

suggested that the upper patches (0-50 km) correspond to co-seismic slip, while the deeper

patches (70-150 km) are associated with post-seismic "afterslip". In this way, Barrientos and
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Ward [1990] proposed an afterslip model, i.e., the deeper patches of their slip model (70-150

km), to explain the post-seismic signals in Types 1 and 2 observations. For Type 3 observations,

Barrientos et al. [1992] inverted for another afterslip model at the depth of 50-100 km.

In this study, we show that volumetric viscoelastic relaxation of the asthenosphere mantle, as

opposed to the post-seismic afterslip models [Barrientos and Ward, 1990; Barrientos et al.,

1992], can explain the Types 1, 2, and 3 geodetic observations equally well. We first invert for a

viscosity model that can best explain the post-seismic deformation data. We then calculate the

corresponding viscoelastic stress transfer onto the future rupture plane of the 2010 Maule

earthquake (Figure 2), as well as stress changes associated with an afterslip model.

2. Post-1960 Viscoelastic Deformation

2.1 Post-1960 Observations

The Type 1 and 2 observations include both co-seismic and post-seismic components. We

derive the post-seismic deformation by subtracting co-seismic deformation from the total

observations. The co-seismic deformation is calculated as that caused by the co-seismic slip

model of Barrientos and Ward [1990] (upper patches, 0-50 km) using the Coulomb 3.3 software

(http://earthquake.usgs.gov/research/modeling/coulomb/) [Lin and Stein, 2004; Toda et al.,

2005]. We then assume that the remaining signals in the Type 1 and 2 data are caused by

volumetric viscoelastic relaxation after the 1960 earthquake. The regions of inferred positive

post-seismic deformation are located about 100-300 km away from the Chile trench axis (Figure

4b), in the Central Valley for the Type 1 sites and Corcovado Gulf for the Type 2 sites (Figure

1). Because the Type 1 and 2 observations were obtained in 1957-1964 and 1960-1968 [Plafker

and Savage, 1970], we interpret the inferred post-seismic deformation to occur within 1960-1964

and 1960-1968, respectively.
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For Type 3 observations, we use the tidal records at the Puerto Montt station in the time

periods of 1965-1973 and 1980-1988 from Barrientos et al. [1992] as well as 1988-2010 from the

PSMSL website (http://www.psmsl.org/data/obtaining). Linear regression yields uplift rates of

4.5 cm/yr in 1965-1973 (Period a, Figure 6a) and 0.8 cm/yr in 1980-2010 (Period b, Figure 6b).

2.2 Model Set-up

We calculate the volumetric viscoelastic deformation on a layered spherical Earth using the

VISCO1D code of Pollitz [1992] (http://earthquake.usgs.gov/research/software/#VISCO1D). In

this code, a co-seismic slip model and a series of Earth viscosity models are specified. The co-

seismic slip model is assumed to be the same as the upper slip patches of Barrientos and Ward

[1990] for the 1960 earthquake (solid contours in Figure 1). We define a three-layered Earth

viscosity model that includes a low-viscosity asthenosphere mantle layer with a Maxwell

rheology. The asthenosphere mantle layer is sandwiched between overlying elastic lithosphere

and underlying lower mantle, both of which are of high viscosities (Table 1). The shear modulus

and densities of the lithosphere and asthenosphere are based on the Preliminary Reference Earth

Model (PREM) [Dziewonshi and Anderson, 1981], increasing with depth from 2.49x1010 to

6.82x1010 Pa and 2.6xi03 to 3.44xi03 kg/M 3, respectively. Other physical parameters in our

models are listed in Table 1. We invert for two variables: the thickness of the elastic lithosphere,

H,, and the effective Maxwell decay time of the asthenospheric mantle, TM. We hold the

thickness of the asthenospheric mantle, Ha, fixed at 100 km. We define TM as 21adya, where 7a

and ya, are the viscosity and shear modulus of the asthenospheric mantle, respectively (Table 1).

2.3 Best-fitting Viscosity Models

We search for viscosity models that minimize the root-mean-square (RMS) misfits between

viscoelasic relaxation models and post-seismic observations. Four best-fitting solutions for the
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post-seismic observations in Type 1, Type 2, and Type 3 (Periods a and b), are searched within

the variable domain of He between 50 and 80 km and TM between 0.3 and 640 yrs.

The best-fitting solution for the Type 1 post-seismic observations is He = 65 km and TM = 0.7

yrs with a RMS misfit of 0.25 m (Solution 1, Figure 3a). It is slightly smaller than the 0.35 m

RMS misfit that we calculate for the afterslip model of Barrientos and Ward [1990]. The

observation error for Type 1 data is 0.1 m [Plafker and Savage, 1970]. We define an acceptable

range for TM values, 0.4 to 1.8 yrs, with RMS misfits of less than 0.4 m (horizontal error bar in

Figure 3a). The best-fitting solution for the Type 2 post-seismic observations corresponds to He =

67 km and TM = 6 yrs with a RMS misfit of 0.67 m (Solution 2, Figure 3b), similar to the 0.68 m

RMS misfit for the afterslip model of Barrientos and Ward [1990]. The observation error for

Type 2 data is 0.34 m [Plafker and Savage, 1970]. An acceptable range for TM values defined by

RMS misfits of less than 0.7 m is between 2.9 and 14 yrs (horizontal error bar in Figure 3b).

Figures 4a and b compare the best-fitting viscoelastic solutions, afterslip model, and

corresponding observations for Types 1 and 2 data, respectively.

Best-fitting solutions for the Type 3 tidal records yield larger best-fitting TM values. The

best-fitting TM values are 10 yrs for Period a (Solution 3, Figure 5a) and 80 yrs for Period b

(Solution 4, Figure 5b). We also define acceptable ranges of TM values, 1.8-40 yrs (horizontal

error bar in Figure 5a) and 14-450 yrs (horizontal error bar in Figure 5b), for Periods a and b,

respectively. However, Type 3 data do not provide a strong constraint for He values (Figures 5a

and b). Figures 6a and b compare the best-fitting solutions with the monthly tidal records for

Periods a and b, respectively.

The variations in the best-fitting TM values can be described by an empirical double

exponential function:
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log[Tm (t) / lyr] = A[ - e(t-to)/rI, (1)

where t is the time since the 1960 earthquake. Regression analysis yields A = 1.9, to = 2.0 yrs,

and r = 10.5 yrs (dashed line in Figure 7). Similar regression processes for the acceptable TM

ranges yield A = 2.7, to = 0.8 yrs, and r = 7.8 yrs for the upper bound, and A = 1.3, to = 5.9 yrs,

and -r = 14.8 yrs for the lower bound (within in the gray region in Figure 7).

The four best-fitting TM values correspond to viscosities of 2x1018, 2x101 9, 3x10 1 9, and

2x1020 Pa-s, assuming an asthenospheric shear modulus of p. = 6.7x 101 Pa (Table 1). The

range of our best-fitting TM values between 5 and 70 yrs for the time period of 1965-1988

(dashed line in Figure 7) is consistent with the result of Piersanti [1999]. The lower bound of our

acceptable range of TM values of 14 yrs for the time period of 1993-2005 (gray region in Figure

7) is similar to the result based on GPS observations [Hu et al., 2004] (Figure 7). The time-

dependent reduction in the TM and viscosity values might reflect either a non-linear stress-

dependent rheology [Freed and Burgmann, 2004; Freed et al., 2006] or a biviscous Burgers

rheology of the asthenosphere [Pollitz, 2003; Hetland and Hager, 2006].

3. Post-1960 Stress Transfer

3.1 Coulomb Stress Change

For the viscosity structure that best explains the post-seismic deformation, we calculate the

Coulomb stress changes on the 1960 and 2010 rupture planes caused by the viscoelastic process.

The Coulomb stress change on a receiver fault is defined as:

ACFF = Ar +PAa, (2)

where Ar is the shear stress change resolved on the receiver fault (positive in the slip direction),

Aa is the normal stress change on the receiver fault (positive when the fault is unclamped), and

y is the apparent friction coefficient after accounting for pore pressure, which is assumed to be
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0.4 [e.g. King et al., 1994]. We calculate the stress changes caused by viscoelastic relaxation

using the VISCOID code. We assume the strike, dip, and rake angles for the receiver fault of the

2010 earthquake to be 10*, 20*, and 90* [Lorito et al., 2011], and for the 1960 earthquake to be

70, 200, and 1050 [Barrientos and Ward, 1992].

3.2 Post-1960 Stress Transfer

We first calculate the viscoelastic stress changes on the fault planes of the 1960 and 2010

earthquakes. Viscoelastic deformation and stress changes scale with TM [Hetland and Hager,

2006], so we calculate stress changes at various locations (i.e. Locations 1, 2, and 3 in Figure 8c)

as a function of the scaled time, t/TM, where t is the time since the occurrence of the 1960

earthquake (Figure 9a). Since the effective TM increases with time (Figure 7), we define

averaged TM values, Tm(t), by solving the equation t / Q f /J Tm (t) dt, where T,(t) is

given by Equation 1. Using TM (t) instead of TM, we transform the stress evolution curves in

Figure 9a to those in Figure 9b. The stress changes are calculated to increase rapidly at first and

then level off toward constant values after less than 10 years. Because the stress evolution

depends on temporal TM functions (Equation 1), we calculate the stress changes for the best-

fitting (black line), as well as the upper and lower bound TM curves (gray region in Figure 9b).

On the rupture plane of the 1960 earthquake, the region of calculated viscoelastic stress

increase is surrounded by areas of negative stress changes on the eastern and western margins

(Figure 8d). Regions of greater viscoelastic stress increase are located at the depth of 20-50 km,

coinciding with the largest co-seismic stress drop of the 1960 earthquake (Figure 8b). For the

best-fitting TM values and corresponding evolution curve (dashed line in Figure 7), the maximum

stress increase is about 40 bars at the depth of -30 km. The maximum stress increase

corresponding to the lower and upper bounds of the temporal TM evolution curves (gray region in
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Figure 7) is calculated to be about 30 and 45 bars, respectively. Thus the viscoelastic stress

changes tend to compensate for the co-seismic stress drop on the rupture plane of the 1960

earthquake. Meanwhile, the viscoelastic stress increase corresponding to the best-fitting Tm

curve (dashed line in Figure 7) is calculated to be 13.1 bars at the southern end of the 2010

rupture plane (Location 1 in Figure 8c), gradually decreasing to 0.1 bars at the northern end

(Location 3). The hypocenter of the 2010 earthquake (Location 2) is calculated to have

experienced a viscoelastic stress increase of 0.5 bars. We also calculate the stress increases on

the 2010 rupture plane for the lower and upper bounds of the temporal TM evolution curves (gray

region in Figure 7): Location 1 (9.2 and 16.4 bars), Location 2 (0.3 and 0.6 bars), and Location 3

(0.04 and 0.2 bars) (gray regions in Figure 9b).

We calculate the stress changes caused by the afterslip model of Barrientos and Ward [1990]

using the Coulomb 3.3 software. The afterslip also loads both the 1960 and 2010 rupture planes

(Figures 8e-f). On the 1960 rupture plane, the region of greater stress increase due to afterslip is

at the depth of about 60 km (Figure 80, which is deeper than that for the volumetric viscoelastic

relaxation model (Figure 8d). On the 2010 rupture plane, the afterslip stress increase has a

similar along-strike distribution (Figure 8e) as that of volumetric viscoelastic relaxation (Figure

8c), but with a smaller maximum stress increase (Location 1) of 3.2 bars, compared with 13.1

bars for the viscoelastic relaxation. At the hypocenter of the 2010 earthquake (Location 2), the

stress increase caused by the afterslip and volumetric viscoelastic relaxation is similar: 0.4 bars

(Figure 8e) and 0.5 bars (Figure 8c). In comparison, the calculated co-seismic stress increase at

the hypocenter of the 2010 earthquake (Location 2) caused by the 1960 earthquake is about 0.3

bars [Lin and Stein, 2004] (Figure 8a), which is of the same order of magnitude as the post-

seismic viscoelastic and afterslip stress increase.
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4. Discussion

4.1 Uncertainties in the Type 1 and 2 Post-seismic Deformation Data

Barrientos and Ward [1990] and our study assume that Type 1 and 2 observations contain co-

seismic and post-seismic deformation signals. Type 1 and 2 observations may contain other

information as well. For example, Linde and Silver [1989] suggested that these observations

include pre- and co-seismic signals. Moreno et al. [2009] attributed all the deformation to co-

seismic slip by using a curved geometry rather than a plane fault. Despite alternative

interpretations for the Type 1 and 2 observations, our study shows that the post-seismic

deformation, which was previously interpreted as from the afterslip model of Barrientos and

Ward [1990], could be equally well explained by the volumetric viscoelastic relaxation of the

asthenosphere mantle.

4.2 Viscoelastic Relaxation versus Afterslip

Our results show that the volumetric viscoelastic relaxation and afterslip could equally

explain the geodetic observations in the distance of about 70-370 km away from the Chile trench

axis (Figure 4b). Data that could possibly distinguish the two post-seismic mechanisms include:

(1) near-trench sea-floor observations [e.g. Newmann, 2011], (2) long-term geodetic

observations, or (3) high-density horizontal deformation observations. Our calculations show that

the predicted deformation between the volumetric viscoelastic and afterslip models is similar at

the distance of more than 70 km from the trench axis, but is different near the Chile trench axis

(Figure 4b). If future sea-floor deformation observations are collected, the afterslip and

volumetric viscoelastic relaxation models could be distinguished from each other. Another

method of distinction is to use long-term geodetic observations: Post-seismic viscoelastic

relaxation usually continues within tens of years [Hetland and Hager, 2006], while afterslip

occurs only within several years after a great earthquake [Helmstetter and Shaw, 2009]. Finally,
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Wang et al. [2007] argued that the opposing horizontal deformation directions observed at

coastal and inland sites of high-density GPS surveys could be explained by post-seismic

viscoelastic relaxation, but not afterslip.

4.3 Stress Transfer versus Tectonic Loading

The importance of stress transfer mechanisms to trigger an earthquake must be understood

within the framework of the stress evolution in an entire earthquake cycle. The earthquake cycle

of the 2010 M8.8 Maule, Chile earthquake could be considered to begin in 1835, when a M8.5

earthquake occurred in the same segment as the 2010 earthquake [Moreno et al., 2010]. During

its earthquake cycle, the 2010 rupture plane is loaded by plate convergence due to the coupling

between the subducting Nazca plate and the overriding South America plate. We estimate this

secular tectonic stress using a GPS-inverted plate-coupling model with variable coupling

coefficient [Moreno et al., 2010], assuming a plate convergence rate of 6.6 cm/yr [Angermann et

al., 1999]. Our calculations show that the tectonic stress increase and the 2010 co-seismic stress

drop are of the similar "two-patch" spatial patterns (Figures 10a and b). The 2010 earthquake is

calculated to have released a similar magnitude of stress as the stress accumulated by the secular

tectonic loading in 1835-2010.

The above similarities also suggest that the 2010 rupture plane was close to failure before the

occurrence of the 2010 Maule earthquake. Therefore, a relatively small amount of additional

stress increase, such as that due to co- and post-seismic processes caused by the nearby 1960

earthquake, could contribute to the triggering of the 2010 earthquake.

We also estimate the residual stress after the occurrence of the 2010 earthquake by adding

the 1835-2010 tectonic and 2010 co-seismic stresses. The post-1835 tectonic stress accumulated

on the slip patch to the north of the 2010 hypocenter seems to be fully released, while the
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southern patch is still associated with a certain amount of residual stresses (Figure 10c), similar

to the interpretations of Moreno et al. [2010] based on slip deficit calculation.

5. Conclusions

Our investigation of the post-seismic deformation of the 1960 M9.5 Valdivia, Chile

earthquake and the associated stress transfer yields the following results:

1. Three types of post-1960 geodetic observations during four time periods could be

explained by a volumetric viscoelastic relaxation model equally well as the previous afterslip

models. The observations in four sequential time periods could be explained by a consistent

elastic lithosphere thickness of about 65 km, but require a significant increase in the effective

Maxwell decay times of the asthenospheric mantle.

2. The inverted effective Maxwell decay times of the asthenosphere mantle are 0.7, 6, 10, and

80 yrs to best explain the observations during the time periods of 1960-1964, 1960-1968, 1965-

1973, and 1980-2010, respectively.

3. The rupture plane of the 2010 Maule, Chile earthquake is calculated to have experienced

stress increase of 0.1-13.1 bars due to post-1960 viscoelastic relaxation, in comparison to 0.1-3.2

bars due to afterslip. These post-1960 stress increases might have contributed to the triggering of

the 2010 earthquake.
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7. Tables

Table 1. Parar

Parameters

He

A,

Pe

i,

Ha

Pa

Aa

Ma

TM

Thower

s

H6

A

meters for Post-1960 Viscoelastic Relaxation Models

Description

Thickness of the elastic lithosphere, km

Range of the density of the elastic lithosphere, kg/m3

Range of the Lam6's first parameter of the elastic lithosphere, Pa

Range of the shear modulus of the elastic lithosphere, Pa

Viscosity of the elastic lithosphere, Pa- s

Thickness of the asthenosphere mantle, km

Range of the density of the asthenosphere mantle, kg/m3

Lamd's first parameter of the asthenosphere mantle, Pa

Shear modulus of the asthenosphere mantle, Pa

Viscosity of the asthenosphere mantle, Pa -s

Effective Maxwell decay time of the asthenosphere mantle defined as

2q. / y,, yr

Viscosity of the lower mantle, Pa- s

Co-seismic slip of the 1960 rupture, m

Strike of the 1960 fault plane

Dip of the 1960 slip model

Rake of the 1960 slip model

Maximum depth of the co-seismic slip plane, km

31

Value

50-80

2.6-3.38xl03

2.93-7.86x1010

2.49-6.82x1010

Ix 1029

100

3.38-3.44x103

7.86x1010

6.70x 1010

lx 10'-2x 1021

0.31-640

1 x 1022

0-40 m

70

200

1050

60



8. Figures
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Figure 1. Locations of three types of post-1960 observations: Circles-Type 1; Triangles-Type 2;
and Square-Type 3 data. Also shown are co-seismic (solid contours) and post-seismic afterslip

(dashed contours) models of the 1960 Valdivia, Chile earthquake [Barrientos and Ward, 1990].
The epicenter of the 20 10 Maule, Chile earthquake is marked by a red star. The colors of Types 1
and 2 sites indicate the values of inferred post-seismic land-level changes within the

corresponding observation time periods.
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Figure 2. Map-view contours showing slip distributions of the 1960 (black) and 2010 (red)
earthquakes, as well as epicenters (stars). Background is land topography and seafloor
bathymetry.
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Figure 3. RMS misfits between (a) Type 1 and (b) Type 2 post-seismic observations and
volumetric viscoelastic relaxation models. Horizontal axis (TM) is on a logarithmic scale. Best-
fitting solutions are indicated by large black circles: (a) Solution 1 (He = 65 ki, TM = 0.7 yrs);
(b) Solution 2 (H, = 67 kin, TM = 6 yrs). White horizontal error bars indicate TM ranges that yield
acceptable RMS misfits.
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Figure 4. Comparison between observations (black dots and error bars) and best-fitting solutions
(red dots): (a) Solution 1 for Type 1 post-seismic deformation and (b) Solution 2 for Type 2
deformation. The error bars indicate observation errors in the geodetic survey [Plafker and
Savage, 1970]. Green dots are the corresponding deformation calculated for the afterslip model
of Barrientos and Ward [1990]. Red and green dashed lines in (b) show our modeling results
near the trench axis for the best-fitting viscoelastic and the afterslip models, respectively.
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Figure 5. RMS misfits between Type 3 tidal data and viscoelastic models: (a) Solution 3 for

1965-1973 (Period a); (b) Solution 4 for 1980-2010 (Period b). Horizontal axis (TM) is on a
logarithmic scale. The tidal data do not provide a strong constraint for He values. Assuming He =
65 kin, we invert for the best-fitting TM solutions: (a) Solutions 3 (TM = 10 yrs); (b) Solution 4

(TM = 80 yrs). White horizontal error bars indicate TM ranges that yield acceptable RMS misfits.
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Figure 6. Comparison between Type 3 monthly tidal records (black dots) and best-fitting
viscoelastic models (red lines) of (a) Solutions 3 and (b) Solution 4. Dashed black lines indicate
lincear regression lines with uplift rates of 4.5 cm/yr (a, in Period a) and 0.8 cm/yr (b, in Period
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Figure 7. Effective Maxwell decay times, TM, of Solutions 1-4, and a regression curve in the

form of Equation 1 (dashed line). TM values of Solutions 1-4 and their corresponding acceptable

ranges are indicated by dots and error bars for the observation time periods of 1960-1964 (for

Type 1 data), 1960-1968 (for Type 2 data), 1965-1973 (for Type 3-Period a data), and 1980-2010
(for Type 3-Period b data), respectively. Gray region is constrained by regression curves for the

upper and lower bounds of acceptable TM values. Gray-line boxes indicate results from Piersanti

[1999] and Hu et al. [2004].
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Figure 8. Coulomb stress changes on the rupture plane of the 1960 Valdivia (b, c, d) and 2010
Maule (a, c, e) earthquakes. Red color indicates positive Coulomb stress change. (a-b) Co-
seismic stress changes caused by the 1960 co-seismic slip model of Barrientos and Ward [1990].
(c-d) Post-seismic Coulomb stress changes corresponding to our best-fitting volumetric
viscoelastic relaxation model with Tm values increasing with time (i.e. dashed curve in Figure 7).
(e-f) Post-seismic Coulomb stress changes due to the afterslip model of Barrientos and Ward
[1990] (black dashed contours on the right side of Panel f).
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Figure 9. Coulomb stress evolution at Locations 1-3 (Figure 8c) on the rupture plane of the 2010

Maule earthquake. (a) Stress changes at differrent scaled times, t/TM. (b) Corresponding stress

changes within 50 years since 1960, assuming that the TM value increases with time in the form

of Equation 1. Black solid curves corresponds to the regression curve for the best-fitting TM

values (dashed curve in Figure 7), while the gray regions correspond to the lower and upper

bound curves of the acceptable TM ranges (gray region in Figure 7).
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Figure 10. (a) Accumulated Coulomb stress increase within the earthquake cycle of 1835-2010
using a model of variable plate-coupling coefficient inverted from 1996-2008 GPS observations
[Moreno et al., 2010]. (b) Co-seismic stress drop of the 2010 Maule earthquake, using the Lorito
et al. [2011] slip model based on tsunami and geodetic observations. (c) Calculated residual
stress after the occurrence of the 2010 earthquake by adding (a) and (b).
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9. Appendix A: Model Sensitivity of Viscoelastic Deformation

The calculated post-seismic viscoelastic deformation depends on two key variables: the

thickness of elastic lithosphere, He, and the effective Maxwell decay time of the asthenosphere

mantle, TM. We assume a 100-km-thick asthenosphere mantle.

9.1 Types 1 and 2 Observations

With decreasing He values, the calculated Type 1 deformation becomes more positive (Figure

Ala). Meanwhile, the distance of the region of the calculated maximum uplift from the trench

axis decreases for Type 2 data (Figure Alb). For both Type 1 (Figure A2a) and Type 2 (Figure

A2b) data, a reduction in TM leads to more positive calculated deformation.

9.2 Type 3 Observations

The calculated post-1960 deformation at the Puerto Montt station increases exponentially

with time (Figure A3). For both Period a (1965-1973, Figure A3a) and Period b (1980-2010,

Figure A3b), all the He values in the range of 50-80 km explain the observations well, assuming

a constant TM. Thus Type 3 observations do not provide a strong constraint for He values. For

both Period a (Figure A3c) and Period b (Figure A3d), a reduction in TM leads to an increase in

the calculated rate of deformation, assuming a constant He.
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Figure Al. Calculated deformation for (a) Type 1 and (b) Type 2 observations assuming
different lithospheric thickness: He = 50 km (red), 60 km (orange), 70 km (magenta), 80 km

(blue). Green curves correspond to the afterslip model [Barrientos and Ward, 1990]. Black dots

with error bars indicate the corresponding post-1960 land-level changes. Viscoelastic models

assume constant TM values of 0.7 yrs (Solution 1) in (a) and 6 yrs (Solution 2) in (b).
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10. Appendix B: Layered Earth Viscosity Model

We assume a three-layered Earth viscosity model that includes a low-viscosity asthenosphere

mantle layer with a Maxwell rheology. The asthenospheric mantle layer is sandwiched between

overlying elastic lithosphere and underlying lower mantle, both of which are of high viscosities

(Table 1, Figure B1). The shear modulus and densities of the lithosphere and asthenosphere are

based on the Preliminary Reference Earth Model (PREM) [Dziewonshi and Anderson, 1981],

increasing with depth from 2.49x10 10 to 6.82x1010 Pa for shear modulus and from 2.6x103 to

3.44x 103 kg/m3 for density, respectively. In Figure B 1, we show an example of layered viscosity

model including a lithospheric layer with thickness He = 50 km, an asthenospheric layer with

thickness Ha = 100 km, and an underlying lower mantle layer. We assume the viscosity of the

asthenosphere 77a = 3x 1018 Pas. The co-seismic rupture occurs within the lithosphere and drives

the subsequent viscoelastic relaxation of the underlying asthenosphere.

The Earth viscosity model used in this study is laterally homogeneous, while a real

subduction zone includes 3-D laterally inhomogeneous structure. In subduction zones, an elastic

oceanic plate with high viscosity subducts beneath the continental plate. Between the subducting

plate and the overriding continental plate, the triangle-shaped mantle block with low viscosity is

called mantle wedge. In the process of post-seismic viscoelastic relaxation, the presence of such

low-viscosity mantle wedge would cause the focusing of asthenospheric relaxation and surface

deformation to be skewed towards the landward side of the subduction zone. Furthermore, the

magnitude of the surface vertical deformation could be greater for a model with a low-viscosity

mantle wedge than that calculated for the flat Earth viscosity model of this study.
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Figure B 1. (a) A layered viscosity model assuming a lithospheric layer with thickness He= 50
km, an asthenospheric layer of 100 km thick, and an underlying lower mantle layer. (b) We
assume large viscosities for the lithospheric and lower mantle layers, and small viscosity (3x 1018
Pa's in this model) for the asthenosphere layer. (c) Assumed shear modulus as a function of
depth. (d) Assumed depth-dependent density.
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Chapter 3: Elastoplastic Deformation and Faulting in the Overriding Plate

Caused By a Subducted Seamount2

Abstract

We simulate elastoplastic deformation and faulting in a wedge-shaped overriding plate
caused by a subducted seamount. The modeling results reveal surface subsidence on the seaward
side of the seamount and uplift on the landward side of the seamount. A pair of conjugate normal
faults would first appear in the thinner part of the plate, seaward of the seamount. Subsequently,
a second pair of conjugate thrust faults would form in the thicker part of the plate, landward of
the seamount. As the seamount buried depth increases, the seamount displacement required for
both the normal and thrust faults to cut through the entire plate increases. The dipping angles of
the faults are controlled by the internal friction angle of the overriding plate. Results of analysis
also reveal that a shear zone could develop at the interface between the seamount and overriding
plate, releasing the basal normal stress caused by the seamount movement. These analyses
provide a quantitative framework to investigate the fault formation and surface deformation
processes during seamount subduction.

2 Ding, M., and J. Lin, Elastoplastic deformation and faulting in the overriding plate caused by a
subducted seamount, manuscript for submission to Geophys. Res. Lett.
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1. Introduction

Seamounts are ubiquitous topographic features of ocean basins. The total number of

seamounts have been estimated to be over 100,000 [Wessel et al., 2010], indicating on average at

least one seamount within a seafloor area of 3,600 km2. Seamounts are carried to the subduction

zones by plate motion and finally subducted beneath the overriding plate in subduction zones.

There are many examples of seamounts that are in the process of being subducted. Seismic

reflection and tomography, for example, clearly show subducted seamounts in the Hikurangi

subduction margin off New Zealand [Bell et al., 2010], Gulf of Nicoya off Costa Rica [Husen et

al, 2002], and Nankai Trough off Japan [Kodaira et al., 2000]. Magnetic and gravity anomalies

have also been used to interpret subducted seamounts in the Cascadia subduction zone off

Oregon [Trehu et al., 2012].

Subducted seamounts could profoundly influence the morphology and stress state of the

overriding plate. Subducted seamounts generally produce indentation at the front of the

overriding plates, followed by complex pattern of uplift and subsidence at different stages

[Dominguez et al., 1998]. Meanwhile, the seamount may generate a complex fracture network in

the overriding plate [Wang and Bilek, 2011]. The presence of the complex fault system could

influence the occurrence of megathrust earthquakes. Previous studies suggest that subducted

seamount could either trigger [Scholtz and Small, 1997; Cloos, 1992; Yang et al., 2013] or arrest

megaearthquakes [Mochizuki et al., 2008; Kodaira et al., 2000; Yang et al., 2012]. However,

those studies ignore the fault system caused by seamount subduction, and simply presume a

normal stress increase at the location of seamount.

The goal of this investigation is to test this conceptual hypothesis of a fracture network

caused by seamounts. Using the finite element modeling software COMSOL Multiphysics 4.4,
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we simulate the evolution of the fault-like shear zones (referred to as faults) due to the kinematic

movement of the seamount. We explore how the key parameters, including the seamount burial

depth (H), the subduction dipping angle (6), and the internal friction angle of the overriding

plate (0), influence the formation and geometry of the fault system. Our study could provide

more realistic stress conditions along the seamount interface for better understanding the

influence of seamounts on megathrust earthquakes.

2. Model Set-up

We calculate elastoplastic deformation of the overriding plate caused by the kinematic

movement of a subducted seamount using COMSOL Multiphysics 4.4. The influence of

seamount movement is modeled as a boundary of increasing displacement on the subduction

interface. We assume the physical properties of the overriding plate to be constant, including its

Young's modulus, Poisson's ratio, crustal density, and cohesion (Table 1). The key variables

include the seamount buried depth (H), the subduction dipping angle (6), and the internal

friction angle of the overriding plate (0) (Figures 2a-b).

2.1 Elastoplastic Material

The mechanical failure of the overriding plate is modeled by the Mohr-Coulomb failure

criteria. In Mohr-Coulomb criteria, the shear strength of the material is given by:

= tan(o) a. + C,(

where o-n is the normal stress. 0 and C are the internal friction angle and cohesion,

respectively. When b = 0', the Mohr-Coulomb failure criterion reduces to Von Mises criterion.

Material begins to fail mechanically when the resultant shear stress on a plane at a given point

reaches the shear strength, TF , i.e., the Mohr circle transacts with the yield line in Figure 2a. We

assume that the material behaves as a perfect plastic body afterward and the shear stress would
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always be equal to the shear strength on at least one plane. In COMSOL Multiphysics software,

the Mohr-Coulomb failure is determined by the yield function, F:

F- tan#i 1F= - a 0 0 rd+ - ss, (2)
9+12tanp 2 '

where ai is the stress tensor, sU is the deviatoric stress tensor, and is the equivalent

deviatoric stress. F equals the maximum value of r - tan(O)a,, . When F reaches the cohesion,

C , material begins to fail. F will stay equal to C for perfect-plastic deformation afterward:

F = C. (3)

The nonlinear plastic strain tensor, es , is then determined by solving the equations of plastic

flow law in combination Hook's law and stress equilibrium conditions. The plastic flow law is

expressed as:

ae F
=dXy , (4)6t dai

8" = L t, (5)

where A stands for differentiation with respect to pseudo-time. The plastic multiplier dA is zero
3t

in the elastic domain. Once the material deforms plastically, dA will be determined by solving

Equations 3 and 4 implicitly.

The elastic stress-strain relationship, i.e., the Hooke's law, and the decomposition of elastic

and plastic strain are described by the following equations:

ao = Cjk,(EH - EI ), (6)

Cjk =Xi , + (ikjl +,lk,), (7)
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where Cj, is the stiffness tensor, eP is the plastic strain tensor, e,, - e is the elastic strain

tensor, A = Ev / (1- v) / (1- 2v) and p= E / 2(1+ v) are elastic moduli, and 8, is the Kronecker

delta. We assume Poisson's ratio, v = 0.25, and Young's modulus, E = 8x1010 Pa. Finally, the

material is assumed to be in stress equilibrium:

a 1i = O,aij =acr* (8)

Hooke's law (Equation 6) and the mechanical equilibrium equations (Equation 8) are two

equations required for describing elastic behavior. Once the accumulated stress reaches the yield

criterion (Equation 3), the plastic strain, es , starts to grow. The following plastic strain is

determined by two equations: the yield criterion (Equation 3) and the plastic flow law (Equation

4).

2.2 Model Geometry and Boundary Condition

The modeling domain corresponds to a cross section of the overriding plate, with an upward-

pointed triangular notch to represent the seamount (Figure 2b). The seamount is assumed to be

30 km wide and 3 km high, similar to the Takuyo-Daiichi seamount (Figure lb) [Dominguez et

al., 1998]. We also modeled a flat-topped seamount, similar to the Erimo seamount; the results

are found to be similar, in large part to that for a conical seamount. The geometry of the

modeling domain is controlled by two key parameters: the plate/subduction dipping angle (0) and

the seamount buried depth ( H).

The seamount movement is modeled as increasing displacements on the seamount-overrding

plate boundary (u), paralleling to the plate dipping direction (Figure 2b). The remaining part of

the subduction interface- is fixed. The top boundary of the model is assumed to be stress free,

while the right hand side (landward) is assumed to a free-slip boundary with zero horizontal

displacement but stress free in vertical direction. We adopt a triangular meshing scheme with a
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maximum grid size of 1 km (Figure 2c). The quasi-static deformation of the overriding plate is

calculated using a stationary solver with the seamount displacement on the seamount-overrding

plate interface (u ) sweeping from 0 to 2 km, large enough for the formation of a faulting system

in the overriding plate.

3. Results

We test a series of models with various 0, 4, and H values. The three parameters influence

the formation of the four sets of seamount-induced faults (Figure 3a2): Landward-dipping

normal fault (NF-L), with the dipping angle aNF-L; seaward-dipping normal fault (NF-S), with

aNF-S; landward-dipping thrust fault (TF-L), with aTF-L ; and seaward-dipping thrust fault (TF-

S), with aTF-S. Our models predict the seamount displacements (D ) that are required for the four

sets of faults to cut through the entire plate (Figure 4). We show stress condition on the

subduction interface and surface displacement for a typical model (Figure 6).

3.1 Formation of Fault Systems

The modeling results illustrate the formation of two distinctive groups of faults caused by the

seamount movement: A group of conjugate normal faults (NF-L and NF-S in Figures 3al) first

appears on the seaward side of the seamount in the thinner part of the plate. Subsequently, two

conjugate thrust faults (TF-L and TF-S in Figure 3a2), or a single left-dipping thrust fault (TF-S

in Figure 3b2) would appear on the landward side of the seamount in the thicker part of the plate.

In addition to the normal and thrust faults, a shear zone develops along the interface between the

seamount and overriding plate (SZ in Figure 3b2).

The evolution of the fault system is controlled by 6, H, and 0. When 6, H, and 0 are large

enough, the faults NF-S, TF-L, and TF-L can not cut through the entire plate (Figure 4b-d, f-h).

For the cases of cutting through faults, as H increases, the required seamount displacements (D)
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for faults to cut through the entire plate increase. For example, when # = 00 and 6 = 00, as H

increases from 4 to 14 km, DNF-L increases from 40 to 140 km (Figure 4a), DNF- increases from

40 to 800 km (Figure 4b), D-L increases from 40 to 800 km (Figure 4c), and D increases

from 40 to 240 km (Figure 4d). In contrast, as 0 or 0 increases, DNFL (Figures 4a and e) and

DNF-S (Figures 4b and f) decreases, while DIL (Figures 4c and g) and DT-, (Figures 4d and h)

increases for most of the tested models.

The predicted dipping angles (a) of the resultant faults are controlled by 0. Results are

slightly different for various 0 values (lines in Figure 5), but are insensitive to H. Figure 5

shows results for H = 10 km. As # increases from 0 to 40', aNF-L increases from 49-51P to 62-

67* (Figure 5a), and aNF-S increases from 49-59* to 64-65' (Figure 5b). In contrast, TF-L

decreases from 60* to 50* (0= 00, Figure 5c), and aTF-S decreases from 55-58' to 48* (Figure

5d). The slopes of those curves are consistent with the expected dipping angles for horizontal

extension, 450 + 0.5#, or for horizontal compression, 450 - 0.5 .

3.2 Surface Deformation and Basal Stress

We show the normal and shear stress on the basal subduction interface for the model with 0

= 100, H = 10 km, and 0 = 00 (Figure 6). The maximum surface uplift is approximately over

the landward base of the seamount, with the maximum uplift being -15% of the corresponding

seamount displacement (Figure 6a). In contrast, the maximum surface subsidence is

approximately over the landward base of the seamount, with the maximum subsidence being

-30% of the corresponding seamount displacement.

The basal stress state is also estimated. While the shear stress only changes slightly (Figure

6c), the normal stress evolves significantly as the seamount moves and the shear zone (SZ in
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Figure 3b2) develops. At the first stage, the normal stress increases on the landward flank of the

seamount, but decreases on the seaward flank; this is illustrated by comparing blue curve (after

seamount movement) with dashed back curve (before seamount movement) in Figure 6b. Once

the shear zone (SZ) surrounding the seamount starts to develop, it releases the normal stress

changes. The normal stress will finally be decreased on the landward flank, and increased on the

seaward flank (compare red curves with dashed curve in Figure 6b). The basal normal stress

increases on the landward side and decreases on the seaward side within a distance of 5 km away

from the seamount (Figure 6b).

4. Discussions

Our study provides a quantitative analysis of the time-dependent lithospheric deformation

and fault formation during seamount subduction. The models have broad implications for the

observable surface displacement and earthquake characteristics.

4.1 Evolution of the Fault Systems

When a seamount subducts from the trench axis to a deeper location, a series of normal and

thrust faults would develop at different stage of seamount subduction, as suggested by both our

numerical experiments and the sandbox experiment of Dominguez et al. [1998]. When the

seamout is at a certain burial depth (H), the faults far from the seamount do not develop further

and new faults form. As H increases, new NF-L and TF-S are preferred, while new NF-S and

TF-L might not yet be able to cut through the overriding plate (Figure 4). At extremely large H,

all of the four sets of faults might not be able to cut through the overriding plate. TF-S has been

observed in Costo Rica margin [Dominguez et al., 1998]. Other tectonic features suggested by

the sandbox experiment and topographic observation, including indentation at the front of the
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overriding plate and a surface strike-slip network, could not be addressed in our 2D numerical

experiment.

4.2 Effect of Fluids

The subduction process brings a large quantity of sediments and fluids to great depth

[Peacock, 1990]. This process might be enhanced by seamounts, which trap the sediment with

high fluid content. The presence of fluids could influence our models of fault formation in three

aspects: (1) Fluids could decrease the effective normal stress of the overriding plate, promoting

faults at greater depths. (2) Fluids could decrease the basal friction of the subduction interface,

making faulting in the overriding plate less preferable. (3) If sediments and fluids trapped by a

seamount decrease the basal friction only on the flanks of the seamount, the friction contrast

could make faults easier to develop. We suggest that the above processes (1) and (3) might play a

significant role in promoting faults.

4.3 Comparison with Compressional Wedge Model

Our models predict horizontal extension on the seaward side of the seamount and

compression on the landward side. Such models differ from the compression wedge model where

the entire overriding plate is under horizontal compression [Buiter, 2012]. In Figure 7, we

consider a compression wedge with the seamount as a geometric boundary. We assume that the

subducting slab moves downward along the subduction interface, which pulls the entire

overriding plate by friction (Figure 7a). The basal friction coefficient between the subducting

slab and the overriding plate is assumed to be 0.1. Results show that the entire overriding plate is

under horizontal compression, similar to the compressional wedge model. A conjugate thrust

faults (TF-L and TF-S1) first appear in the thicker part of the plate (Figure 7b), followed by a

seaward-dipping thrust fault (TF-S2) in the thinner part of the plate (Figure 7c). Thus the major

difference in a compressional wedge model is horizontal compression even on the seaward side

56



of the seamount. Compared with our kinematic seamount movement models, the stress condition

of the compressional wedge would strengthen the formation of thrust faults on the seaward side

of the seamount (TF-L and TF-S) but weaken the formation of normal faults on the landward

side of the seamount (NF-L and NF-S).

4.4 Interaction with Pre-existing Splay Faults

Seismic reflection data show that a series of splay thrust faults exist in the overriding plate of

some subduction systems [e.g., Moore et al., 2014; Bell et al., 2010]. Those splay thrust faults

are similar to our modeled landward-dipping thrust faults (TF-L in Figures 3a2 and 7b). The

seamount-induced stressing and faulting might interact with pre-existing splay faults in three

ways: (1) Splay faults on the seaward side of the seamount could be deactivated, or even

converted to normal faults similar to NF-L (Figure 3a2); (2) Splay faults on the landward side of

the seamount could be strengthened or re-activated by the influence of TF-L; (3) Seamount-

induced faults and shear zone might be weaker than in our model due to the stress release by pre-

existing splay faults.

4.5 Influence on Megathrust Earthquakes

The stress condition on the subduction interface might greatly influence the occurrence of

megathrust earthquakes [Wang and Bilek, 2011]. Our models suggest that the seaward and

landward sides of the seamount are associated with different normal stress conditions. On the

landward flank of the seamount, normal stress is increased at the initial stage, and will be

decreased once the surrounding shear zone starts to develop. Therefore, the stress condition on

the seamount flank varies at different stages of seamount movement, which could contribute to

the observed complexity of seamounts acting as asperities or barriers to megathrust earthquakes.
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4.6 Future Directions

Now that we have numerically simulated seamount-induced faults, we are ready to compare

models with observations including: (1) Surface faults observable in multibeam bathymetry data

of different tectonic settings and (2) Buried faults detectable in seismic reflection profiles [e.g.,

Ten Brink, 2005; Barnes et al., 2010; Bell et al., 2010]. The comparison with observations will

help to tell whether the displacement or frictional boundary condition model might be more

suitable for describing the influence of seamounts. Furthermore, when modeling a specific

subduction zone system, we must consider the tectonic conditions unique for that system, such as

subduction accretion or erosion, pre-existing splay faults, and the layered structure of the

overriding plate. It has also been suggested that fluid flow in the accretionary wedge and

sediment trapped by the seamounts could influence the stress condition and fault evolution of the

overriding plate [e.g., Ellis et al., 2014], which requires further consideration.

It has been proposed that a subducted seamount might act as either barrier [Scholtz and

Small, 1997; Cloos, 1992; Yang et al., 2013] or asperity [Mochizuki et al., 2008; Kodaira et al.,

2000; Yang et al., 2012] for megathrust earthquakes. This study reveals significant increase and

decrease of normal stress on the seamount-overriding plate interface that could have a profound

influence on the dynamics of magathrust earthquakes. However, the relationship between the

long-term interface normal stress, complex fault system, plate coupling, and short-term

megathrust earthquakes requires further detailed numerical analysis. Finally, other subducted

topographic roughness features, including subducted oceanic plateaus, mid-ocean ridges, and

fracture zones, could have similar influence as the seamounts. Those roughness features require

furture analysis.
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5. Conclusions

Our models illustrate the plastic deformation and resultant fault formation in the overriding

plate caused by seamount movement, yielding the following results:

1. A region of horizontal extension develops on the seaward side of the seamount, while a

region of horizontal compression develops on the landward side of the seamount. Accordingly, a

pair of conjugate normal faults could first form on the seaward side of the seamount in the

thinner part of the plate, followed by a second pair of conjugate thrust faults on the landward side

of the seamount in the thicker part of the plate.

2. The required seamount displacement for the normal faults to cut through the overriding

plate is larger for deeper seamount, smaller subduction dipping angle, and smaller internal

friction angle of the plate material. The required seamount displacement for the thrust faults to

cut through the plate is larger for deeper seamount, larger subduction dipping angle, and larger

internal friction angle of the plate material.

3. As seamount movement increases, a shear zone could form along the interface between the

seamount and overriding plate. Before the formation of the shear zone, the basal normal stress is

calculated to decrease on the seaward flank of the seamount but increase on landward flank.

However, these normal stresses are significantly reduced after the formation of the shear zone.
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7. Table

Table 1. Model Parameters

Parameter Description Value

E Young's modulus (Pa) 8xlO"

1) Poisson's ratio 0.25

C Cohesion (Pa) 1x 108

P Crustal density (kg/M3) 2700

0 Subduction dipping angle (0) 0, 5, 10, 15, 20

H Seamount buried depth from the seaward base to surface (km) 4, 6, 8, 10, 12, 14

0 Angle of internal friction (*) 0, 10, 20, 30
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8. Figures
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Figure 1. (a) 3D perspective of surface topography of the flat-topped Erimo and conical Takuyo-
Daiichi seamounts near the Japan Trench. (b) Cross-sections of Erimo and Takuyo-Daiichi
seamounts, modified after Dominguez et al. [1998]. Seamount model used in this study is 30 km
wide at the base and 3 km high.
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Figure 2. (a) Failure criterion and Mohr's circle. Black line represents for Mohr-Coulomb with

an internal friction angle, 4. Red semi-circle is the Mohr's circle representing the stress state. c3

and al are the maximum and minimum compressional principal stresses, respectively.

Compression stress is positive. When the Mohr's circle interacts with yield envelope, failure is

expected to form with an angle of 3=450-$ /2 to the direction of 03. (b) Model set-up. (c)

Finite element meshes for the modeling domain, with a maximum mesh size of 1 km.
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Figure 3. Snapshots showing a sequence of faults cutting though the entire plates for different
seamount buried depths: (al, a2) H = 5 km; (bi, b2) H = 10 km. 6 and 0 are assumed to be 100

and 0', respectively. u indicates the seamount displacement for each snapshot. NF-L and NF-S
are landward- and seaward-dipping normal faults caused by horizontal extension, while TF-L
and TF-S are landward- and seaward-dipping thrust faults caused by horizontal compression. SZ
is the shear zone following the top contour of the seamount. ep is the effective plastic strain, i.e.,
the second invariant of the plastic strain tensor, with dark blue color indicating elastic regions.
Deformation of the model domain is exaggerated by a factor of 5.
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Figure 4. Seamount displacements required for the four sets of faults (NF-L, NF-S, TF-L, and

TF-S) to cut through the entire overriding plate. (a-d) For various 6 and H, assuming 0 = 00;

(e-h) For various 6 and 0 , assuming H = 10 km. Color indicates the required displacement, D,

for faults to cut through the overriding plate. White region indicates that a specific fault cannot

cut through the overriding plate.
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Figure 5. Predicted dipping angle (a) of faults that cut through the overriding plate for various
0 values, while H is fixed at 10 km. Each line corresponds to a same 0 value of 0, 5, 10, 15, or
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displacements. (b) Basal normal stress normalized by the lithostatic pressure, pgh. (c) Basal

shear stress normalized by the lithostatic pressure. Gray lines indicate the location of the seaward
base, crest, and landward base of the seamount, respectively. Dashed lines indicates the initial
state when u = 0 m. Blue, green, magenta, and red colors are for increasing seamount
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Figure 7. Basal friction model. (a) Model set-up. (b-c) Snapshots showing a sequence of thrust
faults (TF-L, TF-Sl, and TF-S2) that cut through the overriding plate. Fp is effective plastic
strain, with dark blue color indicating elastic regions. u indicates the seamount displacement for
each snapshot.
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Chapter 4: Variations in Lithospheric Strength and Sub-surface Loading on

Mars3

Abstract

We conduct localized gravity/topography admittance and correlation analysis to investigate
the lithospheric strength and tectonic loading of 20 tectonic sub-regions on Mars, using the latest
Martian gravity model JGMRO lIOc. We investigated five categories of tectonic sub-region:
polar regions, plain regions, volcanic regions, rift valley system, and impact basins. For each
sub-region, we derive three best-fitting parameters, including the effective lithospheric thickness
(Te), sub-surface/surface loading magnitude, and surface load density. Results of analysis reveal
relatively small Te, of less than 40 km, for the plain regions in the southern highland, including
Terra Cimmeria, Terra Sirenum, Noachis Terra, Arabia Terra, Alba Patera, and Hellas Planitia.
Meanwhile, moderate Te values of 40-90 km are calculated for the southern polar region; for the
volcanic regions in the Tharsis province, including Elysium, Arsia, Pavonis and Ascraeus
Montes and Solis Planum; for the rift valley system Valles Marineris; and for the impact basins
Isidis and Argyre Planitiae. In contrast, relatively large Te values of more than 90 km are
calculated for the northern polar region, as well as for Olympus Mons and Utopia Planitia. Our
models suggest significant amount of sub-surface loading underneath most of the investigated
plain regions and impact basins, including Plana Boreum and Australe, Vastitas Borealis,
Acidalia, Utopia, Hellas, Argyre, and Isidis Planitiae. Relatively low surface load density
estimated for Arabia Terra, Terra Cimmeria, Terra Sirenum, and Hellas Planitia suggests the
presence of sediment deposits, hydrologic alteration, and/or erosion of basaltic material.

3 Ding, M., J. Lin, and M. T. Zuber, Variations in lithospheric strength and sub-surface loading on
Mars, manuscript for submission to J. Geophys. Res.: Planets.
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1. Introduction

The flexural response of the lithosphere to tectonic loading provides a key constraint to a

planet's thermal state at the time of loading. On Mars, the effective elastic lithospheric thickness

can be estimated by analyzing the relationship between gravity and topography observations.

Mars Global Surveyor mission from 1996 to 2001 used MOLA (Mars Orbiter Laser Altimeter) to

measure the topography of Mars [Zuber et al., 1992]. The measured topography has a spatial

block size resolution of 0.16 km [Smith et al., 2001] (Figure la, based on the spherical harmonic

model MarsTopo719 included in the SHTOOLS2.8 package, retrieved 1 December 2013 from

http://sourceforge.net/projects/shtools/). In comparison with the topography, the resolution of the

available gravity data on Mars is much lower. Gravity models with spherical harmonic degrees

less than 60, which corresponds to a spatial block size resolution of -176 km, were used in

previous lithospheric studies [e.g., Zuber at al., 2000; McGovern et al., 2002, 2004; McKenzie et

al., 2002; Belleguic et al., 2005]. Our analysis uses the most recent gravity model, JGMRO11 Oc,

from the Mars Reconnaissance Orbiter mission. The model was released in 2012 and retrieved

on 1 December 2013 from http://pds-geosciences.wustl.edu/mro/mro-m-rss-5-sdp-

vl/mrorslxxx/data/shadr/. This spherical harmonic model is interpretable to degree 85,

corresponding to a spatial block size resolution of -123 km (Figure lb). It enables us to resolve

interior density structure at higher spatial resolution than previous studies. A comparison for

admittance and correlation spectra and for current and previous Mars gravitational field models

is shown in Figure 2.

The relationship between gravity and topography has commonly been quantified by

gravity/topography admittance and correlation in the spectral domain. In a global view,

admittance and correlation spectra for the long-wavelength features (e.g., spherical harmonic
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degrees from 2 to 4) are too large to be explained by lithospheric flexure alone (Figure 2); they

are at least partially associated with density variations caused by mantle convection [Zhong and

Zuber, 2001; Zhong, 2002]. However, the global admittance and correlation spectra from degree

5 to 85 (red curves in Figure 2) are consistent with the flexural response of an elastic lithosphere

to tectonic loading. In this study, we constrain flexural models for 20 tectonic sub-regions, each

of 1770 km (i.e., 300) in diameter (dashed circles in Figure la), using the technique of spatio-

spectral localization [Wieczorek and Simons, 2005].

For the regional spectral analysis, previous studies of Mars considered only the admittance

[McGovern et al., 2002, 2004; McKenzie et al., 2002; Belleguic et al., 2005] or only the

correlation [Zuber et al., 2000]. When using the admittance, McKenzie et al. [2002] assumed that

there is no sub-surface loading. McGovern et al. [2002] and Belleguic et al. [2005] amended this

model by considering the presence of sub-surface loading that is perfectly in phase with the

surface loading. In contrast, Forsyth [1985] provided an alternative generic model, in which the

sub-surface and surface loading are random in phase due to long-term erosion and sedimentation

processes. In this study, we make the same assumption of random-phase loading as Forsyth

[1985] by holding the nominal phase difference between sub-surface and surface loading, a, to

be fixed at 0 [Wieczorek, 2007]. We search for flexural models to simultaneously explain the full

spectra of admittance and correlation. We demonstrate that random-phase loading models could

explain both admittance and correlation spectra for most of the selected regions, except for Isidis

Planitia where substantial amount of in-phase sub-surface loading is indicated.

2. Data Analysis

To estimate spatial variations in the lithosphere strength and tectonic loading, we apply the

spatio-spectral localization technique of Wieczorek and Simons [2005], which allows us to
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narrow in on the gravity and topography data of selected sub-regions. For a given cap region

with an angular diameter of 20, a localization cap window of a given bandwidth, L,,, is

constructed to optimize the signal within the region, resulting in a concentration factor of more

than 99%. Using the localization window, original gravity and topography data are retained in

the center of the given cap region, but gradually filtered out to zero outside the region, yielding

localized gravity (e.g., Figure 3a) and topography (e.g., Figure 3b), respectively. In this study,

we use the SHTOOLS2.8 software to construct localization windows with 2e0 = 300 and L.=

17 (Figure 3a) for 20 sub-regions of distinct physiographical features.

For each of the 20 physiographic regions, we first transform the localized free-air gravity and

topography to the spherical harmonic domain, and then calculate the corresponding admittance

and correlation spectra between gravity and topography. To maintain consistency with our linear

lithospheric flexure models, the terrain correction is applied ahead of time by subtracting higher-

order topography terms from the total free-air gravity [Wieczorek, 2007]. In the spherical

harmonic domain, the admittance is defined as the cross-power spectrum between the gravity and

topography, being normalized by the power spectrum of the topography [Wieczorek, 2007]:

Z(l) = Shg(l)/Sh ,(l), (1)

rnISh,(1) =1 h,,, gh,, (2)
M-1

Shh(1)= hl,,, (3)
M--I

where h,,, and g,,, are the coefficients in spherical harmonic degree 1 and order m of the gravity

and topography fields, respectively. The parameter Shg (1) is the cross-power spectrum of the

gravity and topography, and Shh(l) is the power spectrum of the topography.

The correlation between topography and gravity takes the form:
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y(l) = Shg (l)/iShI(1)4*S,,(), (4)

Sg,(1)= g,,,, (5)
M=-l

where Sgg (1) is the power spectrum of the gravity anomaly.

The Bouguer gravity anomaly is calculated by subtracting from the observed free-air

anomaly the gravitational effects of the observed topography, assuming a uniform crustal density

PC = 2,900 kg/M3. The Bouguer gravity anomaly reflects the gravity signal caused by sub-surface

density anomaly. For example, positive Bouguer anomalies in the northern hemisphere indicate

thin crust and/or sub-surface material of high density (Figure 1c). In comparison, negative

Bouguer anomalies in the southern hemisphere indicate thick crust and/or sub-surface material of

low density. Using spherical harmonic coefficients of the Bouguer anomaly, the admittance and

correlation spectra between the Bouguer anomaly and topography are calculated using Equations

1-5.

3. Lithospheric Flexural Model

We calculate theoretical gravity/topography admittance and correlation for a series of

lithospheric flexural models including the presence of both surface and sub-surface loading. We

modify the formulation of McGovern et al. [2002] by adding a parameter, a, which is the phase

difference between the sub-surface and surface loading. Details of calculations are given in

Appendix A. The predicted admittance and correlation depend on the physical properties of and

the characteristics of tectonic loading on the lithosphere [Wieczorek, 2007]:

Z(l)= Z(Te, E, v, pC, H, Pm' p, APb, f, a), (6)

y(l)=y(Te, E, v, PC, HC, Pm, Pt, APb, f, a), (7)
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where Te, E and V are the effective thickness, Young's modulus and Poisson's ratio of the

elastic lithosphere, respectively. pC, p,. and p, are densities of crust, mantle and surface

loading, respectively; Ap, is the density contrast between the sub-surface load and the crust,

which is assumed to be p. - p,. The parameter H, corresponds to the thickness of the crust. We

assume that sub-surface loading is situated at the base of the crust. We hold E, V, pc, m' Hc

and Apb fixed (Table 1), while Te and p, are varied for different regions. The parameters f

and a are defined as the relative magnitudes and the phase differences of the sub-surface versus

the surface loading, respectively [Wieczorek, 2007]:

11

a=( h' w')[ (j) ] 8

1M I
m--I -- m(--

f =APb AO p (9),)

where h,, and w,',, are spherical harmonic coefficients of the initial surface and sub-surface load

thicknesses, respectively. We assume a and f are the same for all the spherical harmonic

degrees within a sub-region. Parameter values a =1 and a = -1 represent the cases when sub-

surface and surface loading are perfectly in and out of phase, respectively [McGovern et al.,

2002; Belleguic et al., 2005]. a =0 is when the loading is random in phase [Forsyth, 1985].

The predicted free-air and Bouguer admittance and correlation have different sensitivity to

the parameters Te, pt , f and a (Figure 4). The predicted free-air admittance increases from

close to zero in degree 2, approaching 27rGp, above degree 80 (Figure 4bl). The transition

depends on values of Te, f and a. As Te or a increases, the transition shifts to lower degrees

(Figures 4al and dl). At the same time, the transition slope increases. As f increases, the

transition occurs in higher degrees (Figure 4cl). The predicted Bouguer admittance has the
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similar shape as the free-air admittance, but is smaller by 21rGp,~ 120 mGal (e.g., comparing

Figure 4al with a2). The free-air correlation is predicted to be close to 1 above degree 60 (Figure

4a3, b3, c3 and d3). For low degrees, the existence of sub-surface loading (i.e., large f and/or

a) makes the free-air correlation smaller. In extreme cases when a > 0.8, the predicted free-air

correlation could be negative for degrees lower than 20 (Figure 4d3). The predicted Bouguer

correlation increases from close to -1 in degree 2, approaching 0 above degree 80, for p, = p,

and a = 0 (Figures 4a4 and c4). As p, or a increases, the Bouguer correlation approaches

larger value in high degrees (Figures 4b4 and d4).

Regional flexural models are determined by minimizing the normalized misfits between

models and observations for admittance and correlation spectra:

I 85-L ZFAA _ ZFAA ZBA _ZBARMS= Moe [O "')2 + obs- Model)2 +,YFA_ FAA 2 BA BA 2 QRMS= Ob -)2de +(Y~s'~ Obs1 (10)
4(85-2Lj=4) + AZ AZ

where ZoF and Z"^ are the observed free-air and Bouguer admittance; yF and yBA are the

observed free-air and Bouguer correlation. ZF, and Z e are the predicted free-air and

Bouguer admittance; y e, and yB'eI are the predicted free-air and Bouguer correlation. L,,,=

17 is the bandwidth of localization windows. The misfits for admittance are normalized by AZ.

Our tests show that best-fitting results are consistent for AZ values from 100 to 200 mGal/km,

and thus we choose AZ = 150 mGal/km. The best-fitting flexural model is the solution yielding

minimum RMS value, RMSmin, while the "acceptable" range is defined as solutions with RMS

values less than RMSmin+0.05.

For most of investigated regions, the models are over-constrained when inverting for the four

parameters: Te,f , p, and a. We decrease the freedom of model by assuming a = 0 (i.e.,

assuming random-phase sub-surface loading). For a particular region, Isidis Planitia, model
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results show that larger a is required and we thus also solve for a best-fitting a value. We

search for Te in the range of 0-400 km with increment of 10 km, and f in the range of 0-2 with

increment of 0.1. Ranges of p, are assumed to be different for the five types of tectonic regions:

1,000-2,000 kg/m3 for the polar regions, 2,500-2,900 kg/M 3 for the plain regions, 3,000-3,200

kg/M 3 for the volcanic regions, 2,500-3,200 kg/m3 for the impact basins, and 2,900 kg/M3 for

Valles Marineris. The parameter p, varies in increments of 25 kg/m3 for the volcanic regions

and 50 kg/M 3 for the other regions. For Isidis Planitia, a is solved from 0 to 1 with increment of

0.1.

4. Results

We search for flexural and loading parameters Te, f and p, that best fit, in a root mean

square sense, the observed admittance and correlation spectra for 20 sub-regions of distinct

tectonic features (Figure la). Those regions are categorized into five tectonic types. (Type 1)

Polar regions: Plana Boreum and Australe. (Type 2) Plain regions: Vastitas Borealis, Acidalia

Planitia, Arabia Terra, Noachis Terra, Terra Cimmeria and Terra Sirenum. (Type 3) Volcanic

regions: Alba, Olympus, Arsia, Pavonis, Ascraeus and Elysium Montes, as well as Solis Planum.

(Type 4) Rift valley system: Melas Chasma (Valles Marineris). (Type 5) Impact basins: Utopia,

Isidis, Hellas and Argyre Planitiae. We assume different ranges of surface load density p, for

the five tectonic categories.

4.1 Polar Regions

The polar regions of Mars are loaded by mixtures of ice and sediment, which correspond to

the p, range of 1,000-2,000 kg/m3 [Johnson et al., 2000]. For the northern polar region, Planum

Borealis, we estimate the best-fitting Te solution to be about 100 km with a minimum RMS

misfit of 0.28 (Figure 5a). The acceptable Te range is 60-280 km (Figure Blal), with RMS
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misfits less than 0.33, which is consistent with 60-120 km obtained in the flexure analysis of

Johnson et al. [2000]. We estimate f to be more than 1.3 (Figure B Ia2), indicating a significant

amount of sub-surface loading that is required to explain the weak correlation between free-air

gravity and topography (Figure 5a3). We estimate the range of p, to be 1,200-2,000 kg/m3 with

a best-fitting value of 1,950 kg/m3 (Figure Blal). Although the best-fitting solution matches well

with the observed spectra in degrees 18-50 (Figures 5a), it can not explain the reduced signals in

degrees 50-65. One possible explanation for the misfits is surface loading density p, as low as

that of the pure-ice density of 1,000 kg/m3 used by Johnson et al. [2000]. In addition, complex

sub-surface loading or viscous relaxation might contribute to the signals in degrees 50-65.

For the southern cap region, Planum Australe, we estimate the best-fitting Te, p, and f

values to be 40 km, 1,950 kg/m3 and 2, respectively, with a minimum RMS misfit of 0.20

(Figure 5b). There are two distinct acceptable zones for Te and p, with RMS misfits of less than

0.25 (Figure Bibl). One corresponds to Te range of 30-50 km and p, range of 1,450-2,000

kg/M 3; the other corresponds to Te larger than 120 km and p, range of 1,000-1,150 kg/m3. The

latter case, large Te in combination with small p, is similar to the solution of Zuber et al.

[2007] based on analysis of spatial variation in gravity and topography within the southern

layered deposits.

4.2 Plain Regions

The six plain regions that we investigated include two in northern lowlands (Vastitas

Borealis and Acidalia Planitia) and four in southern highlands (Arabia Terra, Noachis Terra,

Terra Cimmeria and Terra Sirenum). The assumed p, range of 2,500-2,900 kg/m3 for the plain

regions is consistent with sedimentary deposits or erosion of denser basaltic material. For the

four regions in the southern highlands, we find well-constrained solutions with minimum RMS
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misfits of less than 0.16 (Figure 6c-f). However, the solutions are not well constrained for the

two regions in the northern lowlands due to large fluctuations in the observed spectra (Figures

6a-b).

For Arabia Terra, Terra Cimmeria and Terra Sirenum, admittance spectra are relatively flat

with low magnitude (e.g., Figures 6c1), suggesting close to Airy isostatic state and low Te. For

these three regions, Te values are estimated to be smaller than 20 km, consistent with solutions

of McGovern et al. [2004] and Zuber et al. [2000] (Figure 9a). In comparison, the slightly steeper

slope in the admittance spectra for Noachis Terra (Figure 6dl) suggests a slightly larger Te

range of 30-40 km with a best-fitting value of 30 km (Figure B2dl). This Te solution for

Noachis Terra is slightly larger than the solutions of McGovern et al. [2004] and Zuber et al.

[2000] (Figure 9a) because we incorporate the existence of sub-surface loading. Since sub-

surface loading is required to explain the free-air correlation observation, as discuss next, this Te

solution is more reliable than previous estimates.

The observed free-air correlation spectra are less than 1, for all plain regions (Figures 6a3,

b3, c3, d3, e3 and f3), indicating significant amounts of sub-surface loading. We estimate f

values to be more than 0.2 for Vastitas Borealis and more than 0.4 for the other regions (Figure

B2). Bouguer correlation spectra close to -1 are observed for Arabia Terra (Figure 6c4), Terra

Cimmeria (Figure 6e4) and Terra Sirenum (Figure 6f4), even in the highest spherical harmonic

degrees, suggesting small surface load density p, . Our p, estimates are less than 2,650 kg/m 3 in

Arabia Terra (Figure B2cl), less than 2,750 kg/m3 in Terrea Cimmeria (Figure B2el), and less

than 2,700 kg/M 3 in Terra Sirenum (Figure B2fl).
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4.3 Volcanic Regions

The Tharsis province is a volcanic plateau in the western hemisphere, which is the home to

the largest volcanic structure in the solar system, Olympus Mons, as well as home to other

volcanic montes (Alba, Arsia, Pavonis and Ascraeus Montes) and volcanic plains (e.g., Solis

Planum) (Figure la). For this tectonic category, we also investigate a volcanic mons outside the

Tharsis province, Elysium Mons. For these volcanic regions, we assume p, varies from 3,000 to

3,200 kg/m3, approximately the range of measured bulk densities of Martian shergottites [Britt

and Consolmagno, 2001]. The observed spectra of volcanic montes reveal some similar

characteristics. High magnitudes of the admittance spectra indicate relatively large Te and/or p,

(e.g., Figures 7bl-2). High magnitudes of the Bouguer correlation above degree 30 also suggest

large p, (Figure 7b4). Free-air correlation close to 1 in all the spherical harmonic degrees

(except for Alba Patera) can be explained by relatively large surface loading , i.e., f close to 0

(Figures 7b3, c3, d3, e3 and f3).

Our estimated Te and p, are less than 10 km and 3,125-3,200 kg/m3 for Alba Patera (Figure

B3al); more than 70 km and 3,075-3,200 kg/M3 for Olympus Mons (Figure B3b 1); 60-70 km and

3,125-3,175 kg/m3 for Arsia Mons (Figure B30); 50-130 km and 3,125-3,200 kg/m3 for Pavonis

Mons (Figure B3dl); 60-180 km and 3,125-3,200 kg/m3 for Ascraeus Mons (Figure B3el); and

40-90 km and 3,050-3,150 kg/m3 for Elysium Mons (Figure B3fl). For all the volcanic montes,

our estimated f is less than 0.2. Most of our Te estimates are consistent with the results of

McGovern et al. [2004], Belleguic et al. [2005], or Zuber et al. [2000] except for Alba Patera

(Figure 9a). Previous solutions for Alba Patera only explain the spectra in degrees lower than 35,

which has deeper slope and therefore yields larger Te (Figure 7al). In contrast, our model tends

to fit the overall trend in all degrees. In degrees 35-70, there is substantial subsidence for all the

80



admittance and correlation spectra, probably indicating considerable sub-surface loading in the

corresponding wavelength domain. Numerically, it suggests that f might not be constant in all

spherical harmonic degrees as we have assumed, but might be smaller in degrees 18-35 and

larger in degrees 35-70.

For the volcanic plain Solis Planum, the observed free-air correlation is significantly less

than 1 (Figure 7g3), which suggests the existence of sub-surface loading. We estimate f to be

more than 0.6 with RMS misfits of less than 0.28 (Figure B3g2). The best-fitting f is estimated

to be 1.2 with a corresponding RMS misfit of 0.23. Our estimated Te range of 40-80 km with a

best-fitting value of 60 km is larger than 24-37 km from McGovern et al. [2004], mainly because

we also take into account the correlation spectra.

4.4 Valles Marineris

For the rift valley system Valles Marineris, admittance spectra are observed to be flat up to

the highest degree 68 (Figures 7hl-2). In addition, the observed free-air correlation spectra of

close to 1 suggest relatively small f value (Figure 7h3), similar to that of the volcanic montes.

Assuming p, = 2,900 kg/m3, we estimate Te and f to be 40-60 km and 0.1-0.2, respectively.

Our model fits well with the admittance spectra over spherical harmonic degree 50 (Figure 7hl).

In comparison, Anderson and Grimm [1998] used gravity observations lower than degree 50 to

derive Te of less than 30 km. If smaller p, is assumed, the trade-off between p, and Te will

give larger Te estimates (e.g., Figure B3cl). For example, p, of smaller than 2,900 kg/M 3 in

combination with Te of larger than 60 km was proposed by McGovern et al. [2004]. They

suggested that the lower p, is consistent with compacted sedimentary, ash deposits,

hydrothermal alteration, dissolution of denser basaltic material or the presence of interstitial ice.
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4.5 Impact Basins

Major impact basins on Mars include Utopia, Isidis, Hellas and Argyre Planitiae. For the two

impact basins in the northern hemisphere, Isidis and Utopia Planitiae, we observe clear bull's eye

pattern in the free-air gravity (Figure lb), which is similar to lunar mascon basins [Muller and

Sjogren, 1968; Zuber et al., 1994; Neumann et al., 1996; Melosh et al., 2003]. The bull's eye

pattern consists a central positive anomaly, a surrounding negative collar, and a positive outer

annulus. This corresponds in a spectral sense to a transition from negative to positive free-air

admittance with increasing spherical harmonic degree (Figure 8a). Both the spatial bull's eye

patterns and spectral transitions suggest the existence of sub-surface loading, i.e., mascon

feature. In our parameter tests, f is estimated to be larger than 1.4 for Utopia Planitia (Figure

B4a2). For Isidis Planitia, the rapid transition from less than -100 mGal/km in degree 23 to 275

mGal/km in degree 30 could not be explained by random phase in sub-surface loading, i.e., a =

0. In this particular case, we test models with a ranging from 0 to 1 in increment of 0.1. We

find that a = 0.9 could fit the observed spectra well, suggesting that the sub-surface loading is

closely in phase with the surface loading. Assuming a = 0.9, we estimate f to be 1.5-1.9

(Figure B4b2). For both Utopia and Isidis Planitiae, the high-magnitude free-air admittance over

degree 35 suggests relatively large Te and p, (Figures 8al and bl). Parameter analysis for

Utopia Planitia yields Te of 90-220 km, but does not provide good constraint on p, (Figure

B4al). For Isidis Planitia, Te and p, are estimated to be about 80 km and in the range of 2,500-

2,900 kg/M3, respectively (Figure B4bl).

In the southern hemisphere, the central positive free-air anomaly is relatively mild for Argyre

Planitia, and negligible for Hellas Planitia (Figure lb). The absence of a central mascon in the

large Hellas Planitia might indicate viscous relaxation, as suggested for the Moon's South Pole
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Aitken basin [Neumann et al., 1996; Garrick-Bethell and Zuber, 2009]. The observed admittance

and correlation spectra for Hellas and Argyre Planitiae (Figures 8c-d) are relatively small with

respect to Utopia Planitia, indicating smaller Te and p, . We estimated Te of 70-100 km for

Argyre Planitia (Figure B4c), and less than 10 km for Hellas Planitia (Figure B4dl). p, for

Argyre Planitia is not well constrained (Figure B4dl). p, for Hellas Planitia is estimated to be

2,500-2,900 kg/M 3, with a best-fitting value of 2,500 kg/m3 (Figure B4c). This low p, range

indicates the presence of sedimentation or hydrologic alteration. The jagged patterns in

admittance and spectra (e.g., Figure 8c) might indicate complex loading and viscous relaxation

processes.

5. Discussion

5.1 Wavelength Dependence of the Effective Lithospheric Thickness Estimates

It is well known that the compensation state depends on the wavelength [e.g., Turcotte et al.,

27rR
1981], which is equal to and therefore inversely related with spherical harmonic degree

I(,+ 1)

1. The admittance and correlation spectra always approach Airy isostatic compensation at long

wavelength and low spherical harmonic degree, and lack of compensation at small wavelength

and high spherical harmonic degree (Figure 4a). The transition from Airy compenstation to

uncompensation is expected to occur in lower degree for larger Te values. Our localized

admittance and correlation analysis for sub-regions considers degrees greater than 18, therefore

can only resolve model differences in Te less than about 200 km. If lower degrees are included,

it is possible that we could detect regions of larger Te values. In order to test the sensitivity of

Te estimates to degrees, we apply a series of localization windows with increasing cap diameter

(2 0 ) up to 1100 to four selected regions of different tectonic types. With increasing 204, the
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corresponding minimum spherical harmonic degree Ls, that can be resolved in the localization

process decreases to as low as La = 4. Results show that although the best-fitting Te values do

not stay the same, the estimated Te ranges are consistent for different localization windows

(Figure 1 la). Therefore we conclude that our results are relatively robust in estimating the ranges

of Te.

5.2 Sub-surface Loading

Free-air correlation spectra of less than 1 are clearly seen in most of the plain regions and

impact basins, suggesting the presence of sub-surface loading. In an attempt to quantify the sub-

surface loading, McGovern et al. [2002 and 2004] and Belleguic et al. [2005] assumed that the

sub-surface loading is perfectly in phase with the surface loading. However, Forsyth [1985]

suggested that erosion and sedimentation processes could randomize the surface topography,

yielding random phase between the surface and sub-surface loads. It is also possible that the sub-

surface loading is geologically independent of the surface loading, such as suggested by models

of sub-surface dike intrusion in Tharsis province [Scott et al., 2002]. Under the assumption of

random sub-surface loading, i.e., a =0, we are able explain the gravity/topography relationship

for most of the investigated regions except for Isidis Planitia. In Isidis Planitia, substantial

amount of in-phase sub-surface loading (i.e., a= 0.9) is required. The in-phase sub-surface

loading could imply that uplifted mantle material might have replaced the less dense crust during

impact excavation and the subsequent unloading of the shock wave [Melosh, 1989]. This

structure could have frozen in the lithosphere while the impact-heated mantle cools [Melosh et

al., 2013], resulting in sub-surface loading that is in phase with the surface structure.
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5.3 Surface Load Density

Our Te estimates depend on the assumed ranges of surface load density p, . When we solve

for Te and p, at the same time, there is a trade-off between the two parameters (e.g., Figure

B3c1). Therefore, geological information for p, ranges could provide additional constraints. We

consider the surface loads in polar regions, plain regions, volcanic regions, and impact basins to

be consisted primarily of ice/sediment, sediment, lava basalt, and sediment/basalt, respectively,

and use corresponding p, ranges for different tectonic types. These p, assumptions are proven

to be important for our solutions. Chemical and mineral analysis from the Mars Odyssey and

Mars Global Surveyor spacecraft provides global elemental and mineral abundances [McSween

et al., 2009] that could be used in the future to calculate the surface rock densities [e.g., Huang

and Wieczorek, 2012].

5.4 Comparison with Previous Lithospheric Thickness Estimates

We compare our estimates of Te with previous studies using difference geophysical methods

in Figure 9a. In the previous gravity-based studies, McKenzie [2002], Zuber et al. [2000],

Johnson et al. [2000] and Anderson and Grimm [1998] did not consider sub-surface loading,

except for Utopia Planitia in Zuber et al. [2000]. McGovern et al. [2002 and 2004], and Belleguic

et al. [2005] assumed in-phase sub-surface loading. The results of this study demonstrate that

random-phase sub-surface loading models could also explain the gravity/topography relationship

in various regions. For the regions where sub-surface loading is insignificant, e.g., volcanic

montes, our results are consistent with previous studies. For the regions with significant amount

of random-phase sub-surface loading, e.g., Noachis Terra, our solutions might be more robust.

For Isidis Planitia, we find a well-constrained solution with significant amount of in-phase sub-

surface loading, which can not be resolved in McGovern et al. [2002] due to their limited range
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of f . In addition to gravity studies, Comer et al. [1985] estimated Te values for volcanic

montes and Isidis Planitia by analyzing fault system concentric to the volcanic montes. Their

estimated Te values are close to our gravity-derived solutions.

5.5 Comparison with Surface Age

We compare the surface chronostratigraphic age [Tanaka et al., 2013] with our estimated Te

for the 20 sub-regions in Figure 10. If Te reflects~the thermal state of the lithosphere at the time

of loading [Zuber et al., 2000], the estimated Te less than 40 km in Terra Sirenum, Terra

Cimmeria, Arabia Terra and Noachis Terra would be consistent with their crustal stabilization

and loading at the earliest time of Martian evolution. The increase in Te from the southern polar

region, Planum Australe, to the northern polar region, Planum Boreum, might reflect global

thermal cooling and lithospheric thickening between the loading periods of the two ice caps. For

volcanic regions and impact basins, estimated Te are highly diverse. Since Te reflects the

lithospheric thickness at the time of loading, increased Te values from Alba, Elysium, Arsia,

Pavonis, Ascraceus, to Olympus Mons might suggest progressive loading times for these

volcanic montes. However, we can not exclude the influence of viscous relaxation of the mantle

[Courtney and Beaumont, 1983], nor spatial inhomogeneity of the thermal structure. In sum, the

large variations in Te values reflect both spatial and temporal changes in the thermal state of

Mars.

6. Conclusions

We analyzed localized gravity/topography admittance and correlation spectra for 20 sub-

regions of various tectonic characteristics on Mars. The best-fitting lithospheric flexural models

are determined by inverting for effective elastic thickness Te, sub-surface/surface loading ratio
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f , and surface density p, . We find substantial regional variations of the flexural and loading

parameters:

1. The plain regions in the southern highlands, including Terra Cimmeria, Terra Sirenum,

Noachis Terra, Arabia Terra, as well as Hellas Planitia, have relatively small Te of less than 40

km, suggesting thin lithosphere at the time of loading. The northern polar region and Utopia

Planitia have relatively large Te, in excess of 90 km, suggesting thick lithosphere at the time of

loading. Variations in Te for volcanic montes, from less than 10 kIn for Alba Patera to more than

70 km for Olympus Mons, might indicate differences in the loading time of volcanoes.

2. Substantial amounts of sub-surface loading might exist underneath several plain regions,

including Plana Borealis and Australe, Vastitas Borealis, Acidalia, Utopia, Hellas and Argyre

Planitiae with best-fitting f values close to 2. The sub-surface loading in Isidis Planitia is

calculated to be almost in phase with the surface loading (a = 0.9) with a best-fitting f of 1.7.

3. Relatively small surface load density p, close to 2,500 kg/M3 is estimated for Arabia

Terra, Terra Cimmeria, Terra Sirenum, and Hellas Planitia, possibly suggesting sediment

deposits, hydrologic alteration, and/or erosion of basaltic material.
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8. Table

Table 1. Parameters for Flexural Admittance and Correlation Models

Parameters Description Value

Te Effective thickness of elastic lithosphere, km 0-400

E Young's modulus of elastic lithosphere, Pa 1xI0"
V Poisson's ratio of elastic lithosphere 0.25

Pc Density of crust, kg/m3  2,900

H, Thickness of crust, km 50

Pm Density of mantle, kg/M3  3,500

A Density of surface loading, kg/m3  1,000-3,200

APb Density contrast of the sub-surface load to the crust, kg/M3  600

f Relative magnitude of sub-surface to surface loading 0-2

a Phase difference between the sub-surface and surface loading 0*

RObS, Observational radius of Martian gravity field, km 3396

R Average radius of Mars, km 3389.5

*Except for Isidis Planitia where an estimated value of 0.9 is used.
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Figure 1. Global map views of (a) Topography of Mars from MarsTopo719, referenced to areoid;

(b) Radial free-air gravity anomaly from JGMRO 11 Oc, assuming a reference radius of 3396 km;

and (c) Calculated Bouguer gravity anomaly, assuming a crustal density of 2,900 kg/m3 .
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Figure 3. Global and regional map views of (a) localized topography and (b) localized free-air
anomaly, after filtering the global signals by a localization cap window in Olympus Mons.
Dashed lines indicate the boundary of the localized cap region. The red curve indicates the shape
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spectral bandwidth of L,1,, = 17.
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surface/surface loading magnitude, f ; (d1 -4) For various sub-surface/surface phase difference,
a . The influence of each variable is shown by letting the other three variables fixed at values of:
Te = 50 km, Hc = 45 km, p, = 2,900 kg/M 3, f = 0.4, and a = 0. The predicted spectral
functions include (al, bl, cl and dl) free-air admittance, (a2, b2, c2 and d2) Bouguer
admittance, (a3, b3, c3 and d3) free-air correlation, and (a4, b4, c4 and d4) Bouguer correlation.
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Figure 5. Comparisons between the observed spectra and best-fitting models for polar regions:

(al-4) Planum Boreum; and (bl-4) Planum Australe. For each region, four spectral curves are

shown: (al and bl) Free-air admittance; (a2 and b2) Bouguer admittance; (a3 and b3) Free-air

correlation; and (a4 and b4) Bouguer correlation. Black lines indicate observed regional spectra.

Gray error bars in the top two panels indicate the admittance uncertainty caused by the

uncorrelated-ness between the gravity and topography. Red lines are predicted spectra for the

best-fitting regional models with minimum RMS misfits, RMSmin. Blue regions correspond to

acceptable flexural models with RMS values less than RMSmin+0.05.
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Figure 7. Similar to Figure 5, but for volcanic regions and rift region Valles Marineris: (al-4)

Alba Patera; (bl-4) Olympus Mons; (ci-4) Arsia Mons; (dl-4) Pavonis Mons; (el-4) Ascraeus

Mons; (fl-4) Elysium Mons; (g1-4) Solis Planum; and (hl-4) Melas Chasma (Valles Marineris).
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10. Appendix A: Calculation of Flexural Admittance and Correlation

We derive the analytical solutions for gravity/topography admittance and correlation for thin-

shell flexure under mass-sheet approximation with the existence of sub-surface loading, based on

the formulation of McGovern et al. [2002, 2004]. The predicted admittance and correlation

spectra depend on four variables: sub-surface/surface loading magnitude, f , (Equation 8), and

phase difference, a, (Equation 9); effective lithospheric thickness, Te; surface load density, p, .

We assume that the sub-surface loading is situated at the base of the crust, with a sub-surface

load density, Ap,=pm - Pc

The observed topography is assumed to be a linear combination of surface and sub-surface

loading:

h,, = h,, +hl,, (Al)

where hl,, and hf,, are the spherical harmonic coefficients of the topography caused by surface

and sub-surface loading, respectively. h,',, equals to the plate deformation caused by sub-surface

loading. The Moho relief is expressed similarly:

WIM = ' b (A2)

where wL and w,, are the spherical harmonic coefficients of the Moho relief caused by the

surface and sub-surface loading, respectively. wL,, equals to the plate deformation caused by the

surface loading alone.

The layer thicknesses of the initial surface and sub-surface loading, hl,,and wl, represent

the thickness of interface density contrast before plate deformation:

h= hl,, - w, (A3)

w,=w, hb (A4)
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The plate deformation, w, and h,, , are caused by surface and sub-surface loading,

respectively:

w,,, =alhm, (A5)

and

b =abhb
WIM h ,,, (A6)

where a = a,(pt,Te) and ab =1 / a, (Pb, Te) are transfer functions in spherical harmonic degree I

obtained by solving thin-shell flexure equation [McGovern et al., 2002]. a,(p,Te) is given by:

a, (p,T) ( ) 3(l+1)-(1-v) , (A7)
p,,, ~ ~ ( -p l )3_2+2 2+[1(1+1)-2]} E2 + 1(1+ 1) -(Q1- V)

12(1- v2) R2RgP.-P

where p is the load density, i.e. p, or Apb, pm = 3,500 kg/M 3 is the mantle density. Parameter

E= 1x1011 Pa is the Young's modulus, V= 0.25 is the Poisson's ratio, R = 3389.5 km is the

average radius of Mars, and g = 3.73 m/s2 is the gravity acceleration at the radius of R (Table

1).

Thus the topography and Moho relief are related to the initial surface and sub-surface

loading:

1 1
h,= h + w, (A8)

a t b
1-a. a -

W,, I h, + I , (A9)
1 - a, a, -1

Using Equation A8, we could express the power of him as:

((h,)2 1 2  (hj)2+ 1 b2 ( M) 2+ 2 h,,w,,,. (A10)
- (1-a) ,, (1-a) ,- (Ia)(-a; )
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We then use the definition of a and f (Equations 8 and 9) to replace the sub-surface

loading terms in the power and cross-power spectra. For simplicity, f here is defined as the

correlation between initial thickness of the sub-surface and surface loads, i.e.,

f = (w,,)2 / (h,,)2 . This definition of f could be easily transformed to that used in the

main text (Equation 9) by multiplying a density ratio Apb /p,.

After using a and f, Equations A8-10 are transformed to:

(h,,2( l +__2 2af )) ,,)2. (All)
rn-- rn (l-a4)2 (c4'-1)2 +(l-aj)(l-a' )_

2 1 f___ 2af2

(w,,,)2f2 + ba )( b) (h,)2, (A12)
-(l-) (a11)2 +_(1- ) - m

, = f2T 1 + 2 2af b )(h,,)2 (A13)

rn--I ,()2 (a -1)2 (1-a)(-a) r--

h ww,= a= 2(h',,)2+ a ( 2 a++a + hw,,,, (A14)
(M - ) (a -1)r (1- a)(a - -

(w)2 ()2 (Wi )2 + 2aa h',,w',, (A14)
(Wr (a) h)2 + b Wb M b IAl5

' ( m-_a (a -)( a)(a -

Inserting Equations A12-13 into Equations A14-15, we derive final expressions:

(l4) + aff 2  (a +af)af

(,)2 + )2 + 2af

I (la)2 (a-1)2 (-a)(a -)

(WI 2 =,(a,))2 +(at) 2 2ajafaf

2(-)2 -2 (1-___) af -) h,,,)2. (A17)
(a-a)2 (a1 -)2 _ ')()(a- -
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Similarly, the other two cross-power spectra h,,,h,,, and h,,w,, could be derived using

Equations A8-9 and A11-13.

Assuming a mass-sheet approximation, the surface and Moho density interfaces are linearly

related to the free-air anomaly g, and the Bouguer gravity anomaly gf,^ at a reference radius of

RbS:

= G[pth,, + (p, - P,)(h,,, - h|,,)]+G7PbWm, ( A18)

gBA = gFAA - Gphm, (A19)

S41rG(l+1) R 1 b 4rG(l+1) R - Hc 1+2where G, ob ( , and G = (21+1) ) are transfer coefficients for

density anomalies at the surface and Moho, respectively. Hc is both the crustal thickness and the

depth of the sub-surface loading.

The final step is to calculate the power spectra of the gravity fields (Equation 5) as well as

the cross-power spectra of the gravity and topography (Equation 2), and then the admittance and

correlation spectra (Equations 1 and 4). The predicted admittance and correlation spectra will be

independent of the power spectrum of topography.
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11. Appendix B: Model Sensitivity to Flexural Parameters

We show RMS misfits on two-parameter projections. The x-axis is the effective lithospheric

thickness, while the y-axis is either surface load density or sub-surface/surface loading

magnitude. White circles indicate the best-fitting solutions, with the corresponding parameters

and RMS misfits are listed by red text. The error bars indicate acceptable ranges. Each panel

shows the trade-off between two parameters, assuming the third parameter equals to its best-

fitting value.

1800

-1400

1000 tI e

1.6

0.8

0

Te (km)

Figure Bl. RMS misfits for two polar regions: (al-2) Planum Boreum; and (bl-2) Planum
Australe.

107



2900

2700

1.6

0.8

0
0 100 200 300 400 0 100 200 300 400

Te (km)

E 2700 Normalized Misfit
CIS

0 0.5

2500

1.6

0.8

0 100 200 30400 100 200 300 400
TO (km)

Figure B2. RMS misfits for six plain regions: (al-2) Vastitas Borealis; (bl-2) Acidalia Planitia;

(c1 -2) Arabia Terra; (dl -2) Noachis Terra; (el -2) Terra Cimmeria; and (fl -2) Terra Sirenum.
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Figure B3. RMS misfits for seven volcanic regions and a rift valley system: (al-2) Alba Patera;
(bl-2) Olympus Mons; (cl-2) Arsia Mons; (dl-2) Pavonis Mons; (el-2) Ascraeus Mons; (fl-2)
Elysium Mons; (gl-2) Solis Planum; and (hl-2) Melas Chasma (Valles Marineris).
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400 0

(al -2) Utopia Planitia; (b 1-2) Isidis Planitia; (cI -

110




